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Preface

................................................................................

AS PART OF THE PRINCETON PRIMERS IN CLIMATE SCI-
ence series, Paleoclimate is a broad introduction to the
subject for a scientifically literate audience, a reference
for information about specific topics in the field, and a
textbook for courses in climate and paleoclimate.

Earth’s climate has undergone dramatic changes since
early in the history of the planet. At one extreme, Earth
was glaciated to the equator, more than once, for inter-
vals that may have lasted millions of years. At another,
climates were so warm that the Canadian Arctic was
heavily forested and large dinosaurs lived on Antarctica.
Four key factors have caused these climate modifications:
changes in atmospheric greenhouse gas concentrations,
changes in the amount of sun’s radiation reflected di-
rectly back to space, changes in the position of the conti-
nents that guide winds and ocean currents, and changes
in the brightness of the sun.

The first task of paleoclimate science is to identify,
from observations of the geological record, the nature of
past climate changes. The effort devoted to this task has
been huge, and paleoclimate scientists have developed
and used a very broad array of methods, some wonder-
fully imaginative. The second task is to use the result-
ing observations to synthesize a coherent, falsifiable
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narrative describing major paleoclimate events. The
third task is to understand the dynamics shaping the
events that are observed and described.

The motivation for these activities is twofold. First,
climate history is a compelling topic that examines a fun-
damental feature of the environment. Second, observa-
tions of climate history help us to understand the range
of possible climate responses to anthropogenic perturba-
tions, and to test models simulating or predicting these
responses.

This book describes the study of paleoclimate. The
first chapter explains the main attributes of climate on
the planet, including controls on global average tem-
perature, patterns of winds and precipitation, and other
first-order features of the environment. The book then
describes seminal events in Earth’s climate history. The
starting point is the “faint young sun” problem: How
could there have been water on Earth’s surface early in
the history of the planet, when the sun shone only about
70% as brightly as today? The next topic is “snowball
Earth,” periods before 600,000,000 years ago when the
planet was glaciated to the equator, perhaps for millions
of years. The subsequent chapter describes a paradigm
that accounts for the regulation of greenhouse gases
and Earth’s temperature over the Phanerozoic Eon, the
last, fossiliferous, 543 Myr (million years) of Earth his-
tory. Then comes the Late Paleozoic ice ages, an interval
from about 360 to 270 Ma (millions of years before pres-
ent) when Earth was periodically glaciated. That event
was followed, from about 250 to 50 Ma, by very warm
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conditions, with forests covering the islands of the Ca-
nadian Arctic, for example. Around 50 Ma, Earth began
cooling, a process that still continues. Superimposed on
this long cooling were global climate cycles, whose mag-
nitude and duration have changed with time. The last ice
age ended 11,700 years ago, and we entered the Holocene,
the interglacial period of the current glacial-interglacial
climate cycle that hosted the development of civilization.
Over the past two centuries, humans have become agents
in the global climate system, most notably by emitting
CO, (carbon dioxide) and other greenhouse gases.
These climate events played out in Earth’s dynamic sur-
face environment. Three attributes of this environment
are particularly important. First, volcanism and other
processes occurring in Earth’s interior continuously re-
lease CO, to the atmosphere. This CO, warms the planet
until it is removed by “weathering,” the chemical reactions
in which CO, is consumed while interacting with the
crystalline rocks of Earth’s surface. Second, the positions
of the drifting continents establish a boundary condition
for the climate system. Third, the evolving biota affect
concentrations of greenhouse gases in the atmosphere,
weathering reactions, and the reflectance of the planet.
Other than water, CO, is by far the most important
greenhouse gas. Its atmospheric concentration is regu-
lated by the balance between release from Earth’s interior
and removal by weathering. “Feedbacks” are interactions
that depend on the state of a system. A positive feedback
occurs when an increase in one property leads another
property to change in a way causing the first property to
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increase further. A negative feedback occurs when arise in
the first property leads the second to change in a way that
lowers the first property, this stabilizing the system. Feed-
backs within the Earth system maintain the habitability of
the planet while still allowing quite significant variations
in the atmospheric CO, concentration and climate.

Continental positions continuously change as sea-
floor spreading moves the continents over the surface of
the planet. Positioning of continents close to the equa-
tor during periods of “snowball Earth” is thought to have
enabled the descent into static, cold climates. Continen-
tal positions have also contributed to the two great pe-
riods of oscillating ice ages, the Late Paleozoic ice ages
(about 360-270 Ma) and the glacial climates of the past
34 Myr. Today, for example, glaciation is abetted by the
presence of a continent centered over South Pole. Ant-
arctica is permanently glaciated, leading to high reflec-
tance of sunlight by the bright surface, and the presence
of very cold waters in the Southern Ocean. There is also
a large temperate and subpolar landmass in the North-
ern Hemisphere, on which ice sheets can grow and decay
with a cycle time of 40-100 Kyr (thousand years).

Biota affect climate by producing and consuming CO,
and other biogenic greenhouse gases that are impor-
tant in Earths heat balance. Plants produce O, and are
the immediate source of that gas in air. They also help
darken Earth’s surface, thereby influencing the amount
of the sun’s heat that is absorbed by the planet rather
than being reflected back to space. Finally, plants enrich
soils in organic matter and hence in metabolic CO, as
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well, thereby facilitating the uptake of CO, by weather-
ing. The biota thus influences background climate and is
also implicated in several of the events of interest to us.

Life began by about 3.9 Ga (3.9 billion years ago);
photosynthesis originated by 2.7 Ga, and the O, concen-
tration of air rose to significant levels at about 2.4 Ga. Its
rise would have led to the demise of greenhouse gases,
possibly explaining Earth’s first snowball event. Large
changes in Earth’s carbon cycle are associated with two
snowball events occurring between 720-610 Ma. Plants
colonized land around 400 Ma. They would have en-
hanced weathering, perhaps contributing to the Late Pa-
leozoic ice ages that soon followed. Interactions between
plants and climate have had an influence on more recent
climate change that is important, if more subtle.

In this book, one chapter is devoted to each of the
seminal climate events listed above. Each chapter de-
scribes the physical evidence for the nature of the event;
presents a picture of the relevant climate cycles, where
appropriate; and discusses hypotheses that have been
advanced to explain the episode. The book aims to be
accessible and concise rather than exhaustive, but sum-
marizes viable competing hypotheses.

Paleoclimate is perhaps the oldest discipline in Earth
science; it began in the nineteenth century, and earlier,
with the debate about whether the surface environment
of temperate areas was shaped by the biblical flood or by
glaciers. By the middle of the twentieth century, many
climate features associated with the recent ice ages had
been identified. Progress accelerated dramatically after

Xi
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the Second World War with the advent of the methods
of nuclear geochemistry, including radiometric dat-
ing and stable isotope geochemistry. Around this time,
ships and tools for sampling seafloor sediments also
advanced, leading to great improvement in our under-
standing of climate change in the oceans. Methods were
also developed for recovering and studying cores drilled
through the Greenland and Antarctic ice sheets. A semi-
nal advancement in our understanding of the ice ages
occurred when Swiss and French scientists learned to
use these samples to characterize the CO, concentration
of the past atmosphere. In the mid-1960s, the plate tec-
tonics revolution led to a coherent understanding of the
physical environment in which major climate changes
occurred. Improvements in characterizing climate by
geochemical and other tools, together with the use of
simple and complex climate models to analyze observa-
tions, have advanced the field. At the same time, there has
been something of a return to the roots of paleoclimate
research, with a growth of interest in fieldwork leading
to spectacular new insights. Finally, the challenges of
understanding past climates, together with the growing
awareness it offers of anthropogenic global change, have
led to the recruitment of distinguished scientists from
other fields who have made major contributions to the
discipline. This constellation of resources and activity
leads to the story in this book.

xii
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1 EARTH’S CLIMATE SYSTEM

................................................................................

EARTH’S CLIMATE SYSTEM INCLUDES ALL THE REALMS
of the planet that interact to produce the seasonal march
of temperature, wind, and precipitation. Most important
are the atmosphere; the oceans, including their linked
chemical and biological processes; and the solid Earth
insofar as it influences CO, concentration in air. Atmo-
spheric processes govern climate over time scales of a
few years or less. The oceans influence climate change
over periods of decades to tens of millennia. Over peri-
ods of a hundred thousand years or more, interactions
between the solid Earth and the surface environment
fix the CO, concentration of air and Earth’s average
temperature.

In this chapter, we discuss the physical and chemical
controls that determine the most important characteris-
tics of Earth’s climate. We start by discussing the decrease
of pressure and temperature with elevation. We proceed
to Earth’s heat budget and the controls on global average
temperature. We then examine the large scale circulation
of Earth’s atmosphere, and discuss how this circulation
dictates prevailing wind directions at the surface and
how it determines what regions of the globe get a lot of
precipitation and what regions are dry. We discuss ocean
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circulation, biological processes in the ocean, and how
these processes combine to change the partial pressure of
CO, in the atmosphere over periods of decades to millen-
nia. We end with a brief description of the geological pro-
cesses that fix the average background CO, concentration
of the atmosphere over hundreds of thousands of years.

ATMOSPHERIC PROPERTIES AND CLIMATE

Pressure and temperature
as a function of altitude

Earth is heated by sunlight predominantly at ground
level, which in turn warms the local lower atmosphere.
Warm air expands and becomes buoyant, leading to ver-
tical mixing. As air rises, it encounters lower pressures
and expands into the void. Atmospheric pressure de-
creases with elevation in a way that reflects hydrostatic
equilibrium in the atmosphere. In this condition, air
is stabilized at a given altitude by the balance between
gravity, which pulls the air mass down toward the sur-
face, and the upward push exerted by the natural ten-
dency of a gas to expand.

At a given elevation, pressure is simply the weight per
unit area of the overlying column of air. This condition is
expressed by the equation:

dp/dz = -gp =M _ /RT, 1)

where p is density, z is height above the surface, g is
gravitational acceleration, M, is the molar mass of air
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(29 gm/mole), R is the ideal gas constant, and T is Kel-
vin temperature. From this equation, one can show that
pressure decreases by a factor of 1/e (0.37) for every ~7-8
km increase in elevation for typical air temperatures.

Temperatures are cold at higher altitudes because of
the decrease of pressure with elevation. Consider a par-
cel of dry air large enough that it is not gaining or losing
heat to the surrounding atmosphere. As this parcel rises,
it encounters lower atmospheric pressure and “pushes
out” into the surrounding air. In so doing, it uses energy,
which leads it to cool. The cooling rate, or “lapse rate,” is
about 10°/km. If the air is wet, water condenses as it rises
and reaches the dew point. Latent heat is released, and
the lapse rate is smaller, typically 4-7°/km. Lower val-
ues correspond to warmer saturated air, with more water
vapor and greater potential to release latent heat.

This decrease with temperature reverses at an altitude
of about 11 km. The reversal is caused by the absorption
of high energy (ultraviolet or UV) light from the sun due
to reactions of the ozone cycle. These reactions are:

0,-20 ®)
0,+ 00, €)
0,-0,+0 (&)
0+0,-20, ®)

Absorption of ultraviolet light by O, (oxygen) and O,
(ozone) has the net effect of warming the surround-
ing air. It is this warming that causes the temperature
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to increase with altitude above about 11 km elevation.
This increase in temperature continues to an elevation
of ~50 km, where pressure is about 1% of the sea level
value. Above 50 km, the temperature again begins to fall
because O, is not abundant enough to allow significant
O, production. There is an additional reversal at about
85 km elevation.

The troposphere is the atmospheric layer from the
surface to the first temperature minimum, and the sur-
face of minimum temperature is the tropopause. The
stratosphere is the overlying layer of air from about 11 to
50 km elevation. These are the two lowest layers of the
atmosphere.

Solar heating and radiative equilibrium

At the top of the atmosphere, the cross sectional area of
Earth receives heat from the sun at the rate of 1368 watts
m™. Spread over Earth’s entire daytime and nighttime
spherical surface, the average heating is 4 times lower, at
342 Wm™. Some of this heat is reflected back to space.
The remainder is redistributed in various ways between
the land surface, ocean, and atmosphere. However, it
is lost only by radiation of photons or electromagnetic
radiation to space. The loss is described by the Stefan-
Boltzmann equation:

Rate of energy loss = o T%, (6)

where T is Kelvin temperature and o is the Stefan-
Boltzmann constant, 5.67 X 10 w m=2 K.
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Earth’s average surface temperature changes only very
slowly with time, so that heat must be lost at nearly the
same rate at which it is received. Equation (6) can then
be rearranged to solve for temperature. The tempera-
ture calculated for a heat flux of 342 W m™ is 6°C, not
too different from Earth’s preindustrial average surface
temperature of about 15°C. Unfortunately, there are two
serious omissions in this calculation. The first becomes
apparent by examining figure 1.1: much of the light reach-
ing the Earth is simply reflected back to space, without
ever warming the surface and contributing to Earth’s
heat budget. Sunlight is reflected by all surfaces, but the
brightest (most reflective) are clouds, snow and ice, and
deserts. Earth’s global reflectance, or albedo, is 0.31. Cor-
recting for albedo, a value of —19°C is calculated, which
is ~36°C too low for Earth’s surface temperature. What's
wrong?

Actually, nothing. A value of —19°C is Earth’s radia-
tive equilibrium temperature, but it is not achieved at
the surface. The reason for this is the greenhouse effect,
which is illustrated in figure 1.2. The top panel (a) shows
the energy density of solar and Earth radiation as a func-
tion of wavelength. Wavelength increases to the right;
frequency, and energy of electromagnetic radiation,
increase to the left. Because the surface of the sun is so
hot (~6000 K), most solar energy is radiated in the vis-
ible region of the electromagnetic spectrum. Radiation
from the cool Earth, on the other hand, is in the lon-
ger wavelength, lower energy infrared region. Panels (b)
and (c) show the fate of radiation as it passes through the
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Fig. 1.1. Earth viewed from Apollo 17 in space. Landmasses from
bottom: Antarctica (ice-covered), and Africa, with Madagascar to
the east, and the Saudi Peninsula to the northeast. The Southern
Ocean separates Antarctica from South Africa, the Atlantic is to the
west of Africa, and the Indian to the east. Ice-covered Antarctica
and clouds are the most reflective surfaces; the North African desert
and Saudi Peninsula are next. The forests of tropical Africa are even
less reflective, and the ocean is the least reflective realm. This image
illustrates that much incoming sunlight (31% globally) is reflected
back to space.
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atmosphere. In these panels, white means that radiation
is transmitted, and gray indicates that it is absorbed by
interactions with molecules of the gases in air. Absorbed
radiation is used to kick electrons into higher energy lev-
els, and to increase vibrational and rotational frequencies
of molecules. Panel (b) shows the absorption of radia-
tion as a function of wavelength between the surface and
the top of the atmosphere. Most solar radiation passes
through the atmosphere “intact”; it is this property that
allows us to view the sun, Moon, and stars. Most Earth
radiation, on the other hand, is absorbed as it passes
through the atmosphere. Absorption warms the air and
leads to reradiation of the absorbed energy. Some of this
reradiated energy is transmitted downward toward the
surface, where it delivers an extra serving of heat. Thus,
the surface is warmer than it would be if absorbing (or
greenhouse) gases were absent from the atmosphere.
Panel (c) shows the fraction of radiation absorbed be-
tween 11 km and the top of the atmosphere. In this inter-
val, almost all outgoing Earth radiation is transmitted,
and there is no longer much warming of the atmosphere
due to absorption of outgoing infrared radiation.
Ideally, there would be some level in the atmosphere
below which infrared radiation is largely absorbed, and
above which it is mostly transmitted. It is at this hypo-
thetical level that Earth attains its radiative equilibrium
temperature of —19°C. This level is at about 5 km eleva-
tion. The average lapse rate in the troposphere is about
6.5°C/km, so that temperature rises by 33° from the
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radiative equilibrium level to sea level. The calculated av-
erage sea level temperature is 14°C, close to the observed
global average. The concept of a single level where the in-
frared radiation ceases is greatly simplified, but the idea
is correct.

Panel (d) illustrates the absorption of radiation by dif-
ferent gases between the surface and the top of the at-
mosphere. In the ultraviolet, all absorption is due to 0,
and 0,, illuminating the role of ozone as the UV shield.
In the infrared (IR), most absorption of radiation is due
to water. Of the other so-called greenhouse gases, CO,
is by far the most important absorber, followed by CH,
(methane) and N,O (nitrous oxide). Ozone also absorbs
in the IR, and there is thus a small contribution to the
greenhouse effect both from tropospheric and strato-
spheric ozone.

Fig. 1.2. (a) Energy density of radiation given off by black bodies at
6000 K (representing the sun) and 255 K (representing Earth) as a
function of wavelength in micrometers. (b) Percentage of radiation
absorbed while passing between the top of the atmosphere and the
surface of the Earth. Most solar energy is transmitted, while most
outgoing Earth radiation is absorbed. (c) Percentage of radiation
absorbed between the top of the atmosphere and 11 km elevation.
Most solar and Earth radiation is transmitted by the thin (and dry)
atmosphere in this region. (d) Contributions of the different gases to
absorption of radiation between the top of the atmosphere and the
surface of the planet. Water is the most important greenhouse gas,
followed by CO,. From Peixoto and Oort 1992.
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ATMOSPHERIC CIRCULATION

Sunlight warms Earth’s surface, which in turn warms the
atmosphere. Under these conditions, one might expect a
meridional (latitudinal) circulation system, with warm
air rising at the equator, and cool air sinking at the poles.
There would be poleward flow aloft, and equatorward
flow at the surface. In fact there are convection cells in
the atmosphere, but they are not quite this grand. In the
“Hadley cell,” air rising at the equator flows to a latitude
of about 30° sinks to ground level, and flows back to-
ward the equator. In the “Polar cell,” air rises at about
60° latitude, flows toward higher latitudes, sinks at the
poles, and again closes the loop by equatorward flow at
the surface.

Because of an effect known as the Coriolis force, winds
are westerly (from the west) in the upper, poleward flow-
ing air of the Hadley cell. The air flowing poleward must,
in the absence of friction, conserve its angular momen-
tum (mass X velocity X radius). Air at the equator is
moving toward the east at about the same rate that the
surface is spinning on its axis. As this equatorial air rises
and moves poleward, its eastward velocity increases in
an absolute reference frame because the radius of the
Earth is decreasing. With respect to the underlying
ground, its velocity is increasing even faster, because the
eastward velocity of the ground becomes smaller as the
air moves to higher latitudes. From our perspective, with
a reference frame rotating along with the Earth, an air
mass traveling toward the pole will accelerate toward the
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east. The Coriolis force is the virtual force producing this
acceleration.

Think about air at the equator in relation to the
ground. In an absolute frame of reference, it is moving to
the east at a velocity of 1671 km/hr, due to rotation of the
solid Earth. In the absence of friction and turbulence,
this air would be flowing to the east 484 km/hr faster
than the ground when it reaches a latitude of 30°. In
practice, there is such a feature in the upper troposphere:
the jet stream, which flows eastward but at a lower veloc-
ity of 150-200 km/hr. Wind speeds must be low near the
surface due to friction, and even above the surface, fric-
tion and other influences make wind speeds lower than
those calculated when only considering conservation of
angular momentum.

High velocities aloft, coupled with the decrease in
temperatures between the Hadley cell and the Polar cell
(at latitudes of roughly 30-60°), lead to a very different
atmospheric circulation in these middle latitudes. Here,
the circulation is much more chaotic, dominated by
cyclones—large air masses rotating counterclockwise in
the Northern Hemisphere and clockwise in the South-
ern Hemisphere. Cyclones travel to the east, leading to
transitional regions known as fronts and the variable
weather so characteristic of the midlatitudes. Along with
the movement of cyclones, there are flows of warm air
masses toward the poles and cool air masses toward the
equator. These flows lead to the transport of heat from
the tropics toward the poles, and attenuate the meridi-
onal temperature gradient. For dynamic reasons, there
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tends to be net sinking of air at the southern boundary
of the midlatitude zone (around 30°) and rising air at the
northern end (60°).

With this background it becomes fairly straightfor-
ward to understand the distribution of surface winds.
In the region of the Hadley cell (0-30°), air rises at the
equator. Aloft, it flows toward the pole and to the east.
At ground level, there is a return flow. Winds turn to-
ward the right (west) as they pass from a region where
the surface is turning more slowly to a region where it
is turning faster (the equator). The tropics are therefore
regions of easterly winds (from the east) known as the
trade winds. Between 30 and 60° latitude, there is a net
westerly flow, upon which are superimposed the airflows
associated with rotating cyclones. Hence, surface winds
in this region are variable, despite the mean flow to the
east. North of 60°, circulation of the polar cell is simi-
lar to that of the Hadley cell: air rises at the low-latitude
boundary, flows toward the east aloft, sinks at the poles,
and the surface return flow is again easterly.

This dynamic picture also explains the distribution of
precipitation. Air rises at the equator and at 60° (on av-
erage), then sinks at around 30° and at the poles. When
air rises, there are two changes that influence the degree
of saturation of water vapor, and hence the amount of
precipitation. First, rising air expands, decreasing the
concentration of water vapor relative to the saturation
concentration at which liquid will form. Second, rising
air cools, lowering the equilibrium water vapor concen-
tration. It turns out that the effects of cooling exceed
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those of expansion, and the degree of saturation of water
vapor increases as air rises. Consequently, there is a belt
of heavy precipitation along the equator. Sinking leads
to the opposite effect: air warms, and its ability to hold
moisture rises. This effect leads to the areas of low pre-
cipitation in the Northern Hemisphere around 30° N, ac-
counting for the deserts of North Africa and the western
United States, and dry climates elsewhere in the subtrop-
ics. In midlatitudes, fronts lead to rising air masses and
abundant precipitation. Precipitation is low at very high
latitudes because cold air can hold very little moisture.
Superimposed on these global patterns are important
local features. Perhaps the most important are tempera-
ture and precipitation gradients over land produced by
interactions between land and the nearby sea. Heat re-
ceived by land is absorbed at the very surface and trans-
mitted to depth by conduction, which operates very
slowly and induces seasonal temperature cycles to depths
of only a few meters. Heat received at the sea surface pen-
etrates more deeply and is mixed rapidly to depths of tens
to hundreds of meters. In other words, the land surface
shares its heat to only a meter or so depth, while the ocean
surface shares its heat to 100 m or more. Consequently,
seasonal heating and cooling of land is much greater than
that of the oceans. This feature manifests itself dramati-
cally in two ways. First, in temperate and subpolar con-
tinental areas, seasonality is much stronger in the east
than in the west. For example, Baltimore is only 2° fur-
ther north than San Francisco, but its annual temperature
cycle is four times larger (25°C range of monthly average
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temperatures compared with 6°). These zonal gradients
are a sign of the prevailing westerly airflow in the middle
latitudes. Air in San Francisco originates from the Pacific
Ocean, and reflects its attenuated seasonal temperature
cycle. On the other hand, air in Baltimore has crossed the
continent and has acquired the large seasonal tempera-
ture fluctuations in the center of North America.

Another important local feature is the intense sum-
mertime heating of air over land. This makes air buoyant,
causes it to rise, and draws in more wet air originating
over the oceans. As air rises, it of course cools. Water
condenses and falls as rain. This phenomenon gives rise
to the monsoons, which involve intense summertime
precipitation over large continental areas with meteoro-
logical links to the oceans.

THE OCEANS

Ocean circulation

The same laws of fluid flow govern the circulation of
the oceans and the atmosphere. However, ocean circu-
lation is very different from atmospheric circulation for
two reasons. First, the oceans are heated from the top
rather than from the bottom. Second, seawater is more
dense than air; thus, ocean currents are much slower
than winds. Like the atmosphere, the ocean is dynamic,
although it mixes on far longer timescales (about one
millennium vs. one year). Three factors cause the oceans
to move or mix. First, waters that are more dense than
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their surroundings will sink, and more buoyant waters
will rise. Second, winds transfer momentum to the sea
surface, inducing lateral flow and in some cases vertical
motions. Third, ocean tides and currents induce verti-
cal mixing of waters in the ocean interior, especially over
mountainous areas of the seafloor.

The deeper waters of the oceans originate as the dens-
est waters at the ocean surface. The density of surface wa-
ters depends on both temperature and salinity. Surface
waters of the oceans are heated in the low latitudes. In
the high latitudes, they are cooled by interactions with
the atmosphere during much of the year. Therefore,
higher latitude waters are colder, as most of us have ex-
perienced, which increases their density. Surface waters
are also subject to evaporation and precipitation. Evapo-
ration removes water without removing salt, increasing
salinity—and density. Precipitation has the opposite ef-
fect. Precipitation exceeds evaporation along the equa-
tor, and evaporation is more rapid in the subtropics (as
on land, where the tropics are filled with rainforest, and
the subtropics host the world’s great deserts). Conse-
quently, the salinity of seawater tends to be low on the
equator, high in the subtropics (about 30° latitude), and
lower toward the poles. Since salty water is denser than
fresh, salinity variations raise the density of water in the
subtropics and decrease it at low and high latitudes. Over
the ambient range of surface ocean conditions, density
changes due to temperature are roughly twice those due
to salinity. Hence temperature wins the competition to
influence density; the densest waters are found in the
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high latitudes, and it is here that waters sink to fill the
deep oceans. Even in high latitudes, however, salinity has
some impact. North Atlantic salinities are the highest of
the polar regions, Southern Ocean salinities are lower,
and North Pacific salinities are the lowest. It turns out
that North Pacific densities are too low to allow deep
water formation in this region. Consequently, it is the
North Atlantic and Southern Ocean where waters form
that fill the ocean basins below about 1000 m depth. For
reference, the average deep ocean depth is ~3800 m.

Winds impart momentum to the sea surface, lead-
ing to the flow of water. The consequences are, however,
somewhat surprising, because Earth’s rotation leads
flows to bend to the right in the Northern Hemisphere
and to the left in the Southern Hemisphere. Winds blow
from the east in the tropics and from the west at midlati-
tudes. These winds cause waters to flow to the north in
the tropics and to the south in the midlatitudes. Waters
thus “dome” in the center of the ocean basins, exerting
a pressure gradient leading to a circular, or “gyre” flow.
These waters circulate in a counterclockwise direction in
the Northern Hemisphere and clockwise in the Southern
Hemisphere.

Winds also join with density flow and interior mixing
(or turbulence) to drive the exchange of waters between
the surface and the abyss. Westerly winds blowing over
the Southern Ocean drive the eastward-flowing Antarc-
tic Circumpolar Current, which circles the continent.
These also drive a flow to the left (north) in roughly the
northern half of the Southern Ocean. This northward
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flow leads to a water deficit in the center of the basin,
which induces the upwelling of waters from the deep
ocean. Upwelling in turn activates the formation of
new deep waters in the North Atlantic and the South-
ern Ocean. Also contributing to deep water formation
is turbulent vertical mixing driven by tides and currents
flowing over rough bottom topography. In this process,
heat is mixed from shallow depths into the deep ocean.
The warmed, buoyant, and deep waters flow toward the
surface, causing more deep waters to form.

Superimposed on the large-scale, annual mean flows
are seasonal cycles associated with warming or cool-
ing of surface waters. These seasonal cycles are intense
in the upper 50 m or so, and have a significant imprint
to depths of 100 m, and much more in polar regions. In
summer, there is a thin mixed layer at the surface, typi-
cally 20-50 m deep, with waters below cooling progres-
sively to annual average values. In wintertime, surface
waters are cooler and denser. They thus mix readily with
deeper waters. Vertical mixing, and the transfer of waters
from the surface to the ocean interior, are thus predomi-
nately a wintertime process.

The conflation of mixing processes leaves the oceans
with three great realms. There is a warm surface layer
extending from about 45° N to 45° S, and from the sur-
face to about 100 m depth. There is a cold water realm
(temperature <4°C), extending from the Arctic to Ant-
arctica, and up from the seafloor. The cold water realm
includes the surface ocean at latitudes poleward of about
60°. From there to the midlatitudes, its upper boundary
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progressively deepens to about 1000 m depth, which is
typical for the region between 45° N and S. Finally, there
is an intermediate realm, which shows a high seasonality
at the surface, from ~45° to 60°. As in the polar realm,
subsurface waters form at the surface during wintertime,
and progressively cooler waters form at progressively
higher latitudes. Wintertime surface waters sink to mod-
erate depths to fill the “main thermocline” lying within
this intermediate realm and extending from ~200 to
1000 m depth, and from about 60° N to 60° S.

Ocean Biogeochemistry

The interaction between ocean chemistry and biology
reflects five generalizations or facts about the ocean.
First, all photosynthesis takes place in the sunlit upper
layer of the oceans, which is ~100 m deep. Second, al-
most all metabolism in the oceans is by prokaryotes and
single celled eukaryotes. Third, most organic matter is
heavier than water and tends to sink. Fourth, almost all
organic matter is eventually respired or remineralized
(metabolized back to inorganic constituents) rather than
preserved in deep-sea sediments. Finally, ocean currents
transport dissolved chemicals in the direction of flow,
while turbulence mixes waters with higher and lower
concentrations and attenuates concentration gradients.
These generalizations explain the basic cycles of bio-
logically active chemicals and their distributions in the
oceans. In the upper ocean, single-celled plants (phyto-
plankton) assimilate carbon, nitrogen, phosphorus, trace
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metals, and other elements to make tissue. Most of this
tissue is rapidly remineralized (transformed to inorganic
chemicals by respiration), with the consumption of O,
and the release of dissolved inorganic carbon, nutrients,
and metals. A fraction survives to sink toward the sea-
floor, and this component is mostly remineralized as it
sinks. The process depletes shallow waters in biologically
active elements, and enriches subsurface waters. If the
oceans were stagnant, nutrients would be completely
drained from the sunlit zone and life in the surface
would cease. However, upwelling and turbulent mixing
return nutrients to the surface, where they are again as-
similated by organisms.

The most interesting elements in this process are those
in shortest supply relative to the biological demand. These
elements, especially nitrogen (N), phosphorous (P), silica
(Si), and iron (Fe), are almost completely removed from
the sunlit zone over much of the oceans. The exception
is in areas where subsurface waters are rapidly upwell-
ing back to the surface. The most important site for this
process is in the Southern Ocean, and also in the tropics,
though to a much lesser extent. There is a plentiful and
steady supply of nutrients in subpolar regions where deep
waters mix to the surface during wintertime. In the sub-
tropics, slow diffusion through the thermocline maintains
a moderate supply of nutrients to the sunlit waters.

These three sequential processes—assimilation of bio-
logically active elements, sinking of surface waters, and
remineralization in the dark ocean—determine the dis-
tribution of biologically active elements in the sea. These
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elements are depleted in surface waters but enriched in
deep waters. Remineralization continues along the route
of deep water flow, and waters become progressively
more enriched in nutrients as they flow from the deep
Atlantic to the deep Pacific.

Dissolved inorganic carbon (DIC, the sum of Co,,
HCO; [bicarbonate ion], and CO?™ [carbonate ion]) in
the oceans is obviously utilized by biological activity,
but it is never depleted by more that about 10%. There
simply is not enough N and P in seawater to support
more carbon uptake. Nevertheless, this degree of nutri-
ent utilization has important consequences for atmo-
spheric CO,. Of the ~40,000 Gt (gigatons) of carbon
in “mobile reservoirs” on Earth’s surface, about 1.5%
is in the atmosphere as Co,, about 3% is in the land
biosphere and soils, and the lion’s share is dissolved in
the oceans as DIC. The concentration of DIC in sea-
water, and the pH (or a related property), determine the
partial pressure of CO, in surface seawater. Since the
amount of DIC in the oceans is so much greater than
the atmospheric CO, inventory, the partial pressure of
CO, in surface seawater sets the concentration of CO,
in the atmosphere.

The interplay of three processes can cause changes
in the partial pressure of CO, (pCO,) at the sea surface,
and in air, over timescales of 10>-10* years. The first pro-
cess is biological utilization of DIC, which lowers pCO.,.
The second is production of skeletal calcium carbonate
(CaCO,), which raises pCO, by converting 2 HCO; ions
into 1 CO;” ion and one CO, molecule. The third is the
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riverine input of HCO; and the burial of skeletal CaCO,
in deep-sea sediments. These processes play the funda-
mental role in glacial-interglacial CO, variations.

Over longer timescales other processes dominate, as
discussed next.

REGULATION OF ATMOSPHERIC CO,
AND EARTH'S TEMPERATURE OVER
MILLIONS OF YEARS

There is a fairly simple hypothesis for the regulation of
Earth’s average temperature. It invokes our understand-
ing that volcanism, and other degassing processes asso-
ciated with Earth’s hot interior, steadily add CO, to the
atmosphere. At the same time, weathering removes CO,
to balance this input. Weathering is the attack of car-
bonic acid on rock-forming minerals of the solid Earth.
In this process, rock-forming minerals are degraded to
clay minerals, which are depleted in SiO, (silica dioxide)
and cations, and CO, is converted to HCOj. The dis-
solved products go into groundwater and eventually to
the ocean. An example is the weathering of potassium
feldspar to kaolinite:

4KAISi,O, + 4 CO, + 6 H,0 - ALSi,0, (OH),

4774710 (6)
+ 4K + 4HCO; + 8Si0,

If Earth’s climate is stable, CO, input to the atmosphere
by volcanism must be nearly in balance with CO, re-
moval by weathering. A simple feedback maintains
this balance. If CO, input is faster than consumption
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by weathering, the CO, concentration of air rises, and
temperature warms. Under these conditions, weathering
will accelerate, mainly because chemical reactions speed
up as temperature rises. If volcanic input slows, CO, will
fall, temperatures will cool, weathering will slow, and
CO, input and output will once again come into balance.

Weathering is very slow below the freezing point, and
chemical reactions typically double in rate for a 10° C rise
in temperature. Therefore it is possible to compensate for
relatively large changes in CO, outgassing with relatively
modest changes of temperatures.

This idea was originally developed by Walker et al.
(1981), formalized into a mathematical model by Berner
et al. (1983), and modified and refined by Berner and
colleagues in subsequent papers (Berner 2006; Berner
and Kothavala 2001). Berner’s recent models attempting
to explain atmospheric CO, changes invoke many other
important processes influencing the atmospheric CO,
balance. Mathematical descriptions of the carbon cycle
focus on the past 543 Myr (the Phanerozoic), and we will
discuss this work further below.

IMPLICATIONS FOR PALEOCLIMATE

The discussion in this chapter illustrates that there are
three reasons that Earth’s average temperature might
vary. First, the sun could have been shining more or less
brightly in the past. Second, the concentration of green-
house gases could have been higher or lower. Third, Earth’s
albedo may have changed. The study of paleoclimate
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involves characterizing Earth’s climate in former times,
and identifying properties that allow us to distinguish
between these three possibilities in order to explain the
dynamics of major climate changes of the past.
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2 THE FAINT YOUNG SUN

................................................................................

EARLY IN EARTH’S HISTORY, THE SUN’S ENERGY OUT-
put was about 30% less than at present. Temperature
scales with energy flux to the one-quarter power. Early
Earth temperature would thus have been lower than at
present by about 8.5%, falling to 264 K (—9°C) if the
greenhouse effect raises Kelvin temperature by a con-
stant fraction. Under this condition, Earth would have
been frozen over. However, there is plenty of evidence
for liquid water on the surface of ancient Earth. The
solution to this conundrum appears straightforward:
atmospheric CO, simply rose to some high level at
which Earth’s temperature was similar to today’s. At
that point, weathering would have balanced the vol-
canic CO, input, as discussed at the end of chapter 1.
However, this explanation is problematic, because the
chemical composition of ancient sediments and soils
was apparently incompatible with such high CO, levels.
The alternatives are that ancient Earth had an enhanced
greenhouse effect from either clouds or elevated con-
centrations of other greenhouse gases, or that the plan-
et’s albedo was much lower early in its history. Feulner
(2012) recently reviewed this problem.
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THE FAINT YOUNG SUN PROBLEM

The solar system accreted by the gravitational collapse
of a mass of dust and gas in our region of space. The
oldest minerals on Earth, found in meteorites, go back
to 4.567 Ga (billions of years before present). Accretion
of Earth took 50-100 Myr (million years). By about 4.52
Ga, Earth had grown to approximately 80% of its pres-
ent mass, its core was largely intact, it had partly dif-
ferentiated into a chemically distinct mantle and crust
(Boyet and Carlson 2005), and a giant impact had re-
cently lead to the formation of the Moon (Canup 2004).
There is evidence from lunar and Martian meteorites
and micrometeorites that Earth was heavily bombarded
by large bodies until about 3.9 Ga.

The earliest evidence of water comes from studies of
zircons in Australian granites dating to about 3.8 Ga.
These rocks contain relict grains of the minerals zircon
(ZrSiO,) dating back as far as 4.3 Ga. In some of the zircon
crystals, the ratio of the heavy to the light stable isotope
of oxygen, *O/"°O, indicates that these minerals incorpo-
rated water present at the Earth’s surface (Mojzsis et al.
2001; Trail et al. 2007). By 3.8 Ga, photosynthesis left its
signature in the isotopic composition of sedimentary or-
ganic carbon (Nisbet and Nisbet 2008), again pointing to
the presence of liquid water on the planet. Finally, by 3.5
Ga, rocks originating as sediments had formed, and are
found in many places. The oldest known glacial deposits
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date to about 2.5 Ga (chapter 3). It thus appears that a
climate similar to today’s, or warmer, was common even
when Earth was young.

This situation is surprising because the sun shone less
brightly earlier in its history. At the time it first accreted,
the sun was composed of about 75% H (hydrogen) and
25% He (helium), with trace amounts of other elements.
It contracted and heated to the point where, in its core,
4 atoms of H fused together in a series of reactions to
form one atom of He. The mass of He is smaller than the
mass of 4 H atoms. The lost mass is converted to ther-
mal energy, and is the ultimate source of heat or light
given oft by the sun. As the sun ages and the “burning”
of hydrogen progresses, the H content of the sun’s core
diminishes. The core responds by contracting, leading
to heating. Thus, paradoxically, fusion accelerates as hy-
drogen fuel is depleted. For this reason, solar luminosity
increases with time, at least until all the H in the core is
converted to He (at which point the sun will be about
10 Ga in age).

According to the standard model of the sun, solar
luminosity very early in Earth history was 0.71 times as
bright as today, 80% as bright at 2.8 Ga, and 95% as bright
at the dawn of the Phanerozoic (543 Ma) (Gough 1981).

KEEPING EARTH WARM DESPITE
A DARKER SUN

The question thus arises as to how there could have been
liquid water on the planet early in Earth history. A simple



THE FAINT YOUNG SUN

answer is provided by the schematic view of global tem-
perature and CO, regulation presented in chapter I;
CO, will accumulate in air from volcanic emissions and
other processes involving outgassing until temperature
warms enough for weathering to balance the input. This
idea seems to fail, however, because of two indications
that the atmospheric CO, concentration was too low to
sufficiently warm the planet (Rye et al. 1995). First, the
absence of siderite (FeCO,) indicates that the CO, level
was not high enough for this mineral to form (Rosing et
al. 2010; Rye et al. 1995). Second, an analysis of the mass
balance of soils leads to the same conclusion (Sheldon
2006); weathering was much less intense than would be
expected if CO, alone were responsible for warming.
Apparently some other process must have helped warm
the planet, although we need to be mindful that there
are large uncertainties associated with both of these ap-
proaches to constraining ancient concentrations of at-
mospheric CO.,.

Methane is a greenhouse gas that today is produced
biologically and destroyed mainly when oxidized by O..
For three reasons, it is an attractive candidate for an en-
hanced early Earth greenhouse effect. First, it is thought
that the O, concentration of air was very low for most of
the Precambrian. In the absence of O,, organisms turn to
methanogenesis for metabolic energy. In methanogene-
sis, organisms produce methane by decomposing organic
matter to CH, and CO,. Second, earlier in its history, the
planet would have been more tectonically active, and
CH, would have been released more rapidly from Earth's



CHAPTER 2

interior. Third, today atmospheric CH, is destroyed by
O, after about a decade. In the absence of O,, the resi-
dence time would be much longer, and atmospheric CH,
would build up to a much higher concentration. Then
there is a bonus: when methane concentrations are suf-
ficiently high, the photolysis of this gas in air leads to
the formation of significant amounts of C,H, (ethane),
which is itself a powerful greenhouse gas (Haqq-Misra
et al. 2008).

Figure 2.1 explains how global temperature can
change as a function of CO, concentration with selected
levels of atmospheric CH, (augmented by ethane, C.H.).
According to this diagram, for example, if the CH, con-
centration is 10~ atmospheres (~10° times higher than
the preindustrial value), global temperature would be
about 276 K (3°C) when CO, =10~ atmospheres (nearly
4 times the preindustrial value). This figure illustrates
three constraints on possible solutions for an ice-free
planet. First, the absence of siderite (FeCO,) puts an
upper limit on the atmospheric CO, concentration. Be-
cause of chemical equilibrium, this limit increases with
Earth’s surface temperature (Rye et al. 1995). So the CO,
concentration must lie to the left of the “siderite” line in
figure 2.1. Sheldon (2006) has argued, based on the in-
tensity of weathering in paleosols (ancient soils), that the
correct upper limit for pCO, would be somewhat lower,
that is, 23 times present. Second, since the planet was
unglaciated, Earth’s average temperature must have been
greater than 273 K, and probably higher than today’s
average global temperature of 289 K. Third, the CO,
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Fig. 2.1. Limitations to the CO, and CH, greenhouse early in Earth
history (Haqq-Misra et al. 2008). The y-axis is average global tem-
perature, and the x-axis is pCO, in bar or atmosphere (preindustrial
= 280 X 10°°). The plot includes the greenhouse effect from C,H,
(ethane), which forms from photochemical reactions involving CH,
(methane). The solid lines show the variation between temperature
and pCO, for different levels of the atmospheric CH, concentration.
The region where CH,/CO, > 11is forbidden because a reflective
white haze would form, cooling the planet. The region to the right
of the “paleosols” line is forbidden because the sediment and soil
properties indicate CO, never rose above the relevant levels. The re-
gion below the “no liquid water” line is forbidden because, contrary
to observations, the planet would be frozen. The lower part of the
“Allowed” region is improbable because temperatures would still be
low enough to cause extensive glaciation. There is only a very small
area where temperatures are higher than today, a result in conflict
with an ice-free Earth. Therefore, apparently other contributors to
planetary warmth existed, including other greenhouse gases (pos-
sibly OCS), a cirrus cloud greenhouse, or a lower albedo early in
Earth history.
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concentration must be greater than the CH, concentra-
tion. When CH , is greater, its polymerization leads to
the formation of a white haze that reflects sunlight and
actually cools the planet, an effect opposite to the one
required. Given these constraints, CO, and CH, concen-
trations could both have been high enough to contribute
to significant greenhouse warming. However, if we as-
sume that the average temperature of the ice-free Earth
was at least 293 K (20°C), no allowable combination of
CO, and CH, concentrations leads by itself to an ungla-
ciated planet, and we need to look for other sources of
warming as well.

There are three candidates. First, a provocative recent
paper argues for a major role of OCS (carbonyl sulfide) in
the Precambrian greenhouse. Today, this gas is supplied
to air primarily by microbial activity in the oceans, and
is removed by oxidation with a residence time of about
five years. Its budget in the Precambrian is unknown, but
the gas would be more stable in the O,-free atmosphere.
Ueno et al. (2009) concluded that OCS had an abun-
dance of 5-10 parts per million (ppm) in the atmosphere
prior to about 2.5 Ga. Their evidence comes from a dis-
tinctive pattern in the relative abundance of three stable
sulfur isotopes (**S, **S, and **S; box 1) in rocks older than
2.5 Ga. The distinctive pattern of sulfur isotope abun-
dance before 2.5 Ga signifies the penetration of UV light
to Earth’s surface, and hence the absence of O,, prior to
2.5 Ga. The details of the sulfur isotope abundance pat-
terns serve as a fingerprint pointing to OCS concentra-
tions of 5-10 ppm, a level associated with a significant
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Box 1
Stable Isotope Abundance Variations

Most elements have two or more stable isotopes, which dif-
fer from each other in the number of neutrons in the nucleus.
Stable isotopes are denoted by the chemical signal (e.g., O for
oxygen) preceded by a superscript equal to the sum of the
number of neutrons and protons. Thus, for example, *O in-
dicates an oxygen atom whose nucleus has 8 protons and 8
neutrons, while ®O indicates an oxygen atom with 8 protons
and 10 neutrons. Stable isotopes have the same number of pro-
tons and electrons, and hence similar chemistry. In physical
processes, such as evaporation, and also in chemical processes,
such as the hydration of CO;” to make HCO,, isotopes be-
have almost identically; after all, they have the same number
of protons in the nucleus, and are the same element. However,
there are slight differences in their behavior due to the differ-
ences in mass. The consequences are most easily understood
for the physical processes. Thus, for example, H,'°O is lighter
than H,®0, and evaporates faster.

The reason for fractionation of the isotopes during chemi-
cal transformations is a little more complex. Molecules with
heavy atoms vibrate more slowly, are more stable, and form
bonds that are harder to break than molecules with light atoms.
In kinetic processes (such as photosynthesis and respiration),
molecules with light atoms react faster, and reaction products
tend to be enriched in light atoms. In equilibrium processes,
there can be significant isotope fractionations because the
inclusion of heavy atoms favors some compounds more than

others. An important example is the equilibrium of CO;~ with
seawater; the heavy oxygen atom, "0, is enriched in the CO2~
by about 3% relative to its abundance in water. The magnitude
of the enrichment is temperature dependent, giving a clue as
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(Box 1 continued)

to how the oxygen isotope composition of CaCO, is relevant
to paleoclimate (Urey 1947). Variations in the stable isotope
abundance of hydrogen, carbon, nitrogen, oxygen, and sul-
fur give important information about geochemistry, biogeo-
chemistry, and paleoclimate. The application of stable isotope
geochemistry is ubiquitous over a very broad range of earth
science studies.

Because isotopes are, after all, forms of the same element,
the variation in their abundance is small. Variations in isotope
ratios of 1% or so are common; 0.001% may be measurable and
significant. Isotope abundance variations are precisely measured
by comparing the ratio in a sample to that in a reference, using a
mass spectrometer specifically designed for this purpose.

Variations in isotope abundances are reported in the 0
notation, as the difference, in parts per thousand, or per mil,
between the isotope ratio in a sample and in a reference. For
example, there are two carbon isotopes, *C (6 protons and 6
neutrons) and ®C (6 protons and 7 neutrons). The isotope *C
comprises nominally 98.9% of C atoms and *C comprises 1.1%.
The BC/C ratio is expressed as 0°C, where 0®C has units of
%o, called “per mil”

OBC = [(*C/2C) (3C/2C) — 1] X 10° (%o)

sample reference

Hydrogen has two stable isotopes, 'H and *H. For historical
reasons, “H is called deuterium (D). The D/H ratio is about
0.015%. Variations in the D/H abundance are expressed as dD:

oD = [(D/'H) /(D/'H) — 1] X 10° (%o)

sample reference

Nitrogen has two isotopes, N (99.626%) and “N (0.374%).
OPN is:

OBN = [(SN/“N) / (5N/4N) — 1] X 10° (%)

sample reference
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Oxygen has three isotopes: O (99.76%), 7O (0.04%), and
80 (0.2%). 0%0 is:

810 = [(*0/*0),,/ (*0/*0),, . — 1] X 10° (%)

sample

and 070 is expressed analogously.
Finally, sulfur has four stable isotopes: *S (95.0%), S
(0.8%), **S (4.2%), and *S (0.02%). The ratio 0>S is:

0¥ = [(MS/2S),  /(*S/7S)  — 1] X 10° (%o).

sample

Both 6%S and 0°S are defined analogously.

Isotope abundance variations are generally expressed as
the ratio of a minor isotope to the most abundant isotope.
Changes in the relative abundance of stable isotopes are inde-
pendent of the absolute concentrations. Whether a sample has
an ®O/*O ratio of 1 or 1/500 (the approximate ratio in nature),
H,*O will always evaporate about 7%o faster than H,*0, and at
room temperature the *0/*O ratio of CO;~ will still be 30%o
higher than the ratio in water.

REFERENCE

Urey, H. C. (1947), The thermodynamic properties of isoto-
pic substances, Journal of the Chemical Society, 562-581.
doi: 10.1039/JR9470000562.

greenhouse. The disappearance of the distinctive sulfur
isotope pattern at about 2.5 Ga then signals the appear-
ance of O, in air at significant levels.

The second possibility for an enhanced greenhouse
comes from cirrus clouds in the tropics. Cirrus clouds
are thin and “wispy.” Like all clouds they both cool and
warm the Earth; their reflectivity is important in the
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planetary albedo, while their absorption of outgoing
long-wave radiation leads to a significant greenhouse
effect. For most types of clouds, cooling due to albedo
exceeds warming due to the greenhouse effect. However,
cirrus clouds are unusual in that their greenhouse effect
may exceed albedo, leading to a net warming. They are
currently common in the tropics, in part because they
form from moisture raised to high altitudes by cumu-
lus towers. Rondanelli and Lindzen (2010) have shown
that increased cirrus clouds in the tropics could warm
the planet by significantly strengthening its greenhouse.
The amount of warming achieved by increasing tropi-
cal cirrus depends on various assumptions; a reasonable
estimate is about 5°C. This level of warming would not
be enough to compensate for the cooler sun, but would
contribute in addition to other influences, or “forcings”
Rosing et al. (2010) proposed a third solution to the
faint young sun problem by suggesting that the planetary
albedo was much lower early in Earth history. They put
forward a number of factors that would lead to this dif-
ference. First, the continental surface area would have
been free of vegetation, with a higher albedo than today.
However, continents may have been smaller early in Earth
history, leading to a net decrease in the continental contri-
bution to the planetary albedo. Second, cloud condensa-
tion nuclei would have been rarer, cloud water droplets
larger, and the cloud albedo correspondingly lower. Cloud
droplets generally condense around salt nuclei originat-
ing largely from biogenic emissions. Most important are
those of eukaryotic algae, which only evolved around 2
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Ga. Fewer cloud condensation nuclei would translate to
larger droplets and lower reflectance, just as coarse sugar
is darker than fine-grained confectioner’s sugar. Rosing
et al. (2010) calculated that the lower albedo could have
warmed the planet by up to 10°C. They postulated that an
early Earth kept above freezing by a CO, level modestly
higher than today (900 ppm vs. a preanthropogenic level
of 280), a far higher CH, concentration (900 compared
with 0.7), and a planetary albedo as low as 0.2, would lead
to global average temperatures of about 5°C.

In summary, high concentrations of CO,, CH,, OCS,
and C H_ (derived from atmospheric reactions of CH,)
could all contribute toward a greenhouse eftect sufficient
to overcome the faint young sun and maintain moder-
ate climates during the Precambrian. The composition of
soils suggests that CO, was not elevated sufficiently to ex-
plain, by itself, global temperatures above freezing. There
are reasons to believe that the CH, concentrations were
dramatically elevated, though no physical evidence has
yet been found for this. There are also reasons to believe
that OCS concentrations were far higher than today; re-
markably, the isotopic composition of sedimentary sul-
fate minerals argues for OCS concentrations elevated to
the point where this gas made a significant contribution
to greenhouse warming. Increased cirrus cloud in the
tropics, and a lower planetary albedo resulting from a
smaller continental area and fewer cloud condensation
nuclei, could have combined with elevated greenhouse
gas levels to maintain a large liquid ocean, rather than a
frozen planet.
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3 PRECAMBRIAN
GLACIATIONS

................................................................................

As INDICATED IN THE PREVIOUS CHAPTER, IT SEEMS
that ice sheets were absent during most of Precambrian
time. The Precambrian is characterized by abundant
sediments that formed in a marine environment. Lime-
stones, for example, that today are most common in
low latitudes, are abundant in Precambrian sequences.
Nevertheless, there is evidence for glaciation at several
times during the Precambrian, including four spectacu-
lar events in which the extent of glaciers was far greater
than in more recent times. The earliest known glaciation
is dated to 2.9 Ga, recorded in sediments from the Mo-
zaan Group of the Pongola Supergroup in eastern South
Africa. Evidence includes the presence of diamictites.
These are deposits of rock and dirt that appear to be of
glacial origin; they include a wide range of rock types,
angular rocks (not rounded in streambeds), and a large
range of particle sizes. Some rocks have grooves that
were apparently carved by stones dragged along the base
of the glacier. There are also dropstones, rocks within
layered sediments that were released by melting icebergs.

Evidence exists for two modes of Precambrian gla-
ciation after 2.9 Ga. The first is cycles of sediment types,
or “facies,” that characteristically form under waters of
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specific depths. The sequence of facies thus may reflect
a changing sea level, which would itself record growth
of ice sheets (falling sea level) or their decay (rising sea
level). Grotzinger (1986), for example, found sections in
the Rocknest Formation of northwestern Canada with
many such changes, and concluded that they reflected
repeating glacial cycles. Interpreting cyclic sediments as
sea level changes is, however, controversial because the
facies changes may result from the random migration of
beaches, stream channels, and coastal ponds.

The second mode of Precambrian glaciation is quite
extraordinary: there is evidence that, in four different
“snowball” episodes, Earth was glaciated to sea level in
the tropics. These events are dated to 2.4 Ga, 1.9 Ga, 0.7
Ga, and 0.63 Ga. At each time, sediments are present
with properties that reflect a glacial origin. There are also
sedimentary or volcanic rocks present with magnetic
properties suggesting that they formed at low latitudes.
The nature of snowball events is highly controversial, but
there is compelling physical evidence for extensive gla-
ciation unlike anything seen since the beginning of the
Phanerozoic, 543 Myr ago. The snowball glaciations are
thus the focus of this chapter.

EVIDENCE FOR SNOWBALL GLACIATIONS

Some snowball deposits indicating a glacial origin are
similar to those recognized for much more recent times.
They include rocks whose surfaces have been polished
as ice moved over them, rocks with grooves carved by
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stones dragged along the base of the glacier, “diamic-
tites” (unsorted piles of dirt and rock) deposited by gla-
ciers in coastal seawater, “dropstones” in layered marine
sediments that were transported by icebergs, and stream
deposits produced by glacial meltwater. What is excep-
tional about these glacial deposits is the evidence that
they formed at low latitudes. Magnetic evidence for an
equatorial paleolatitude comes from studies of the ori-
entation of magnetic mineral grains, mostly magnetite,
in sediments and volcanic rocks. The orientation of
these grains is controlled by Earth’s geomagnetic field,
and thus is different in the tropics and high latitudes.
The magnetic evidence involves carefully designed tests
showing that the present orientation has been preserved
since the time of deposition. Of particular interest are
“fold tests” applied to sedimentary rocks judged to have
been deposited as flat layers that were then deformed, or
folded, shortly after their deposition. Samples of these
rocks give a large range of paleolatitudes. However, the
paleolatitudes converge to a single value when one cor-
rects for the effects of folding and asks what the paleo-
latitude would be if one “undeformed” the beds so that
the strata were once again flat.

Evidence for global glaciation at 2.4 Ga and 1.9 Ga,
the times of the two earliest events, is sparse At 2.4 Ga,
low-latitude glaciation is recorded in the Transvaal Su-
pergroup, central South Africa (Kirschvink et al. 2000);
a stratigraphic section covering the relevant time period
is shown in figure 3.1. The basal Koegas Formation con-
tains sandstones and carbonates typical of low-latitude



PRECAMBRIAN GLACIATIONS
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Peak of continental

Koegas formation glaciation

2415 +/- 6 myr
Fig. 3.1. Stratigraphy of the Transvaal Supergroup, central South
Africa. From bottom to top: The Koegas is an equatorial limestone
formation; the Makganyene diamictite is a glacial deposit; Ongeluk
volcanics allow dating and the determination of an equatorial paleo-
position (from paleomagnetic studies); the dropstone layer signifies
that glaciers discharged into the oceans and melted; the Hotazel
iron formation and Kalahari MnO, deposits signify the presence of
some O, in air; and the Mooldraai Dolomite records typical tropical
carbonate precipitation. From Kirschvink et al. (2000).

deposits. The overlying Makganyene diamictite contains
glacially polished rocks and striated (stone-cut) surfaces
among other features, reflecting its glacial origin (Evans
etal. 1997). On top of the diamictite are the volcanic rocks
of the Ongeluk Formation with magnetic properties
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indicating a tropical origin. These are overlain by the
Hotazel Iron Formation, which contains dropstones at its
base. There is evidence that other areas were glaciated at
this time, including extensive deposits in the Huronian
Supergroup of Ontario (Bekker and Kaufman 2007).

The King Leopold Sandstone in the Kimberly group,
Western Australia, contains evidence for low-latitude
glaciation at 1.8 Ga. There are pebble-cut striations indi-
cating flow to the west. Then off in this direction, a pebble
and boulder conglomerate is found, together with chan-
nels cut by meltwaters flowing under glaciers, all indi-
cating glaciation. These deposits are overlain by marine
sediments, indicating sea level glaciation. Paleomagnetic
studies, including the fold test, puts the paleolatitude
close to the equator (Schmidt and Williams 2008).

According to Allen and Etienne (2008), there were
five distinct periods of glaciation between 770-630 Ma.
The Sturtian, recently dated to 717 Ma (Macdonald et al.
2010), involved glaciation to sea level at the equator. Of
all the Precambrian glacial events, the Marinoan is the
best studied and most interesting. It is dated to about
635 Ma. Glacial rocks of this age are found on all con-
tinents. Evidence for glaciation includes observations
similar to those discussed above: glacial diamictites and
dropstones associated with marine sediments, striated
rocks, and so on. The latitudinal distribution of these
glacial sediments is known in two ways. The first is from
paleomagnetic studies. The second is from the locations
of the host formations, as inferred from reconstructions
of past positions of continents and their orientation. In
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total there is overwhelming evidence for widespread gla-
ciation extending to sea level at low latitudes (Hoffman
and Li 2009).

The stratigraphic successions including the glaciation
typically have at their base limestones and siliceous sedi-
ments characteristic of tropical latitudes. These are then
overlain by glacial deposits, including diamictites with
striated rocks and dropstones. In the Elatina Formation,
Australia, the glacial strata include tidal “rhythmites” in-
dicative of deposition in a shallow marine environment.
Studies of magnetic properties in rhythmites established
that the glacial deposits span several reversals of Earth’s
magnetic field, which puts their duration at a few million
years. Additional evidence for lengthy glaciation comes
from the iridium content of the glacial deposits. Iridium
in these deposits originates mainly from micrometeor-
ites, whose flux to Earth’s surface is fairly well known.
The time required to supply the iridium accumulation is
on the order of 3-12 Myr (Bodiselitsch et al. 2005). The
glacial deposits are in turn overlain by a “cap dolostone,”
a dolomite deposit that is typically about 10 m thick. The
cap dolostones may be overlain by very thick deposits of
CaCO, (Hoffman and Schrag 2002).

CAUSES OF SNOWBALL GLACIATIONS
AND DEGLACIATIONS

Kirschvink (1992) offered a dramatic and parsimonious
explanation for these observations. Like others, he ar-
gued that if continents were glaciated in the tropics, they
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would have been glaciated everywhere else too. With
continents covered with ice to the tropics, much or all
of the oceans would be frozen over as well, giving rise to
the term “snowball earth” Earth would maintain itself
in this condition, because the high albedo would stabi-
lize the ice cover. Volcanoes would, however, continue to
emit CO, to the oceans and atmosphere. Eventually, CO,
would rise to a level high enough to melt ice in the tropi-
cal ocean. Local melting would lead to a lower albedo,
local warming, more melting, an even lower albedo, and
on and on. In this condition, the feedbacks would all be
positive. That is to say, interactions between different
parts of the climate system would all push in the same
direction. Under these conditions, Earth would rapidly
deglaciate.

A number of observations, mostly summarized by
Hoffman and Schrag (2002), are consistent with this sce-
nario, although not exclusively so. First, there is a large
shift in the isotopic composition of carbon across the gla-
ciation, to a value representative of the bulk Earth (about
—5%0 [where 1%o0 = 0.1%;]; box 1). This is the result one
would expect if a large amount of CO, from Earth’s in-
terior accumulated in the atmosphere. Second, glacial
deposits are overlain by the “cap dolostone,” which con-
tains various structures suggesting that it originated by
rapid accumulation in storm-dominated waters (Hoft-
man and Schrag 2002). Rapid deposition could reflect
a very large flux of CaCO, to the oceans caused by the
rapid dissolution of continental rocks. This flux would
in turn be the consequence of the high atmospheric CO,
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concentrations and very warm temperatures that would
have prevailed with deglaciation. Third, after an absence
from the sedimentary record lasting over one billion
years, banded iron deposits are once again found, now
in association with the snowball deposits. Banded iron
formations are thought to form when the deep ocean is
oxygen free, allowing dissolved Fe** to accumulate, while
O, is produced by photosynthesis in the surface ocean.
These might have been the conditions during snowball
earth; in the deep ocean, respiration could consume
dissolved O,, making Fe** soluble and allowing its deep
water concentration to rise. When deep water then
mixed to the surface, Fe** would be rapidly oxidized, and
precipitate.

Many of these views have been vigorously contested,
but let us consider five points of widespread agreement.
It is generally agreed that (1) glaciation did in fact ex-
tend to sea level in the tropics, (2) glaciation was a global
event, (3) much of the ocean was ice covered, (4) degla-
ciation was rapid, and (5) there were large changes in the
local or global carbon cycles as recorded by carbon iso-
tope stratigraphy.

On the other hand, two critical points remain con-
troversial. One concerns the extent of ice cover. The
Kirschvink-Hoftman view is that the continents and
oceans were completely covered in ice. An alternative
is that there were open-ocean areas in the low latitudes
(“slushball Earth”), a scenario that appears to be possible
dynamically (Micheels and Montenari 2008). Since the
floor of the open ocean is destroyed after about 100 Myr,
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when it is subducted back into Earth’s interior, there is,
alas, no sediment beyond the continental shelf or slope
that might allow us to investigate the extent of ice cover.
This limitation is problematic. The distinction between
snowball and slushball is important because, in the lat-
ter case, the ocean and atmosphere communicate, al-
lowing exchange of O, and CO, among other properties.
The other, related, controversy concerns whether the
Marinoan glaciation was a single, nearly static event, or
whether there were repeated glaciations and an active
hydrologic cycle. Because the surface was ice covered
and very cold, one would expect slow rates of sublima-
tion, little precipitation, and relatively little motion of
the ice sheets. However, a number of authors have inter-
preted sediments from the Marinoan event as recording
dynamic glaciers and repeated glaciations (Leather et al.
2002). Many specific points are also under discussion.

ENTERING INTO SNOWBALL GLACIATIONS

Recognizing that different snowballs may have had dif-
ferent causes, we can now step back and ask why Earth
might have entered a snowball or slushball state in the
first place. Explanations have been proposed that fol-
low from our discussion of the faint young sun: the CO,
concentration dropped to values too low to sustain a
water-covered planet, high concentrations of reduced
greenhouse gases (CH,, C,H,, OCS) were oxidized too
rapidly to allow CO, to rise in response, or the atmo-
sphere somehow acquired a load of reflecting particles
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great enough to cool the planet and initiate glaciation.
Part of the story appears to involve the presence or ab-
sence of O, in the atmosphere, and we digress to briefly
discuss the origin and concentration history of this gas.

Earth is widely understood to have begun as a chemi-
cally reduced body. This view comes from the un-
derstanding that Earth accreted from a solar nebula
dominated by hydrogen, and is supported by the pres-
ence of Earth’s large metallic iron core. The atmosphere
and surface rocks became oxidized through the agency
of photosynthesis. In this process, plants split water into
H, and O, and then use the H, to reduce CO, to organic
matter.

Oxygen (O,) is first a waste product that is not essential
to the basic process of photosynthesis, and may in fact
be harmful. It is not surprising, therefore, that photosyn-
thesis can proceed using sources of H, other than H,O.
The most important alternative is sulfur photosynthesis,
wherein plants split H S (hydrogen sulfide) into H, and
S. There are actually two bacterial groups that carry out
sulfur photosynthesis, the green sulfur bacteria and the
purple sulfur bacteria. By 3.7 Ga, these two groups had
developed different, albeit related, mechanisms (“photo-
systems”) to extract H from H_S. Sometime before 2.5
Ga, cyanobacteria appropriated both photosystems,
combined them, and developed the capability of extract-
ing H from H,0, which is more difficult than extraction
from H_S. The ability to derive H atoms from ubiquitous
water conferred a major advantage, and oxygenic photo-
synthesis eventually came to dominate the biosphere.
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Its by-product, O,, would oxygenate the atmosphere,
oceans, and surficial rocks.

As explained in the previous chapter, oxygenation of
the atmosphere is recorded by the changing pattern of
sulfur isotope abundance in sedimentary compounds.
There is a dramatic change at around 2.5 Ga, which is
widely regarded as heralding levels of atmospheric O,
high enough to form an ozone shield in the stratosphere
(about 10 ppm). Kopp et al. (2005), among others, noted
that the increase in atmospheric O, levels at 2.5 Ga corre-
sponds to a time of snowball glaciation. They speculated
that the appearance of O, in air would have quickly led
to oxidation of reduced gases that may have been largely
responsible for the Precambrian greenhouse (most likely
CH,CH, and OCS). If the oxidative removal occurred
over millions of years, CO, could have increased in re-
sponse. However, more rapid removal would have lead
to glaciation.

By 1.8 Ga, low levels of O, would have long been
present in the atmosphere. We need to look for other
mechanisms to explain the snowball glaciations of the
Neoproterozoic (1 Ga-542 Ma). One hypothesis links
cold climates to the meridional distribution of conti-
nents during the Neoproterozoic. As discussed in detail
in chapter 4, CO, levels in air must rise until tempera-
tures are high enough that consumption by weathering
balances emissions. If continents are concentrated at
low latitudes where temperatures are warmer than aver-
age, the equilibrium CO, concentration and global tem-
perature would be much lower than if continents were
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concentrated at high latitudes (Schrag et al. 2002). Dur-
ing the Neoproterozoic, continents were centered at low
latitudes, and weathering would have been rapid. Weath-
ering thus may have drawn down CO, to a low enough
value that high latitudes would become glaciated. Gla-
ciers reflect sunlight and thereby cool adjacent regions.
This cooling could lead to further growth of ice sheets,
leading to lower albedo, then to cooling, and finally lead-
ing to more ice. Donnadieu et al. (2004) suggested an
alternative in which it was the rifting, or breakup of the
supercontinent Rodinia, that led to glaciation, at least for
the Sturtian (the Neoproterozoic glaciation at ~717 Ma).
The idea is that, after breakup, each chunk of the super-
continent would be surrounded by seas, rainfall would
increase, and the weathering rate would rise. The pres-
ence of large areas of easily weathered basaltic rocks,
produced by the breakup, would further accelerate
weathering. In response, the CO, concentration would
fall, again helping to induce glaciation.

Low-latitude continents would create a large area of
shallow marine sediments in the tropics. Augmented
by high runoff from tropical lands, this area would rap-
idly accumulate organic matter, again tending to lower
CO, in the ocean and atmosphere. The buried organic
matter might eventually be returned to the atmosphere
as CH,, which would strongly augment the CO, green-
house. Temperatures would warm independent of CO,,
and CO, would fall to maintain the balance with emis-
sions. In this scenario, Earth becomes dependent on
methane to stay above freezing. This possibility would



CHAPTER 3

be an uncertain means of maintaining a warmer Earth,
because CH, has a relatively short atmospheric lifetime
and can diminish in concentration either because the
source flux slows or because it is oxidized more rapidly.
Eventually CH, would fail, Earth would cool in the face
of low CO, concentrations, and a snowball or slushball
would develop (Schrag et al. 2002).

Finally, Pavlov et al. (2005) proposed an extraterrestrial
origin for global glaciation. At Earth’s distance from the
sun and beyond, interplanetary dust particles are nor-
mally deflected from the planet by the electromagnetic
field of the heliosphere, which originates with protons,
helium nuclei, and electrons from the sun’s surface. Peri-
odically, however, the solar system passes through a “giant
molecular cloud” of dust and gas. The largest features, en-
countered every Gyr (one billion years) or so, collapse the
heliosphere and allow dust to fall into Earth’s atmosphere.
There, it would cool the planet by reflecting the sun’s light.
According to Pavlov et al. (2005), passage through a giant
molecular cloud with an H, density of 7000 atoms cm™
would cause a temperature drop equivalent to that caused
by dialing down solar luminosity by about 4%. The de-
crease in surface heating could initiate the cycles of cool-
ing and ice sheet growth, leading to global glaciation.
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4 REGULATION OF THE
EARTH SYSTEM AND
GLOBAL TEMPERATURE

................................................................................

SINCE LAND PLANTS EVOLVED ABOUT 400 MYR AGO, AND
Earth then became biogeochemically modern, atmo-
spheric CO, concentrations are thought to have varied by
perhaps a factor of 10 or so. Concentrations fell to about
180 ppm during the recent ice ages. Most indicators sug-
gest that they did not rise above about 1500 ppm during
the last 400 Myr, although some point toward concentra-
tions as high as 3000 ppm or more. For reference, model-
ing studies suggest that temperatures rise by about 2.5°C
for every doubling of CO,. Thus an increase of a factor of
8 in the CO, concentration (from 180 to 1440 ppm, for ex-
ample) would cause average global temperatures to rise by
about 8°C. Both past CO, concentrations and the climate
sensitivity to a doubling of CO, are poorly known. Clearly,
CO, variations are linked to dramatic climate variations,
as we shall see. Nevertheless, it is interesting that during
the Phanerozoic, CO, (and climate) variability has not
been more extreme, as it was during the Neoproterozoic,
for example. What mechanisms limit the magnitude of
CO, variations, and keep the system in check?

In this chapter, we examine processes regulating
CO, and global temperature. We focus on the leading
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paradigm; that the atmospheric CO, concentration and
global temperature are fixed by feedback mechanisms
balancing input and removal of CO,. The geologic source
of CO, to the atmosphere is outgassing from Earth’s hot
interior, and removal is through chemical reactions at
Earth’s surface (“weathering”). Our discussion deals
with the Phanerozoic Eon. This period covers the last
543 Myr of Earth history. Plants and animals were pres-
ent for most of this period, atmospheric O, was probably
at about the present level, and Earth was in many ways
geochemically modern.

BACKGROUND

A starting point for understanding processes regulating
CO, is to look at the concentration of this gas in air. It
is small: the preindustrial CO, concentration was only
280 ppm, and one might think that it could be easily
changed. However, atmospheric CO, is in equilibrium
with the oceans, which thereby provide a much larger
buffering reservoir; the oceans contain 3200 X 10" moles
of CO, (actually dissolved inorganic carbon, which
equals CO,+HCO; +CO;) compared to 53 X10"
moles CO, in preindustrial air. Changes in ocean circu-
lation and the ocean carbon cycle will induce changes in
atmospheric CO, by transferring this gas between the at-
mosphere and the very large deep ocean reservoir. Such
changes led, for example, to glacial/interglacial CO, vari-
ations over the past million years. The timescale for these
changes is several ocean mixing times, or thousands of
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years. Also relevant here is the land biosphere; there are
about 200 X 10" moles of carbon in living plants and soil.
Changes in the extent of vegetation on land can lead to
changes in atmospheric CO, levels that are significant,
but not as large as atmospheric CO, changes induced by
the oceans.

Glacial/interglacial CO, changes were modest in
magnitude, ranging from about 180 to 300 ppm. Even
this change corresponds to a ratio of 1.7 which, accord-
ing to climate modeling studies, would lead to a degla-
cial warming of about 2°C. What processes might lead
to larger CO, changes? To identify these processes we
need to understand the dynamic nature of carbon in the
oceans and atmosphere (fig. 4.1). Carbon dioxide is al-
ways being added to the oceans and atmosphere by “de-
gassing” from Earth’s interior. This process takes place in
various ways; most obvious is the release of gases to air
when volcanoes erupt. Another is as a consequence of
the metamorphism of ocean sediments. In this process,
biogenic CaCO,, mostly from shells of microorganisms,
reacts with biogenic SiO, fossils to release CO,, which
gradually leaks to the atmosphere:

CaCO, + SiO, - CaSiO, + CO,

When transferred to the atmosphere, CO, does not
accumulate; it is continuously consumed to weather
crystalline rocks at the surface. Weathering is the attack
of CO, on minerals of igneous and metamorphic rocks
brought to Earth’s surface by volcanism and tectonics.
Reactants include primary aluminosilicate minerals,
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The atmosphere

v o

Earth interior Surface of the continents
Metamorphism and volcanism “Weathering” reactions on rocks
release CO, to the atmosphere consume CO, and make soils:

MgSiO, + 2 CO, + H,0—>Mg?* + SiO, + 2 HCO,~
or
2 KAISi,05 +2 CO, + 3 H,0
—2K* +2 HCO,™ +45i0, + ALLSi,0,(OH),

Fig. 4.1. An illustration of the geologic source and sink of CO, to the
atmosphere. Carbon dioxide is transferred from Earth’s interior to
the atmosphere by volcanism and other processes, including meta-
morphism of sediments. It is consumed by weathering, represented
here by simple reactions. Carbon dioxide rises to a level where
global average temperature leads to consumption by weathering at a
rate that balances input by volcanism.

CO,, and water. Products include dissolved cations, dis-
solved bicarbonate (the neutralization product of the re-
action), dissolved SiO,, and residual insoluble minerals
with lower concentrations of SiO, and cations than the
reactant. A typical example is the weathering of potas-
sium feldspar. This reaction consumes CO, and produces
dissolved SiO,, dissolved K*, dissolved HCOj, and insol-
uble kaolinite:

2KAISi,O, + 2 CO, + 3 H,O > ALSi O,(OH), + 4 SiO,
+ 2 K* + 2 HCO;-

Dissolved SiO,, K*, and HCOj are transported by rivers
to the ocean. HCO; does not accumulate in the oceans;
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it is continuously removed by CaCO, precipitation and
other slower but critical processes that are not well
understood.

Depending on how one does the calculation, the time
required for volcanism to replace all the CO, in the surface
reservoirs (atmosphere, ocean, and biosphere) is hun-
dreds of thousands to millions of years. The longer tim-
escale is relevant for us. It seems that, over this interval,
the atmospheric CO, level is stabilized and regulated by
a simple feedback mechanism: atmospheric CO, adjusts
to the level where the temperature is such that weather-
ing removes CO, as fast as it is supplied by volcanism.
Walker et al. (1981) first described how this feedback
would work. Weathering, like most chemical reactions,
is faster at higher temperatures. If the atmospheric CO,
concentration leads to warm temperatures and rapid CO,
uptake that is greater than the input from Earth’s interior,
weathering is removing CO, faster than it is supplied by
volcanism. Atmospheric CO, and global temperature will
then fall toward the level where weathering equals sup-
ply. If the atmospheric CO, concentration is anomalously
low, temperatures will be cold, and weathering will re-
move CO, slower than it is supplied. Carbon dioxide will
then rise toward the level where Earth is warm enough
so that removal balances supply. This paradigm invokes a
simple feedback mechanism to balance the atmospheric
CO, budget, and fix global temperature. At the same time,
it offers a first-order explanation about why there have
apparently been significant CO, variations: supply has
changed through time, becoming faster when mountain
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building, seafloor spreading, and continental volcanism
accelerate and cause faster release of CO, from Earth’s in-
terior to the atmosphere.

A MATHEMATICAL MODEL TO RECONSTRUCT
THE ATMOSPHERIC CO, CONCENTRATION

In 1983, Robert Berner and colleagues developed a
mathematical model of the Earth system describing the
atmospheric CO, balance (Berner et al. 1983), and they
elaborated on this model in subsequent papers (Geocarb
Model: Berner 2006; Berner and Kothavala 2001; Berner
2009). There are two aspects to their models. The first
describes Earth tectonics and simulates the rate, over
time, at which CO, is transferred from the interior to
the surface (supply side). The second describes the wide
range of surface processes that influence CO, consump-
tion by weathering (demand side).

The model recognizes that a number of processes
transfer CO, from the interior to the atmosphere. It as-
sumes that the overall transfer rate scales with the rate
of seafloor spreading, which is related to underwater
volcanism. This rate is not directly known for the past.
However, it can be estimated from changes in sea level as
inferred from the distribution of sediments on the con-
tinents (Gaffin 1987), because a higher sea level means
more widespread deposition of ocean sediments on the
continental landmass. There is a connection between sea
level and spreading rate because when seafloor spread-
ing is faster, the ocean rocks underlying the seawater are
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hotter, the ocean floor stands higher, sea level rises, and
the oceans cover a greater extent of the continental land-
mass. The bottom line: More continent covered by ocean
sediments means faster sea floor spreading and more
rapid degassing of CO.,.

Berner and colleagues invoked a broad spectrum of
Earth surface processes that influence weathering rates.
These include (1) weathering modeled as a process that
breaks down calcium and magnesium silicates; (2) hydro-
thermal processes at midocean ridges as a phenomenon
that removes Mg** from seawater into rocks of the oce-
anic crust, in exchange for Ca*; (3) the exchange of Ca
for Mg when limestone (CaCO,) is transformed into
dolomite (CaMg(CO,),); (4) the effects of organic car-
bon burial (removes CO,) and organic carbon weather-
ing (i.e., the oxidation of organic carbon in sediments,
which adds CO, to air); (5) the roles that sedimentation
and weathering of FeS, and SO} play in the carbon cycle;
(6) the estimation of precipitation over the different con-
tinents from modeling studies, invoking the past posi-
tions of the continents as inferred from paleomagnetic
data; and (7) the estimation of paleoelevation and the
dependence of weathering rate on altitude. Finally, these
authors included the role of the land biosphere in weath-
ering. Plants promote weathering by excreting organic
acids into soils, and by injecting CO, derived from root
respiration and rotting vegetation into the soils.

In their analysis, two salient influences lead to chang-
ing CO, concentrations during the Phanerozoic, the
last 543 Myr of Earth history (fig. 4.2). First, the model
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Fig. 4.2. Simulated values of the atmospheric CO, concentration
during the Phanerozoic, and implications for the atmospheric CO,
level from the size and abundance of stomata in fossil leaves. Right:
Atmospheric CO2 concentration versus time over the Phanerozoic,
as simulated by the Geocarbsulf model of Berner (2006). The boxes
labeled a-d mark the times corresponding to the panels on the left.
Other 4 panels: Area of stomata versus number density of stomata
for leaves from four time intervals. Large numbers of small stomata
indicate adaptation to low CO,; small numbers of large stomata
indicate adaptation to high CO,. The stomatal data and model gen-
erally agree on periods of high and low CO,.
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simulates high concentrations of CO, and warm temper-
atures at times in the past when sea level was high, and
the inferred rate of seafloor spreading was high; these
times were at about 542-350 Ma, and 100-200 Ma. Sec-
ond, the model simulates disproportionately high con-
centrations of CO,, and very warm temperatures, prior
to the evolution of land plants at about 400 Ma. The
reason is that, if plants are not facilitating weathering,
atmospheric CO, needs to be much higher to promote
weathering at a rate that balances input.

TESTING BERNER'S MODEL

Berner’s model is likely to be qualitatively correct in as-
sessing processes that play first and second order roles in
regulating the atmospheric CO, burden, and the mecha-
nisms through which these processes act. The model
mathematically describes a whole range of processes that
are extremely complex and are often not well understood
in quantitative terms. Therefore it is appropriate to ask
how seriously we should take the simulated CO, his-
tory. We adopt the view is that it is likely to qualitatively
capture major CO, trends during the Phanerozoic, and
therefore worthy of testing. In fact, there are a number
of features of the CO, curve that are supported by proxy
indicators of past CO, concentrations.

One line of support for the Berner curve comes from
recent studies of the size and shape of stomata in fos-
sil leaves. Stomata are the organs in plants that open to
admit CO,. Plants must open their stomata in order to
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photosynthesize, but they need to regulate this open-
ing judiciously because it also leads to the loss of water.
According to Franks and Beerling (2009), plants mod-
ify the number and size of their stomata in response to
changes in the CO, concentration of air. When the CO,
concentration is low, plants have a large number of small
stomata. The advantage of small size is that, when sto-
mata are shallow, CO, in air only needs to diffuse a small
distance to enter the leaf. When the CO, concentration
is high, plants make large, deep stomata; CO, needs to
diffuse further, but this is not a problem when CO, is
abundant in air.

The broad patterns of stomatal size and number sup-
port the general pattern of CO, variations suggested by
Berner’s Geocarb III model (fig. 4.2). In this figure, the
modeled CO, curve is shown in the upper right panel.
In the other panels, stomatal area is plotted versus sto-
matal number density for times of particular CO, con-
centrations. In modern leaves, stomatal size is low and
the number density is high, consistent with expectations.
Between 100-200 and 350-400 Ma, Geocarb III predicts
high CO, concentrations; stomatal sizes are large, and
numbers are small. Finally, between 300-350 Ma, Geo-
carb III predicts low CO, concentrations; small stomatal
sizes and high number densities support this prediction.

More support for the model CO, curve comes from
paleosol carbonates. These are CaCO, rocks forming
within soils. The 6”C of soil CO, is affected by soil res-
piration (Ekart et al. 1991). (For 0°C, or the ratio of ®C
to ’C, see box 1.) As organic matter decomposes in soils,
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releasing metabolic CO,, the 0”C of soil CO, changes
from the atmospheric value to the organic matter value.
It turns out that the atmospheric value back through time
is rather well known; limestones preserve a record of the
0"C of dissolved inorganic carbon in surface seawater, to
which the atmospheric value is related by chemical and
isotopic equilibrium. Through nearly all of the Phanero-
zoic, the 0”C of atmospheric CO, was ~—7 %o. Plants,
which discriminate against "C by about —20%o, have a
0"C of about —27%o. The CO, of gases (and solutions) in
soils will be a mixture of two components: atmospheric
CO, with 0®C ~ —7%o0, and metabolic CO, derived from
rotting plant debris, with 0°C ~ —27%o. If atmospheric
CO, is high, it will contribute more to the mix, and 6°C
of paleosol carbonates will be isotopically heavy (more
like air). If atmospheric CO, is low, metabolic CO, will
dominate the mix in soil air, and paleosol carbonates will
be isotopically light (more like vegetation).

Ekart et al. (1991) applied this approach to a large
suite of paleosols. Various confounding processes in-
troduce a lot of noise into the record. Nevertheless, key
features agree with the model of Berner. According to
the paleosol index, CO, was low from about 380 to 300
Ma, whereas it was low from about 350 to 260 Ma in
Berner’s model. Carbon dioxide was elevated from 230
to 65 Ma in both the model and paleosol data. The pa-
leosol record shows a sharp CO, minimum at about 65
Ma, which is absent from the model. In both the model
and the paleosol reconstruction, CO, decreased over the
past 55 Ma.
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Studies of 3”C of organic carbon, in both fossil leaves
and marine sediments, also give some support to the
Berner curve. In both cases, the tracer quality of 6°C
data rests on the fact that plants discriminate against
the heavy carbon isotope, ®C, during photosynthesis.
Today, this discrimination causes the 0"C of plants to
be ~—27%o, as stated above. If the CO, concentration is
high, photosynthesis “selects” from a large carbon pool
and can exercise its preference for *C. In this case, 0°C
will be <—27%o. If the CO, concentration is low, CO,
is in short supply, and photosynthesis must use more of
the available CO,. Hence, 0"C of organic carbon is iso-
topically light when CO, is high, and heavy when CO, is
low. Fletcher et al. (2007) analyzed 11 fossil leaf samples
ranging from 170 to 60 Ma. The 0"°C values were system-
atically lighter than in modern plants, and the aggregate
data suggest an atmospheric CO, concentration about
three times the present level. This result agrees well with
Berner’s simulation for the same interval.

Finally, Pagani et al. (2005) summarized a large data
set of 0”C analyses on marine organic carbon. Studies
on bulk organic carbon in ocean sediments would be
perilous because different samples would have different
mixes of organic chemicals, each of which might be iso-
topically fractionated to a different degree. They there-
fore restricted their study to alkenones, a single type of
organic molecule made by a small number of organisms
that is very resistant to degradation. Through a number
of assumptions, they were able to convert their 0°C mea-
surements into paleoatmospheric CO, values, albeit with
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Fig. 4.3. Carbon dioxide versus time as inferred from the carbon
isotope composition of alkenones during the Cenozoic (Pagani et
al. 2005). Lower values of 0”C indicate more selectivity for the light
isotope (*C) and, hence, higher CO, in the past.

a large uncertainty. Their results are shown in figure 4.3;
the record stops at about 50 Ma because even alkenones
are degraded in older sediments. Pagani et al’s record is
similar to Berner’s in showing a CO, decrease of about
a factor of four during the Cenozoic. However, it differs
from the Geocarb III model in that CO, drops to the
present level at about 30 Ma in the data, compared to
about 10 Ma in the model.

In summary, Berner’s model simulates very high CO,
concentrations prior to 350 Ma, low values from about
350 to 260 Ma, high but variable values between 170-
60 Ma, and decreasing levels over the past 55 Ma. Proxy
studies generally support this pattern. Therefore the

66
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model appears to give an accurate first-order picture of
CO, variations during the Phanerozoic, and is useful in
this context. However, the model is highly uncertain in
terms of magnitudes, and the timing of CO, changes will
likely require modifications.

CARBON DIOXIDE CHANGES IN THE CONTEXT
OF LARGE-SCALE CHANGES IN THE EARTH
SYSTEM DURING THE PHANEROZOIC

Changes in atmospheric CO, concentrations are part
of a broader cycle of Earth’s surface changes during the
Phanerozoic; this is referred to as the oscillation between
“calcite seas” and “aragonite seas” (fig. 4.4). Calcite seas
correspond to a period of warm climate, high atmo-
spheric CO,, low seawater Mg**/Ca®*, precipitation of
CaCO, cements as the calcite polymorph (mineral form),
and high sea levels leading to submergence of large con-
tinental areas (“high onlap”). Aragonite seas correspond
to a cool climate and glaciation, low Co,, high seawa-
ter Mg**/Ca?*, precipitation of aragonite cements, and
continents standing entirely proud of the ocean (“high
offlap”). These changes form the context in which we can
place the specific climate changes to be discussed in the
rest of this book.

Evidence for past seawater composition comes from
two sources. The first is a series of classic papers on the
chemical composition of brine inclusions in evaporites
(Horita et al. 2001; Lowenstein and Timofeeff 2008;
Lowenstein et al. 2001; Timofeeff et al. 2006). Marine
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Fig. 4.4. Basic data describing calcite and aragonite seas (Stanley et
al. 2010). The gray line is from the model of Demicco et al. (2005).
The “+” represents the ratio of Mg/Ca in seawater inferred from
studies of fossil CaCoO, shells. Filled and open circles, diamonds,
and triangles represent seawater Mg/Ca ratios inferred from brine
inclusions in evaporites. In the bar at the top, “A” refers to aragonite
seas and “C” refers to calcite seas. The horizontal line at a Mg/Ca
ratio of 2 is the putative boundary between calcite and aragonite
seas. The modern seawater Mg**/Ca”" ratio is 5.2. See Stanley et al.
for additional citations to the plotted data.

evaporites form from the evaporation of seawater in
isolated basins, and brine inclusions are droplets of
evaporated water captured within the depositing salts.
During evaporation, the composition of the inclusions
follows a trajectory that reflects, and can be used to re-
construct, the starting composition of unevaporated
seawater. The second archive of seawater chemistry is
the study of the trace element composition of unaltered
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CaCO, skeletons of fossil echinoderms (Dickson 2002,
2004). The skeletal Mg/Ca ratio of some groups of
animals depends on the seawater ratio. There is also
a relationship between seawater composition and the
mineralogy of cements. The ion Mg*" inhibits precipi-
tation of calcite. A low ratio of Mg?*/Ca®" in seawater
enables CaCO, to precipitate as calcite, the stable poly-
morph. A high Mg*/Ca®" ratio leads to precipitation of
metastable aragonite.

There is a strong empirical link between the Mg**/
Ca* ratio of seawater and the CO, concentration of air.
However, the mechanism remains to be understood. The
atmospheric CO, concentration is regulated by input to
the atmosphere from degassing, and removal by weath-
ering. The ocean does not necessarily have a role to play
in either of these processes. The seawater Mg**/Ca** ratio
is regulated primarily by the removal rate of Mg*. Two
main processes remove Mg: hydrothermal reactions be-
tween seawater and the volcanic bedrock of the oceans,
and the precipitation of dolomite (CaMg(CO,)) at the
expense of CaCO,. When these processes are rapid,
[Mg**] will be low in seawater, and vice versa. Onlap
heralds rapid Mg** removal, both because shallow seas
favor dolomite deposition and because a high sea level is
the consequence of rapid seafloor spreading and hence a
faster removal of Mg** by seafloor reactions. A low sea-
water Mg**/Ca* ratio would be linked to higher pCO, if
outgassing is faster when seafloor spreading accelerates.
The connection between spreading rate and outgassing
is controversial (Berner 2006; Coggon et al. 2010; Hardie
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1996; Holland 2005), and at this time we do not com-
pletely understand it.
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5 THE LATE PALEOZOIC
ICE AGES

................................................................................

EARTH WAS GLACIATED DURING MUCH OR MOST OF AN
interval stretching from the Late Devonian to the Middle
Permian, from about 370 to 260 Ma. Evidence for glacia-
tion comes from two sources. First, there are “near-field”
deposits on all continents that directly reflect glacial ac-
tivity. Second, there are contemporaneous deposits in
regions of low latitude that reflect changes in sea level
associated with growth and decay of the ice sheets (sea
level drops as ice sheets grow). Sea level would have
changed over glacial-interglacial cycles as water was re-
moved from the oceans to form ice sheets, then returned
as the ice sheets melted. The amplitude of these changes
in sea level is not well known. It may at times have been
80 m or more, which is about 60% of that associated with
glacial-interglacial cycles in the Pleistocene. For refer-
ence, if the global land area is half that of the oceans,
a change of 80 m corresponds to about 160 m of glacial
ice spread uniformly over the surface of the continents.
So the Late Paleozoic ice ages, judged from their areal
extent, temporal span, and amplitude, were a big deal.
There is evidence, from observations of geologic de-
posits and from modeling, that atmospheric CO, con-
centrations were low during the Late Paleozoic ice ages,
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and this may have caused or contributed to the event.
These ice ages correspond to a time when most land-
masses were agglomerated into a single supercontinent
over the South Pole, providing a favorable environment
for the development of large ice sheets. There is emerg-
ing evidence that glacial cycles were, as in later times,
regulated by changes in Earth’s orbit around the sun.

In this chapter, we summarize physical evidence for ice
ages during the Late Paleozoic, first from glacial deposits,
and second from sedimentary cycles in unglaciated re-
gions. We then look at syntheses examining changes in the
extent of glaciation in time and space. Next, we summarize
factors that may have made glaciation more likely in the
Late Paleozoic, as well as the causes of glacial cycles. Fi-
nally, we briefly outline some major unresolved questions.

THE RECORD OF GLACIATION

“Near-field” evidence for glaciation comes from deposits
or features directly linked to the activity of glaciers. One
compelling indication for glaciation is the presence of
polished basement surfaces that have striations formed
by rocks dragged along the bottom of glaciers. These fea-
tures are surprisingly common; an impressive example
comes from the Late Devonian of the Parnaiba Basin,
Brazil (Caputo et al. 2008). (Papers cited in this paragraph
have pictures of the relevant features.) Also common in
many locations are cobbles that have striated surfaces
(e.g., Brezinski et al. 2008; Isaacson et al. 2008) (fig.
5.1). Another line of evidence is the presence of glacial
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Fig. 5.1. (a) Late Devonian boulder with glacial striations in a diamic-
tite, at Pisac, Peru. Isaacson et al. 2008. Late Devonian—earliest
Mississippian glaciation in Gondwanaland and its biogeographic
consequences. Palaeogeography, Palaeoclimatology, Palaeoecology,
268, no. 3-4, 126-142. © 2008 Elsevier. Adapted and reprinted with
permission. (b) Striated clasts, with arrows showing direction of ice
flow, from Lower Carboniferous, Pennsylvania/Maryland. Brezinski
etal. 2008. Late Devonian glacial deposits from the eastern United
States signal an end of the mid-Paleozoic warm period. Palacogeog-
raphy, Palaeoclimatology, Palaeoecology 268, no. 3-4, 143-151. ©
2008 Elsevier. Adapted and reprinted with permission.

(c) Late Devonian pavement, glacially polished and striated, Eastern
Brazil. Caputo et al. 2008. Late Devonian and Early Carbonifer-

ous glacial records of South America. The Geological Society of
America Special Paper, 441, 161-173. © 2008 The Geological Society
of America. Adapted and reprinted with permission.
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(d) Dropstones in carved sediments of a proglacial lake, Late
Devonian, Pennsylvania. Brezinski et al. 2008. Late Devonian
glacial deposits from the eastern United States signal an end of the
mid-Paleozoic warm period. Palacogeography, Palaeoclimatology,
Palaeoecology, 268, no. 3-4, 143-151. © 2008 Elsevier. Adapted and
reprinted with permission.

rhythmites. Rhythmites are sediments with repeating li-
thology that can originate in a number of ways. The type
of greatest interest to us derives from glacial outwash. In
a proglacial lake (out in front of the melting ice sheet),
there will be continuous sedimentation of fine grained
material. However sedimentation of coarse grained mate-
rial will be concentrated during springtime, when melt-
ing and runoft are greatest. The result is layered sediment
with coarse-grained springtime layers, and fine-grained
layers representing deposition during the rest of the year.
Glaciers calving directly into the lake will melt and release
the debris they bear. Dropstones will settle to the bottom,
deforming the fine strata of rhythmites, and the rocks will
eventually be draped by newly deposited sediments.
Perhaps the most common glacier sediments are
diamictites. As noted earlier, these piles of rocks and
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dirt can have various origins. In Late Paleozoic strata,
their glacial pedigree is established by the presence of
faceted (cut) and striated boulders (Mory et al. 2008),
by the presence of dropstones (Chakraborty and Ghosh
2008; Martin et al. 2008), and by proximity to glacial
rhythmites or a striated basement (basement rocks pol-
ished by the flow of the glacier, with grooves cut by rocks
dragged over the bed).

In the early Carboniferous, around the beginning of
Late Paleozoic glaciation, South America, Africa, Ara-
bia, India, Antarctica, and Australia were joined (fig. 5.2;
(Frank et al. 2008). They were centered on the South Pole
and formed the supercontinent of Gondwanaland. It was
this supercontinent that was most extensively glaciated,
primarily because other landmasses were concentrated
in tropical and temperate latitudes. Glacial deposits on
Gondwanaland date to different times. Figure 5.2 divides
glaciation into three episodes, spanning times from 360
to 345 Ma, 325 to 310 Ma, and 300 to 290 Ma (Glacials
I, II, and III are recorded by black, dark gray, and light
gray areas, respectively). During the time of the Late Pa-
leozoic glaciations, Gondwanaland continuously drifted
over the South Pole. At 360 Ma, the Pole lay under what
is now equatorial Africa and South America. Gondwana
eventually moved so that central Africa, central Antarc-
tica, and eastern Australia progressively crossed over the
Pole. Glaciation occurred on lands far enough south that
ice would be prevalent at low elevations. Land masses
were thus glaciated sequentially as they slid over the Pole
(or came close enough to sustain ice sheets).
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Fig. 5.2. Positions of Africa, South America, India, Antarctica, and
Australia around 300 Ma. Black, dark gray, and light gray areas show
the past locations of glacial deposits from three different periods
(Glacial I, 365-350 Ma; Glacial II, 325-310 Ma; Glacial III, 300-

285 Ma). The solid black line shows the positions of the continents
as a function of time, illustrated in terms of the path of the South
Pole as it passed over fixed continental positions. Ages indicate the
time when the pole was located at the marked position between
360-250 Ma (Frank et al. 2008).

The earliest area to be glaciated was what is now tropi-
cal South America. Thus, the earliest evidence for Late
Paleozoic glaciation comes from Brazil, Bolivia, and
Peru (Caputo et al. 2008; Frank et al. 2008; Isaacson et al.
2008; see fig. 5.2), and dates to about 360 Ma. Later glaci-
ations affected more southerly regions of South America,
as well as Australia and Antarctica. Glaciation was most
extensive between about 290-315 Ma, as inferred from
the distribution of near-field deposits (Frank et al. 2008)
and evidence of sea level change in low latitudes (Rygel et
al. 2008). The last area to be “permanently” deglaciated
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was eastern Australia, which was near the South Pole at
the end of the Permian (fig. 5.2). Glaciation here ended
at about 260 Ma (Birgenheier et al. 2010; Fielding, Frank,
and Isbell 2008; Fielding, Frank, Birgenheier, et al. 2008).

Finally, there is some evidence for Northern Hemi-
sphere glaciation during the Late Paleozoic. Brezinski
et al. (2008) report that Late Devonian glacial deposits
extend from northeastern Pennsylvania into the north-
ern region of Virginia and West Virginia. This glaciation
appears to have been contemporaneous with the earliest
Late Paleozoic glaciation in tropical South America, and
thus records an interhemispheric event. It is particularly
curious because Pennsylvania was at this time located
in the warmer temperate latitudes. Siberia was later
glaciated in the Middle Permian, at about 270 Ma and
coincident with the late glaciation of eastern Australia
(Fielding, Frank, and Isbell 2008, and citations therein).
Siberia was located in the high northern latitudes and its
glaciation is therefore unsurprising.

PALEOZOIC CYCLOTHEMS: THE RECORD
OF GLACIOEUSTATIC SEA LEVEL VARIATIONS

The waxing and waning of the ice sheets is recorded
in sedimentary successions called cyclothems (see also
chapter 3). Cyclothems occur because nearshore sedi-
ments are very sensitive to local sea level. Global sea level
falls as global ice volume grows, and rises as ice melts.
In areas near large ice sheets, the relationship between
local sea level and global ice volume is complicated by
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“isostatic effects,” as the local crust is depressed by the
weight of the glaciers. Sea level near ice sheets also re-
flects self-gravitation, wherein glaciers modify the eleva-
tion of the local ocean surface by gravitationally drawing
seawater to them. One therefore accesses the sedimen-
tary record of ice volume in tropical areas, where the ef-
fects of isostacy and self gravitation are small. In these
areas, local sea level changes are closely linked to global
sea level changes associated with the growth and decay
of ice sheets.

In one idealized version of a cyclothem, the base of the
unit, corresponding to interglacial times of highest sea
level, is a black shale. This fine-grained sediment derives
its black color from the presence of pyrite, which is linked
to low-O, bottom waters and the decay of organic carbon
in sediments. Low O, signifies a depth below a density
change in the overlying water, which prevents O -rich
surface waters from mixing. Fine-grained shales reflect
sedimentation below the depth of vigorous wave action.

Further up the column, sediment types change in a
way that indicates a rising sea level and, consequently,
diminishing continental ice sheets. Black shale is re-
placed by gray shale, which is less extensively reduced
(lower pyrite concentration). Next come deposits of
CaCO,, mostly in the form of cemented, coarse-grained
skeletal debris associated with a progressively shallower
water depth. These sediments can be overlain by beach
sands, signifying deposition at sea level, followed by
paleosols—ancient soils that must form above sea level.
Deposits forming above sea level often include coals
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that formed in coastal wetlands; in fact, Late Paleozoic
cyclothems host the most economically important coal
beds in Europe, North America, and Australia. In one
view, coals are associated with rising sea levels attending
deglaciation, while some paleosols form in seasonally
dry areas associated with maximum glaciation (Falcon-
Lang et al. 2009). Further up the sediment column one
finds sediment types that signify progressively deeper
water depths as the glaciers melt, sea level rises, and the
movie runs in reverse. Eventually one again encounters
a black shale, indicating the highest sea level and maxi-
mum deglaciation. Then the cycle repeats.

The reader should be aware that this view of cy-
clothems is somewhat controversial. Sedimentary suc-
cessions in cyclothems are far more complex than the
idealized version described above. This complexity is
partly due to changes in the amplitude of sea level varia-
tions, such that different groupings of sediment types
will be present. There may also be local changes of sea
level due to tectonic uplift or subsidence. Wilkinson et al.
(2003) have shown that the succession of sediment types
in Pennsylvanian-age cyclothems of Illinois is indistin-
guishable from a random sequence. They argued that cy-
clothems reflect changes in local sea level associated with
random changes in sediment sources and the migration
of rivers and beaches. This point is also discussed in the
chapter on Precambrian glaciations.

We however favor the general consensus that most cy-
clothems reflect glacioeustatic changes in sea level. First,
many of the variations in sediment types suggest large
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changes in local sea level =50 m or (much) more (Rygel
et al. 2008). Second, the nature of cyclothems changes in
the expected way when moving from sites near a conti-
nent to offshore areas of deeper seafloors (e.g., Heckel
1986). Third, one commonly finds that marine strata in
cyclothems are eroded by paleovalleys with elevations
of tens of meters. These valleys formed when sea level
was low, exposing sediments and enabling erosion (e.g.,
Falcon-Lang et al. 2009; Hampson et al. 1999). Fourth,
our detailed knowledge of the Late Pleistocene shows
that the amplitude of sea level changes can vary dramati-
cally from cycle to cycle, in which case one would not
observe close repetition. Finally, the link between the
Late Paleozoic glacial deposits at high latitudes and the
presence of cyclothems at low latitudes is, to say the least,
highly suggestive.

GLOBAL CLIMATE VARIATIONS
DURING THE LATE PALEOZOIC

In recent years, there have been several major technical
advances leading to improvements in our understand-
ing of Late Paleozoic glaciation. These in turn form the
basis for a provisional narrative of global climate change
during this interval. As already discussed, glaciation
commenced in the Late Devonian and occured, dis-
continuously, until the Late Permian. The most intense
glaciation was generally on the southerly areas of Gond-
wanaland. Glaciation leads to eustatic sea level change
recorded by cyclothems dating to different intervals in
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different regions. Cyclothems of the Donets Basin, Rus-
sian Platform, date from about 330 Ma (Late Mississip-
pian) to 295 Ma (Early Permian) (Davydov et al. 2010).
Cyclothems from Arrow Canyon, Nevada, probably date
from about 330 Ma to 300 Ma (Bishop et al. 2010). Cy-
clothems from the American midcontinent, which are
very well developed in Kansas and Oklahoma, span the
period from about 310 to 300 Ma (Heckel 2008).

According to the synthesis of Rygel et al. (2008), cy-
clothems are most extensive between about 335-300 Ma,
but Late Paleozoic cyclothems extend to times as old as
350 Ma and as young as 260 Ma (fig. 5.3). The sedimen-
tary evidence puts the greatest amplitude in sea level
variations at about 300 Ma, corresponding to the Penn-
sylvanian/Permian boundary (Bishop et al. 2010; Field-
ing, Frank, and Isbell 2008). According to Bishop et al,,
the amplitude of sea level changes is generally greater be-
tween about 310-320 Ma than during the 10 Myr periods
before and after.

The amplitude of sea level changes remains controver-
sial. The basic problem is that we cannot accurately esti-
mate water depth or elevation above sea level associated
with the sediment types reflecting maximum submer-
gence or emergence. For example, a black mud generally
signals deeper water than limestone, but precise water
depths can’t be assigned to either of these facies.

According to Rygel et al. (2008), estimates of sea level
variations based on the sediment types found in cy-
clothems range in amplitude from 10 to 100 m or more.
Two recent papers use the oxygen isotope composition
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Fig. 5.3. Estimates, based on data from cyclothems, of sea level
change as a function of time (Rygel et al. 2008). The panel on the
left shows time, broken down into different geological intervals. The
center plot (“Glacial intervals”) uses dark bands to represent periods
of time over which glacial deposits have been found in Gondwana-
land (left column), Eastern Australia (central column), and Siberia
(right column). In the panel on the right (“Magnitude of sea level
change”), each box indicates a cyclothem sequence. The time inter-
val is the period spanned by that sequence, and the distance interval
is the maximum and minimum sea level change implied by the
cyclothems in the sequence.
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of phosphate in fossil conodonts to estimate glacioeu-
static variations of sea level of about 100 m or more dur-
ing the Middle-Late Pennsylvanian. (Oxygen isotopes in
the PO of conodonts record water temperature and ice
volume changes as do O isotopes in the CaCO, of Fora-
minifera, the amoeboid protists whose skeletons are ubiq-
uitous on the modern ocean floor. In box 1, we discuss the
nature of stable isotope variations. In box 2, we discuss
how this proxy works for CaCO;; it works in a similar
manner for phosphates.) On the other hand, Bishop et
al. (2010) argue for amplitudes of 50 m or less based on
several lines of evidence, including reevaluations of am-
plitudes implied by canyon cutting, and the dynamic na-
ture of the cyclothem record. They suggest that multiple
glacial centers contributed to Late Paleozoic glaciation,
distinct from the Pleistocene pattern of great ice sheets
growing from a small number of regions.

DYNAMICS OF THE LATE
PALEOZOIC GLACIATIONS

According to the prevailing view, there were two causes
of widespread glaciation during the Late Paleozoic. First,
CO, was low (see chapter 4 and the summary below),
predisposing Earth to glaciation. Second, there was a
massive continental landmass at high southern lati-
tudes that allowed nucleation and growth of large ice
sheets. These ice sheets waxed and waned within longer
periods of more or less continuous glaciation. Climate
cycles of tens or hundreds of thousands of years have
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Box 2
Oxygen Isotope Paleothermometry Using
Foraminifera and Other CaCO, Fossils

For the Cenozoic and beyond, the most important source of
paleoclimate information comes from the 'O of fossil Fora-
minifera. Foraminifera are amoeboid protists that secrete
shells of CaCO, (among other materials). “Planktonic Fora-
minifera” are ubiquitous in the upper levels of the oceans, and
are common in ocean sediments from, roughly, the shallower
half of the sea floor (CaCO, dissolves in the deeper, colder,
higher pressure environments). Benthic Foraminifera live on
the sea floor; they are much less abundant than planktonic
Foraminifera but are still always found in shallower sediments.
Studies of the oxygen isotope composition of these protists
play a central role in paleoclimate for two reasons. First, they
illuminate critical properties of past climates: ice volume, sea
surface temperature, and deep ocean temperature. Second,
they are common in CaCO, sediments, enabling paleoclimate
scientists to construct continuous, high-resolution climate re-
cords pertaining to the sea surface and the sea floor over long
periods of time.

Three factors determine the 60 of Foraminifera. The first
is the 6®0 of ambient seawater. The 6®*O of biogenic CaCO,
directly tracks the 00 of the seawater from which the solid
phase is precipitated. The 00 of local seawater depends on
the average "0 of the global ocean. And the "0 of the global
ocean increases when ice sheets grow, because waters low in
0 evaporate preferentially to be incorporated into conti-
nental ice sheets. The 0®0 of planktonic forams will change
through time because of both local salinity and global ice vol-
ume. For benthic Foraminifera, salinity changes are generally
less important than global ice volume.
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The second factor determining the 0®0O of foraminiferal
CaCO, is temperature. At Earth surface temperatures, *O is
enriched in CO}~ with respect to the water with which CO3~
is in equilibrium. At very high temperatures, however, isotopes

are completely scrambled between H,0 and CO;". Thus, the
0"0 of CaCO, must decrease as temperature rises.

The third factor determining the 0O of foraminiferal
CaCoO, is the “vital effect” Some foram species precipitate
CaCO, out of isotopic equilibrium with water. The solution to
this confounding phenomenon is either to exclude these taxa,
or document them and make a correction for the offset.

Once we deal with vital effects, we are left primarily with
the 60 changes related to temperature and ice volume.
Colder temperatures and increasing ice volume both cause the
00 of foraminifera to rise, and warming or less ice cause 6'*0
to fall. The 60O of Foraminifera thus gives us a composite pic-
ture of climate. Benthic Foraminifera live in the bottom waters
of the oceans. As explained earlier, these waters originate as
high-latitude surface waters. Therefore, benthic Foraminifera
record high-latitude surface ocean temperatures along with ice
volume and bottom water temperatures. Benthic foram 0*0 is
as close as we can come to a single measure of global climate
and serves to represent this property well.

There is an interesting history concerning attempts to par-
tition the glacial-interglacial 0®*O change between temperature
and ice volume. In one of his pioneering papers on the deep-
sea oxygen isotope stratigraphy, Emiliani (1966) examined the
data then available on the 'O of polar ice, and he concluded
that temperature change dominated 6®O variability. Shackle-
ton (1967) ran an excellent experiment showing that glacial-
interglacial changes of benthic forams were similar to those of
planktonic forams. Since temperatures of benthic forams can-
not drop too much (lest they fall below the freezing point), he
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(Box 2 continued)

attributed the foram change primarily to a change in 6*O of
seawater. He thus concluded that 0**O was primarily a signal of
ice volume. In another landmark study, Adkins et al. (2002) ac-
cessed the "0 of the glacial deep ocean by analyzing the 60O
of pore waters in sediments that, at ~30 m depth, “remember”
the composition of the glacial ocean. Their work, showing that
the 00 of seawater rose by ~1%o during the ice age, slightly
shifted things back toward Emiliani’s ocean, and showed that
bottom waters during the last glacial maximum were close to
the freezing point.

Once deposited in sediments on the sea floor, Foramin-
ifera recrystallize. In this process, the original small biogenic
crystals slowly dissolve, reprecipitating as large CaCO, grains.
Recrystallization proceeds because larger crystals are thermo-
dynamically favored. The newly precipitated crystals will have
00 values reflecting the temperature and isotopic composi-
tion of the interstitial waters of the sediments, which can be
very different from the conditions of formation. The problem
is particularly severe for tropical planktonic Foraminifera,
which grow at warm temperatures but will recrystallize at the
cold temperatures of the sea floor. Benthic Foraminifera are
less affected by this problem, and tend to be more robust of
construction. By the Paleogene (Paleocene and Eocene), 60
values of planktonic Foraminifera were seriously altered, while
the 00 record of benthic foraminifera are frequently reliable
back through the Cenozoic. Occasionally, older sediments
have been encountered in which even planktonic Foraminifera
are very well preserved.

The new thing in the field is clumped isotope paleother-
mometry. This method takes advantage of the fact that heavy
isotopes of oxygen and carbon are not randomly distributed
in CaCO,. Rather, they are “clumped,” meaning that there are
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more molecules with heavy isotopes of both carbon (*C) and
oxygen (**0) than one would expect from random distribu-
tion. The clumping is temperature dependent; it disappears at
high temperatures, and thus an excess of clumped molecules
is a measure of temperature. The great advantage of clumped
isotope thermometry is that it allows one to assess tempera-
ture without any independent knowledge of the isotopic com-
position of the water from which the CaCO, precipitated.
Clumping was only recently documented, and its application
to a broad range of problems has begun. There will be many
important applications of this method. However, it is limited
to certain groups of organisms and inorganic CaCO, deposits
because others are out of equilibrium for this property.
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been attributed to changes in Earth’s orbit around the
sun. This radiative forcing, discussed at length later in
the book, including box 4, results from the fact that the
eccentricity of Earth’s orbit, the precession of the equi-
noxes, and the tilt of the spin axis vary with periods of
approximately 20, 40, 100, and 400 Kyr. In a given region,
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orbital changes redistribute insolation between the sum-
mer and winter half years. According to the eponymous
theory of Milutin Milankovitch, ice sheets grow when
summers are cool, and melt when summers are warm.

Evidence for low CO, during the Late Paleozoic comes
from the Geocarb models of Berner (2006), studies of the
0"C of CaCO, precipitates in paleosols (Cerling et al. 1997),
multiproxy studies of Royer et al. (2001), and the studies
of stomatal size and density discussed earlier. Montanez et
al. (2007) and Birgenheier et al. (2010) presented carbon
isotope evidence for CO, fluctuations during the Permian.
They then compared the timing of inferred low CO, lev-
els with the timing of Permian glaciation. The results offer
some evidence that atmospheric CO, burdens were higher
during long periods when the planet was substantially ice
free, but the details are complicated.

Evidence that changes in Earth’s orbit around the
sun caused climate change comes from the similarity
between the periods of glacial cycles and the periods of
orbital variations. Heckel (2008) counts 26 major cy-
clothems in the United States midcontinent between 311
and 301 Ma. The period is thus about 380 Kyr, close to
one of the periods of eccentricity cycles, about 400 Kyr.
Similarly, Davydov et al. (2010) showed that, between
307-314 Ma, there was also one major cyclothem every
~400 Kyr in the Donets Basin. In general, major cycles
include several minor cycles. Minor cycles may corre-
spond to shorter orbital periods, but we do not yet know
because these smaller cycles are difficult to recognize
and interpret in terms of global glaciation.
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REMAINING MYSTERIES

It seems likely that the Late Paleozoic ice ages will even-
tually have a great deal to tell us about our current
climate. At present there are some hints about funda-
mental questions like the link between glaciation and
greenhouse gases, or the periodicity of glaciation. It is
not known if the Late Paleozoic glaciations resembled
the Cenozoic glaciations, during which, for the past 34
Myr, there has been a permanent ice sheet on Antarctica
while lower latitude glaciation came and went. If so, the
amplitude of sea level lowering would have been greater
than estimated from facies changes associated with the
cyclothems, which do not reflect the sea level contribu-
tion of persistent ice sheets.

A last question here concerns climate in the tropics.
Isotopic paleotemperature studies suggest tropical Late
Paleozoic temperatures around 21°-35°C (Angiolini et
al. 2009; Came et al. 2007). For reference, equatorial
temperatures range from about 18 to 30° today; low
values are associated with coastal upwelling. However,
there is evidence for cold climates in the tropics and
subtropics during the late Paleozoic ice ages. As noted
above, Brezinski et al. (2008) report Late Devonian gla-
ciation in Pennsylvania; they estimate a paleolatitude of
30-45°. Sweet and Soreghan (2008) argue that ancient
landforms imply seasonally freezing temperatures at
low latitudes during the Late Paleozoic. Soreghan et al.
(2009) interpret deposits of the Late Paleozoic Cutler
Formation, southwestern United States, as proglacial
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sedimentation in the tropics. They interpret units of
this formation as containing diamictites, glacially cut
rocks, and dropstones. Furthermore, there is evidence
for a low-elevation provenance.

In summary, evidence suggests that during the Late
Paleozoic ice ages, the tropics were as warm as or warmer
than today, but there is also apparently contradictory ev-
idence for glaciation at low latitudes. If these interpreta-
tions are sustained, it will raise profound new questions
about the nature of the Late Paleozoic ice ages.
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6 EQUABLE CLIMATES OF THE
MESOZOIC AND PALEOGENE

................................................................................

EARTH WAS SUBSTANTIALLY UNGLACIATED DURING
most or all of the interval beginning in the Upper Perm-
ian (260 Ma), through the Triassic, Jurassic, and Creta-
ceous periods of the Mesozoic Era, and the Paleocene
and Eocene Periods of the Cenzoic Era, until the Eocene-
Oligocene Boundary (34 Ma). Differences from mod-
ern climates were not limited to the absence of ice; the
tropics were somewhat warmer than today, and the high
latitudes were far warmer. While there were undoubt-
edly globally significant climate variations during the
long interval of equable climates, the focus here is on the
main characteristic of this time: Earth was warmer, espe-
cially at the high latitudes, in winter as well as summer.
These very warm conditions are referred to as “equable
climates”

Evidence for warm climates on land comes primar-
ily from comparing the nature and temperature ranges
of plant and animal fossils with modern climates in
the study regions. Evidence for warm seawater tem-
peratures comes from studies of the concentrations of
organic chemicals, originating in ancient phytoplank-
ton, whose relative concentrations depend on growth
temperature. Ocean evidence also comes from the
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isotopic composition of oxygen in fossil shells composed
of CaCoO, (as explained in box 2), and this chapter starts
with these data. We aggregate evidence from different
time periods, but the focus is largely on the Eocene, a
very warm period whose younger age leads to a particu-
larly rich climate record.

The striking difference between equable and modern
climates has provoked modelers to examine the dynam-
ics. It is possible to warm the planet simply by dialing up
the atmospheric concentration of CO, and possibly CH,.
There is, indeed, evidence for higher CO, concentrations
in the Focene, Paleocene, and Cretaceous. However,
changing greenhouse gases may not explain the dramatic
warming of the high latitudes with respect to the tropics.
Over the past decade, climate modelers have proposed a
number of ways to explain this curious feature.

In this chapter, we examine evidence from marine
and then terrestrial environments for equable climates
during the Mesozoic Era, the Paleocene epoch, and the
Eocene epoch, together spanning the interval from 245
to 34 Ma. We then discuss hypotheses that have been put
forth to explain the dramatic warming with respect to
the present day. We end with a summary of the limited
evidence suggesting glaciation during this interval.

OCEAN TEMPERATURES DURING
THE TIME OF EQUABLE CLIMATES

Our most important record of ocean temperatures for
the last 100 Ma or so comes from data on the relative
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abundance of stable oxygen isotopes in the microscopic
CaCO, skeleta of Foraminifera, a phylum of amoeboid
protists. The causes and measurement of stable isotope
abundance variations are discussed in box 1, and the
significance to climate of measurements of the 60 of
CaCO,is outlined in box 2. In a nutshell, increases in the
80/*O ratio, or °0, of CaCO, signal some combination
of colder temperatures and increased ice volume. Box 3
outlines other proxies that are widely used to study cli-
mates of the Cenozoic and earlier times.

The Cenozoic 6*0 record of benthic Foraminifera (liv-
ing on the seafloor) is shown in figure 6.1 (Zachos et al.
2001). This iconic record integrates a large amount of data
reflecting the main climate changes of the past 65 Myr in a
parsimonious way. Changes in "0 are due to a combina-
tion of variations in temperature and changes in the size of
the continental ice sheets. Changes in the volume of the ice
sheets are linked to changes in sea level as glacial growth
removes seawater or the decay of ice sheets returns water
to the oceans. A 0O increase of 1%o records a deep ocean
cooling of about 4°C, an increase in continental ice volume
associated with a sea level drop of 100 m, or some combina-
tion of the two. For reference, a 100 m fall in sea level corre-
sponds to an average increase in the thickness of continental
ice of about 200 m when spread over the entire continental
area. Of course in practice, this ice would form a thicker
sheet covering polar and temperate continental areas.

The data show that the warmest sustained period
of the Cenozoic was around 52 Ma, at least insofar as
high latitudes are concerned. The 0"*O of benthic forams
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Box 3
Proxies for Characterizing Cenozoic Climates

Almost all information about past climates is based on proxies;
these are properties that are not themselves climate properties,
but nevertheless reflect past climates. Arguably the most im-
portant climate proxy is the stable oxygen isotope composition
of CaCO, fossils (see box 2). However there are many other
important proxies, and some are summarized here.

Many proxies are based on the nature of fossils. The tem-
perature information in these data is obvious. Organisms have
optimal temperature ranges, and the composition of fossil as-
semblages thus is an indication of ambient temperatures. In the
oceans, assemblages of fossil Foraminifera and Radiolaria (both
single-celled heterotrophic organisms) have been used exten-
sively as temperature indicators. On land, plant assemblages
have been the most important temperature indicators. Over the
past 15-20 Ka, our most extensive information comes from pol-
len assemblages in ancient bogs or lake sediments. Records of
tree-ring width go back over 10 Kyr at this time and give detailed
records of regional climates. Turning to the oceans, micropale-
ontologists have developed statistical methods for quantitatively
reconstructing temperatures from the abundances of micro-
scopic fossil assemblages in deep-sea sediments.

Various chemical properties also serve as important prox-
ies. Three have acquired particular significance for the recon-
struction of ocean temperatures. The first is the Mg/Ca ratio of
Foraminifera; this ratio increases as temperature rises. Second
is the UK, index. This property is derived from the relative
abundance of alkenones, long-chained ketones with, in this
case, 37 carbon atoms. Most carbon atoms in the chains are
connected by a single pair of shared electrons. However, some
carbon atoms are connected by two pairs of shared electrons.
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The arrangement of these double bonds depends on tempera-
ture, and can be used to reconstruct past temperatures. Alke-
nones are produced by certain prymnesiophytes, a division of
algae. The UK index reflects the temperature of the water near
the sea surface, where these organisms live. A third chemical
proxy is the TEX, index. This property depends on the relative
abundance of similar but distinct lipids making up the mem-
branes of archaeal phytoplankton known as Crenarchaeota.

In addition to fossils, the nature of soils gives important

information about past climates on land. Soils are formed by
chemical decomposition, or “weathering” of the country rock.
If climates are warm and wet, weathering will be more intense
than if climates are cold and dry. Highly weathered soils there-
fore indicate warmer, wetter conditions. At the opposite end
is loess, soil that forms from the settling of windblown dust.

Loess signifies dry climates in the source area of the dust, and
unweathered loess signifies relatively dry and cold conditions
at the area of accumulation.

Over the past decade, speleothems (stalactites, stalagmites,
and flowstones) from caves have become an increasingly criti-
cal source of information about continental climates. When the
growth of a speleothem is intermittent, one infers that precipita-
tion was greater during periods in which the specimen accreted
than when there was no growth. In speleothems that have grown
continuously, shifts in the 6O of the CaCO, signify shifts in the
source and/or amount of precipitation. There are actually two
reasons for changes in the 6®0 of a speleothem: the isotopic
composition of precipitation could have changed, or tempera-
ture could have changed. In most speleothems studied to date,
big isotopic changes have been observed. These must come from
changes in the 0O of precipitation, because the required tem-
perature changes would be improbably large. 0O of precipita-
tion depends on the difference between evaporation temperature
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(Box 3 continued)

and condensation temperature; it also depends on the seasonal
and spatial distribution of rainfall. Speleothems have an ex-
tremely important ancillary benefit as well. Because they are
massive, they are not affected by diagenesis. This attribute means
that they can be dated to an accuracy limited only by our ability
to make high-quality radioactive dating measurements. Speleo-
thems are the most accurately dated Pleistocene climate deposit
back to about 300 Ka, giving us a detailed account of regional
hydrologic changes. Furthermore, since some of these changes
are correlated to other events, we can transfer speleothem ages
and thereby accurately date other climate records.

A series of deposits associated with glaciation gives es-
sential climate information. Glaciers leave marks of their
maximum extent in moraines (ridges of dirt and rock formed
where glaciers melt), as well as in stream and lake deposits as-
sociated with melting. These deposits allow us to document
the maximum extent of the great continental glaciers and the
history of their retreat at the end of the last ice age. Moraines
of mountain glaciers record regional climate changes leading
to advances or retreats of the snowline. Glaciers calving into
the oceans form icebergs. As icebergs melt, they release debris,
which then accumulates in deep-sea sediments.

The proxies outlined above are among the most widely used
in climate reconstructions, but the complete list is far longer.
Developing climate proxies has been a wonderfully creative pro-
cess, and a tremendous variety of properties has been exploited.
Just two more examples give an idea of the range of properties
employed. Beetle taxonomy is an important temperature proxy
in some areas. Another is the concentrations in groundwater of
noble gases, whose solubilities are temperature dependent; these
gases have allowed the reconstruction of low-latitude continen-
tal paleotemperatures during the last ice age.



CLIMATES OF THE MESOZOIC AND PALEOGENE

0 pie] =2 B
. M >
S F B
= 3 a
] B
> [a)
° ®
I} ©
10 ~ W3
P 23
g z3
3 @
=
20
[
c
GJ
1
<)
3042
o
= -
2
Y
jo2
<
40
v
o
[
1)
<)
w
50— X i R
Partial or ephemeral ice sheets ™
Full scale and permanent ice sheets ’
[
=
3
60 — 9
©
a
70 I I I I I
5 4 3 2 1 0

880 (%o)

Fig. 6.1. The 0O of benthic Foraminifera, as a function of age
during the Cenozoic (Zachos et al. 2001). Points to the right indicate
warmer climates and smaller continental ice sheets.

103



CHAPTER 6

today is about 3.0%o heavier than at 52 Ma. Of this differ-
ence, ice present on Antarctica and Greenland accounts
for about 0.6%o, or about 60 m of sea level. The remain-
ing 2.4%o increase in "0 of benthic forams signals that
the deep ocean was about 10°C warmer in the Eocene
than today. Cretaceous benthic forams, like those from
the Eocene, also provide evidence for warm tempera-
tures in the high latitudes (Moriya et al. 2007).

Deep water cooling is linked to a decrease in tempera-
ture of the high-latitude oceans. For obvious reasons, the
deep ocean basins are filled with the densest water. As
discussed in chapter 1, density depends on temperature
and salinity. Surface waters at high latitudes are not the
saltiest, but they are still the coldest and densest. There-
fore, the high latitudes win the density war, and host
the formation of dense waters that sink to fill the abyss.
Temperatures of benthic Foraminifera in the deep sea
are therefore similar to temperatures of surface waters
at high latitudes. As described above, deep waters and,
inferentially, high-latitude surface waters both cooled
by about 10°C from the Eocene to the present. The tem-
perature decrease of seawater is limited because, when
the temperature falls to —2°, sea ice forms and there is
no further cooling. Air temperature, not buffered by the
formation of sea ice, cooled much more. This dramatic
polar cooling was one of the most important climate
changes of the Cenozoic, and is mirrored in a land cool-
ing in the high latitudes, as we’ll soon see.

A major effort has been invested in generating curves
of Cenozoic surface water temperatures versus time in
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various ocean regions. The early results for low-latitude
samples were completely unexpected: the 00 of plank-
tonic Foraminifera actually indicated that during the
Paleogene (34-65 Ma), tropical surface ocean tempera-
tures were cooler than at present, rather than warmer
(e.g., Bralower et al. 1995). It has since come to be un-
derstood that this result was due to diagenesis, the slow
recrystallization of CaCO, through time: as the CaCO,
crystals composing planktonic foram skeletons dis-
solved and reprecipitated on the seafloor in the millions
of years since they grew, they acquired the imprint of
cold bottom water temperatures in their oxygen isotope
composition. Planktonic Foraminifera seem to be much
more susceptible to this problem than the more robust
benthics.

Recrystallization of planktonic Foraminifera was
first demonstrated by Pearson et al. (2001) in a beauti-
ful natural experiment. They analyzed Eocene Foramin-
ifera “sealed” in impermeable clay layers from strata in
Tanzania. The researchers showed that these forams had
isotopic temperatures much warmer than those of the
same foram species sampled from coarse-grained car-
bonates in permeable deep-sea sediments. Their conclu-
sion was that the “sealed” forams retained their initial
composition while Eocene forams in most deep-sea sed-
iments had slowly recrystallized. Using similarly sealed
samples, Moriya et al. (2007); Norris et al. (2002); and
Wilson et al. (2002) documented temperatures of around
30°C in the tropical North Atlantic during the Creta-
ceous, between approximately 90-100 Ma. Throughout
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the Eocene, temperatures recorded from the Tanzanian
sediments were ~32°C (Pearson et al. 2007). Planktonic
Foraminifera from New Zealand give temperatures for
the Early and Middle Eocene of up to 30°, despite the
high paleolatitude—about 55°S (Hollis et al. 2009)!
These warm temperatures in New Zealand were verified
by the TEX,, index, which registers temperature from
the temperature-sensitive ratio of several slightly differ-
ent organic compounds.

Additional evidence for warm, high-latitude oceans
comes from remarkable fossils found on both Arctic
islands and the Antarctic Peninsula. Temperatures of
these small landmasses must reflect temperatures of the
nearby oceans. Mean annual temperatures derived for
the Antarctic Peninsula between about 90-40 Ma range
from 10 to 20°C; these numbers come from the presence
and wood structure of fossil trees (Poole et al. 2005).
On Spitsbergen and northern Ellesmere Island, there
were rich forests in the Cretaceous that included gink-
gos, ferns, angiosperms, and conifers (Falcon-Lang et al.
2004; Harland et al. 2007). Even more striking, during
the Eocene, lizards (Varanidae), turtles, and alligators
lived on Ellesmere Island, which was located immedi-
ately west of northern Greenland (Estes and Hutchison
1980)! Modern alligators require a mean annual temper-
ature above 15°C, and a monthly mean cold temperature
above 5°C. Modern varanids require even warmer condi-
tions. The Eocene paleolatitude of Ellesmere Island was
about the same as today, 78° N. The presence of these
animals is therefore quite stunning.
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LAND TEMPERATURES DURING THE
CRETACEOUS AND PALEOGENE

As one might expect from ocean temperatures, the land
flora and fauna indicate much warmer temperatures
than today in midlatitude and temperate regions. We'll
review some of the evidence, starting in the Arctic. On
the North Slope of Alaska, where today we find tundra,
mid-Cretaceous fossils indicate that forests were pres-
ent containing ferns, ginkos, agiosperms, and conifers,
much as on Ellesmere Island (Spicer and Parrish 1986;
Spicer and Herman 2001). Dinosaurs lived in the Arc-
tic during the Cretaceous. This in itself is not surpris-
ing, because dinosaurs (birds) occupy these areas today.
However, the Cretaceous inhabitants included groups
that were probably cold-blooded, such as hadrosaurs
in the Yukon, and stegosaurs and sauropods in Siberia
(Rich et al. 2002; Seebacher 2003); these animals would
have required much higher temperatures than exist in
the regions today. In the midnorthern latitudes, the most
dramatic evidence for warmer climates comes from
crocodiles. During the Eocene, these were present in the
region of the US mountain states up to a paleolatitude of
55° N. Alligators today live up to about 35° N.

Fossil plants and animals from the tropics generally
don’t provide clear information about equable climates:
How could we tell, when comparing fossil with mod-
ern organismes, if tropical temperatures were warmer in
the past? Recently, a Paleocene snake was discovered in
northeastern Colombia that was estimated to be 13 m in
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length, and weigh about 1100 kg (Head et al. 2009). The
authors estimated the ambient temperature from the re-
lationship between skeletal properties of modern snakes
and temperature, and concluded that this tropical region
was about 5°C warmer in the Paleocene than today. This
approach turned out to be controversial and the conclu-
sions are under debate.

Heading south, plant fossils indicate that Eocene
temperatures at a site in Patagonia (Laguna del Hunco,
Chubut Province, Argentina) were about 4°C warmer
than today (Wilf et al. 2003). Eocene pollen from Pridz
Bay, on the coast of Antarctica in the Indian Ocean
sector, suggests a climate supporting taiga, including
dwarf trees, herbs, and shrubs (Truswell and Macphail
2009). Jurassic and Cretaceous dinosaur fossils have
also been found in Antarctica, including prosauro-
pods, which were likely cold-blooded (Rich et al. 2002;
Seebacher 2003).

The meridional gradient in Middle Eocene mean an-
nual temperatures is summarized in figure 6.2 (Green-
wood and Wing 1995). The gray band in each panel
shows the range of modern average annual temperature
versus latitude (top) or cold month mean temperature
(bottom). Recent foram oxygen isotope data indicate
tropical sea surface temperatures around 35°C (Moriya
et al. 2007; Pearson et al. 2001; Norris et al. 2002; Pear-
son et al. 2007; Wilson et al. 2002). Overall, results sug-
gest that tropical temperatures were elevated by a few
degrees, midlatitude temperatures by somewhat more,
and temperatures in subpolar and polar regions by 10°C
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Fig. 6.2. Mean annual temperature (fop) and cold month mean tem-
perature (bottom) versus latitude during the Eocene (from Green-
wood and Wing 1995)). The gray band in each figure represents the
modern condition. Open squares and closed triangles represent land
temperatures, estimated in different ways from fossil vegetation.

or much more. The lower plot of this figure shows that
cold month mean temperatures were quite equable,
remaining above the freezing point even around 80°
latitude.
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DYNAMICS OF EQUABLE CLIMATES

The challenge is to explain two salient facts of Mesozoic
and Paleogene climates: Earth’s average temperature was
significantly higher, and the high latitudes warmed con-
siderably more than the tropics. One can account for the
global warming by invoking some combination of higher
greenhouse gas concentrations and lower albedo. A
number of ideas has been advanced to explain the high-
latitude warming. One is that more heat was transported
from the tropics toward the poles. A second is that in-
creased Paleogene vegetation lowered the albedo of high-
latitude continents. A third is that wintertime clouds at
high latitudes would have exerted a strong greenhouse
warming. Below, we discuss these ideas in turn.

Data in figure 6.2 indicate that, during the Eocene,
Earth was warmer by ~5°C in the tropics and 30°C or
more at certain high-latitude locations. In calculating
global temperature, we need to weight the low latitudes
more, since half of Earth’s surface is within 30° of the
equator. Thus, a reasonable estimate for Eocene warm-
ing compared with modern conditions is ~7°C based on
the reconstruction of Greenwood and Wing (1995), and
~14°C based on Huber and Caballero 2011). In chapter
4, we examined proxy evidence indicating that Eocene
atmospheric CO, levels were three to six times higher
than modern, although greater increases cannot be
ruled out (Huber and Caballero 2011). Modeling stud-
ies aimed at assessing the consequences of global change
suggest that the planet warms by about 2.5°C (with a
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large uncertainty) given a doubling in CO,. This number
suggests that CO, would lead to an Eocene warming of
about 6°C (again with a large uncertainty). If CO, were
3000 ppm (approximately 11 X preindustrial), the warm-
ing would be about 9°C.

There was an additional warming, because the albedo
was lower; Earth was ice free, and deserts were largely
replaced by forests. Hence, explaining the increased
global average temperature during the Eocene seems
fairly straightforward. Studies using models with Eocene
boundary conditions reinforce this conclusion (Shellito
et al. 2003; Sloan et al. 1995), although the models may
require slightly more than a quadrupling of CO, to raise
global temperature by at least 7°C.

However, many modeling studies have failed to simu-
late the exceptional warming observed for the high lati-
tudes (Barron 1987; Shellito et al. 2003; Sloan and Barron
1992). This result has prompted a search for climate pro-
cesses that may have been important during the Eocene,
but are not properly captured in some relevant models.
Initially, attention was on meridional heat transport;
the simplest way to warm the high latitudes is to trans-
port heat, through the ocean or atmosphere, from the
tropics. This process is active and important today. If it
was more intense in the past, it would have lead to ad-
ditional high-latitude warming. However, a number of
modeling studies showed that the mechanism does not
appear to be viable (Barron 1987; Huber and Sloan 2001;
Huber et al. 2004; Shellito et al. 2003; Sloan and Barron
1992). The basic problem is that the rate of meridional
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heat transport depends on the temperature gradient. As
the high latitudes warm, and temperatures become more
similar at low and high latitudes, it becomes more dif-
ficult to transfer heat from the tropics to the poles. In
climate simulations, models can match high-latitude
warming if CO, is raised to high enough values. How-
ever, some of these models face two problems: the trop-
ics overheat, and the required CO, levels are greater than
some proxies suggest.

Dynamicists have isolated other processes and exam-
ined whether, along with elevated concentrations of CO,,
they could contribute to the exceptional high-latitude
warming. Najjar et al. (2002) examined changes in ocean
circulation resulting from the different positions of
the continents during the Eocene. They found that the
Northern Hemisphere warmed because of changes in
the shallower, wind-driven circulation, and the South-
ern Hemisphere warmed because of changes in the for-
mation of deep ocean waters at high latitudes. Brady et
al. (1998) found, in their simulation of Cretaceous ocean
circulation, that warm, salty surface waters forming in
the Southern Hemisphere subtropics flowed poleward
to sink between 60° S and the Antarctic coast. While
the waters cool and perhaps become slightly fresher on
their way south, the simulations showed that they stayed
relatively warm, with Antarctic sea surface temperatures
around 10°C.

Korty et al. (2008) revisited the question of meridional
heat transport, focusing on the role of tropical cyclones
(large storms, including hurricanes). They argued that
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cyclones would be more intense in the warmer climates
of a high-CO, world. An immediate effect of a tropical
storm is to vertically mix the local ocean. Since subsur-
face water is cooler and denser, subsurface waters warm
while surface waters cool. In the aftermath of storms,
these cooler surface waters are warmed by the sun, and
the average temperature of waters in the upper few hun-
dred meters of the oceans increase. When these waters
are transported to the high latitudes, they carry corre-
spondingly more heat, increasing the meridional heat
flux. The overall result is to warm the high-latitude ocean
by 1-2°C, and to cool the tropics by a smaller amount.
Upchurch et al. (1998) investigated another effect, the
lower albedo due to the land biosphere. They noted that
Earth was vegetated much more heavily during Creta-
ceous times than at present (fig. 6.3), and diagnosed the
effect of the change in albedo. Fully vegetated land ab-
sorbs light much more efficiently than desert or sparsely
vegetated surfaces, and leads to warming. They calculated
that the Eocene vegetation would induce warming of 4-
8C° in Arctic continental regions relative to ground free
of vegetation. The actual Eocene warming would have
been smaller because modern land is not free of plants.
Two possibilities have been suggested for warming
high latitudes by increasing wintertime cloud cover.
Clouds have opposing effects on surface temperature.
First, they reflect sun’s light and cool the surface. Second,
they have greenhouse properties, trapping Earth’s out-
going long-wave radiation and reradiating it toward the
surface. This latter effect explains why summer nights



"(8661 T& 32 "I yoInyod) woIy) snoade)ar)) a1e] Ay} SULINP PajsaIo] sem 11sap pue spue[sseId £q pa1aAod Ajuarino
SIUDUTIUOD A} Jo oIk 958 Y '[I0S aTeq (8) 9s210] Snonpap Jejod (£) {(219Y pasn jou) yeuueaes [ed1dor) (9) sa10J
SNOIDJTUIOD PUE PIABS[-PLOI] UISI0A3 djerada) (§) 9I9SoPTUISS PUE 119D (/) SPUB[POOM PUER 1S2I0J U2IIFI0Ad
paaes[-peoiq resordonqns (¢) 5910 snonpraprwas [esrdon (7) 9sarojurer resrdoiy, (1) erep 4q paping (ppow e

UIOI] PAIIDJUT SB SN025B}2ID) 1B oY) Jurmp a5ejans syyjIe 1940 sad£) uonejadoa jo uonnquisip ayy, '¢'9 ‘81

apniubuo

3,081 3.0C1 3,09 0 M.09 M.0TL M.08L
T T T T T S.06

u

—

S.09

S.0€

>
apnine

N.0€

N.09

N.06

e 99



CLIMATES OF THE MESOZOIC AND PALEOGENE

can be quite cool when the sky is clear. At most places
and times, reflection wins, and clouds lead to cooler
surface temperatures. At high latitudes during winter,
sunlight is dim or absent, and albedo does not have an
important impact on climate. However, clouds still exert
a greenhouse effect. As a consequence, more clouds lead
to warmer winters in polar regions.

One route to increased wintertime cloudiness lies in
the troposphere. If the Arctic Ocean were warmer (due,
for example, to elevated CO,), it would be ice free dur-
ing the winter. Water would evaporate, and air above the
sea surface would warm by contact with the warmer sea.
This warm air would be buoyant; it would rise, cool, and
vapor would condense as clouds (Abbot and Tziperman
2008; Abbot et al. 2009). According to modeling stud-
ies of Abbot et al. (2009), greenhouse forcing over the
Arctic would increase by about 40 W m™ due to winter
clouds. Global average incoming solar radiation, after
accounting for Earth’s albedo, is about 235 W m™, and
an increase of 40 W m™ during winter at high latitudes
is significant. The increased greenhouse forcing over
nearby continents is smaller, of order 20 W m™, but
still important. Hence, increased convection due to an
ice-free Arctic could result in dramatic warming of the
oceans as well as the high-latitude continents.

A second route to increased cloudiness lies in the strato-
sphere. Normally the stratosphere is cloud free because it
is sourced by very cold (hence dry) air at the tropical tro-
popause, and because temperature within the stratosphere
rises with altitude. Today, the stratosphere becomes cold
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enough during polar night that water condenses to form
“polar stratospheric clouds,” but these are thin and have
weak greenhouse effects. If, however, the concentra-
tion of CH, were higher, the water concentration of the
stratosphere would rise as a result of methane oxidation
(CH,+2 O, = CO,+2 H,0). Sloan and Pollard (1998)
invoke this process, speculating that warmer, wetter cli-
mates would have led to more wetlands and greater CH,
production. They show that if the resulting clouds were
sufficiently thick during the Eocene, they would exert a
strong radiative forcing in high northern latitudes.

Alternatively, Kirk-Davidoff et al. (2002) suggest that
dynamic changes would lead to more cloudiness in the
winter polar stratosphere. They argue that higher Pa-
leogene CO, would lead to warmer climates that would,
in turn, slow down the circulation of the stratosphere.
Air entering the stratosphere in the tropics would be
warmer and would thus have a higher vapor content. On
the other hand, the polar stratosphere would be colder,
and thicker polar stratospheric clouds would condense.
A simulation showed that this mechanism could deliver
a radiative forcing of about 15 W m~, which again would
be quite significant.

Recently, Huber and Caballero (2011) showed that
CO, concentrations of 4500 ppm could account for
much of the proxy temperature data describing Eocene
climates. Their model simulated some of the specific
feedbacks described above. Understanding whether CO,
concentrations ever reached these levels, and whether
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temperatures in the tropics reached simulated values of
35-40° or more, is a task for future research.

WAS EARTH EVER GLACIATED DURING
CRETACEOUS AND PALEOGENE TIMES
OF EQUABLE CLIMATES?

A number of studies have argued for significant global
glaciation during the Cretaceous and Paleogene. If cor-
rect, this work poses a challenge to our understanding of
periods of equable climates.

Gale et al. (2002), Kominz et al. (2008), and Miller
et al. (2009) examined long records of coastal sedimen-
tation on sinking continental margins oft New Jersey,
Delaware, and southern India. They interpreted changes
in sediment lithology as indicating changes in sea level
which were, in turn, attributed to the growth and decay
of major ice sheets. Essentially, these authors believe that
they identified Cretaceous cyclothems.

Bornemann et al. (2008) and Tripati et al. (2005)
both diagnose glaciation from the 'O of foraminiferal
CaCO,. Bornemann et al. identify an episode during
the Turonian (~90 Ma), where planktonic and benthic
foram data both indicate a combined cooling/increase
in ice volume on the Demarara Rise. Using the TEX,
proxy to estimate the temperature change, they were
able to show that the 0™ of surface water had changed
during this event, and concluded that the same was
true of the deep water. This ocean 0O change would
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imply a global sea level change of about 50 m. Tripati et
al. (2005) present similar evidence for an event in the
Middle Eocene, at about 41 Ma, and estimate a sea level
change of about 150 m. For reference, the glacioeustatic
sea level lowering is 60 m today; during the Pleisto-
cene, it was up to 190 m relative to an ice-free planet.
Other studies have indicated the absence of variability
in foram isotopes during the key intervals (Ando et al.
2010; Moriya et al. 2007).

Judging by today’s ice sheets, Greenland and Antarc-
tica could have accommodated about 60 m of ice, and
the evidence might be lost by glacial erosion or hidden
below the current glaciers. Sea level lowering of 150 m
requires glaciation of currently unglaciated regions. This
ice volume is much greater than Earth experienced dur-
ing much of the late Paleozoic. There is extensive direct
evidence for late Paleozoic glaciation, and we would ex-
pect to find direct evidence for 150 m of Eocene glacia-
tion as well (diamictites, moraines, scored and polished
pavement, etc.). Alley and Frakes (2003) identified a
Lower Cretaceous diamictite (a cemented, poorly sorted
rock deposit) from the Flinders Range, Australia, as a
deposit of likely glacial origin. However, the deposit can
probably be attributed to local glaciation at its paleo-
latitude of 66° S. Direct evidence of large continental
glaciers during times of equable climates appears to be
lacking. In our view the intriguing question of globally
significant Cretaceous-Paleogene glaciation remains to
be settled.
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7 THE PALEOCENE-EOCENE
THERMAL MAXIMUM

................................................................................

THE PALEOCENE-EOCENE THERMAL MaxiMmuMm (PETM)
was an event of about 200 Kyr duration, starting at the
onset of the Eocene. During the event, a massive amount
of CO, was rapidly released to the oceans and atmo-
sphere. An alternative scenario for the kickoff is that CH,
was released, and rapidly oxidized to CO,. The conse-
quences were predictable and dramatic. Global tempera-
tures rose by about 6°C. The oceans became acidified,
perhaps contributing to the extinction of many deep-
dwelling calcareous organisms. Also, caustic seawater
dissolved CaCO, shells that normally accumulate on the
seafloor at intermediate ocean depths. On land, warm-
ing led to changes in the distribution of precipitation, an
increase in weathering rates in some areas, and changes
in the flora and fauna. While this general response is well
documented, the origin(s) of the greenhouse releases
that initiated this event remain a subject of speculation
and analysis.

The magnitude of the CO, release is estimated to be
between 2000 and 6000 Gt C (1 Gt C=10° tons C=
10" gm C). The range is comparable to the anthropo-
genic CO, release if we burn all available coal, oil, and
natural gas. In addition to global warming and ocean
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acidification, the PETM response involved neutralization
of CO, by CaCO, sediments, changes in the hydrological
cycle, and the responses of land and ocean ecosystems to
climate change, all of which are of interest in the context
of anthropogenic global change. As a remarkable event
in nature that is also something of an analog for the im-
pending high-CO, world, the PETM has sparked great
interest.

The PETM event was first identified by Kennett and
Stott (1991). In a Southern Ocean core, they found large
transient decreases in 0°C and 0®O in Foraminifera
skeletons at the Paleocene-Eocene boundary. The 6O
decrease signaled a warming of about 5°C, while the
0C decrease signified the addition of a large amount of
biological CO, to the oceans. The isotopic carbon com-
position indicates a biological pedigree because organ-
isms discriminate against "C, and in favor of “C, when
making organic matter from CO,. This discrimination is
anywhere from 5 to 25%o (but mostly toward the higher
value), which is to say that the 6”C of organic matter is
~25%o less than that of CO, in air or dissolved inorganic
carbon in seawater. In addition, methanogenic bacteria
decompose organic matter into CO, and CH,. There is a
further isotope fractionation in this step, such that bio-
genic CH, has a 6”C of about —60%o. So the change in
oceanic 0°C found by Kennett and Stott implies addition
of biogenic carbon, and the required magnitude is about
half as great if CH, rather than CO, is the ultimate source.

Since the initial work of Kennett and Stott, the foram
0"C and 0"0 decreases have been identified in cores
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from the Atlantic, Pacific, Indian, Southern, and Arctic
Oceans at the time of the Paleocene-Eocene boundary;
see original data and summaries in Handley et al. (2008);
Nunes and Norris (2006); Rohl et al. (2007); Weijers et
al. (2007); Zachos et al. (2008); Zachos et al. (2007); and
Zachos et al. (2006).The 0°C decrease is also present on
land, where (for example) it is recorded in ancient soils
of Paleocene-Eocene age in the North American moun-
tain west (Wing et al. 2005).

In this chapter, we start by discussing the carbon iso-
tope data that record an extraordinary input of CO, or
CH, into the ocean or atmosphere at the boundary be-
tween the Paleocene and Eocene epochs. We then dis-
cuss evidence for the magnitude of the CO, release to
the oceans and atmosphere, the magnitude of the associ-
ated warming, and the imprint of the CO, release in the
CaCO, abundance of deep-sea sediments. We end with a
summary of hypotheses to account for the release.

THE PETM EVENT: TIMING, DURATION, AND
MAGNITUDE OF THE TEMPERATURE CHANGE

As noted above, carbon isotope records, from both
land and oceans, reflect the timing, intensity, and dura-
tion of the PETM. Figure 7.1 shows the 0°C and 0*O
changes as observed in deep-sea foram records. Nut-
talides trumpeyi is a benthic (bottom-dwelling) foram,
and records conditions in the deep sea; the other two
species are planktonic (surface dwelling), and record
conditions at the sea surface. Figure 7.2 shows the 6°C
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Fig. 7.1. The 0"C and 6O of the planktonic foraminifera Acarinina
praepentacamerata and Subbotina, and benthic foram Nuttalides
truempyi, plotted against age and depth, in Ocean Drilling Pro-

gram hole 690B (Kennett and Stott 1991). The large 6°C decrease at
170.6 m depth observed in all three species marks the beginning of
the Paleocene-Eocene Thermal Maximum. The original chronology
(shown on this figure) has been revised and the 6”C transition is now
known to occur immediately after the Paleocene-Eocene boundary,
in the earliest Eocene, at the depth marked Benthic extinction.

change as observed in sedimentary organic matter from
paleosols of two Wyoming sites (from Nunes and Norris
2006; Wing et al. 2005). Both foram and paleosol records
show the large decrease in 0°C at the Paleocene-Eocene
boundary. One noteworthy feature of the benthic foram
records is the almost complete absence of any intermedi-
ate 0°C values at the onset of the event. More such evi-
dence comes from the work of Zachos et al. (2008), who
analyzed single Foraminifera shells to avoid the problem
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that mixing of specimens growing before and after the
onset of the PETM can give intermediate isotope values.
In samples from several deep-sea sites and a New Jersey
coastal site, Zachos et al. (2008) found that the isotope
composition of individual Foraminifera was bimodal;
tests either had values corresponding to conditions be-
fore the shift or after the shift, but no intermediate values.

The abruptness of the shift must result from two fac-
tors. First, the onset of the PETM occurred in a very
short time. Second, the addition of CO, to the oceans
dissolved CaCO,, making the transition in some places
appear even more rapid than it really was. The period
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over which CO, was added, extending from the previ-
ous 0”C baseline to the time of minimum 0"C, has been
estimated to be about 10,000 years.

The duration of the entire PETM is thought to have
been about 200 Kyr. This estimate is based on two lines
of evidence. First, shorter climate cycles in the PETM
were superimposed on the larger, rapid change and long
recovery. These small cycles have been related to climate
forcing from the periodic change in the position of the
equinoxes in Earth’s orbit around the sun. The equinoxes
vary on a 20,000 year cycle, thereby providing a ticking
clock for telling time (Rohl et al. 2007). Second, the abun-
dance of “interplanetary dust particles” that are thought
to rain out of the sky at a roughly constant rate also pro-
vides time information (Farley and Eltgroth 2003).

The temperature rise seems to have been about 5°C in
the tropics and 8°C at high latitudes, with considerable
uncertainty. Warming in the deep sea, inferred from the
00 of benthic forams, was typically about 5°C (Nunes
and Norris 2006). The warming was likely similar at the
high-latitude sea surface from whence the deep waters
came. Continental warming was similar in midlatitudes
of North America (Wing et al. 2005). It was also similar
or somewhat larger in Arctic regions (Sluijs et al. 2006;
Weijers et al. 2007).

The intensity of the event, as recorded both in foram
C and O isotopes, was greatest at its inception, then
tailed off to background levels with a half-time of about
100 Kyr. This number is similar to the residence time of
outgassed CO, in the modern ocean-atmosphere system.
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It is thought to reflect the rate at which excess CO,,
somehow injected to initiate the event, was consumed by
weathering. The duration of the PETM was thus deter-
mined by the time required for weathering to take up the
huge CO, pulse introduced at the start.

THE MAGNITUDE OF CO, INJECTION
AND GLOBAL WARMING

A focus of PETM studies involves the attempt to rational-
ize this event in the context of our paradigm for under-
standing the modern carbon cycle and its link to climate.
The idea is to assemble a falsifiable coherent narrative
linking changes in the seawater CO, concentration, ocean
acidity (as reflected by the preservation of CaCO, in sedi-
ments), 0°C of seawater CO,, and global temperature
(Higgins and Schrag 2006; Panchuk et al. 2008; Zeebe et
al. 2009). The first task is to estimate the CO, concen-
tration of dissolved inorganic carbon (DIC is equal to
[CO,] + [HCOS] + [COZ7]) in the Paleocene ocean.

The starting point comes from the fact most C in the
“mobile reservoirs” on the Earth’s surface (ocean, atmo-
sphere, and biosphere, including soils) is in the oceans—
about 95% today—and most dissolved inorganic carbon
in the oceans is present as HCO; . The dissolved inorganic
carbon concentration of the PETM oceans is unlikely to
have differed much from today’s value. The justification
for this statement comes from constraints on the values
of pCO,, seawater calcium concentration, and the sea-
water CaCO, saturation during the PETM and today. By
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manipulating the equations describing equilibrium be-
tween dissolved CO,, HCO;, and CO;" in seawater, and
the solubility product of CaCO,, one can derive the fol-
lowing equation:

[HCO;] = (K, X KSP/KII)I/2 X ([CO,]/[Ca])",

The constants K, and K, are the dissociation constants
of H,CO, and HCOj, and K is the solubility product of
CaCO,. The chemical variable is the ratio of CO,/Ca*".
During the Paleocene and Eocene, it is thought that the
atmospheric CO, concentration was higher than today
by perhaps a factor of three to four (see chapter 6), while
the seawater calcium concentration was higher by about
a factor of two (Lowenstein et al. 2001). Because of the
square root dependence on the CO,/Ca’* ratio, there
would not have been a large change in the dissolved inor-
ganic carbon concentration (DIC), which at seawater pH
is approximately equal to [HCO; ], despite large changes
in ocean chemistry. The constant term would have been
slightly lower than today (Millero 1979), because of its
temperature dependence. Thus the best estimate is that
the DIC inventory of seawater was perhaps 30% higher
than the modern value of 40,000 Gt C. The difference, al-
though uncertain, is not that large, and has been ignored
in most studies.

Assuming that the DIC concentration of Paleocene
seawater was similar to the modern concentration, we
can estimate the magnitude of the CO, addition required
to account for the observed 0”C lowering at the onset
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of the PETM. The 0"C of DIC is approximately zero,
and the seawater DIC concentration was about 40,000
Gt C. If the carbon source was biogenic methane with a
0"C approximately —60 %o, then the required addition
was (—AOPC_ /—60%o) X 40,000 Gt C. The AS"C_, the
decrease in the seawater 0°C value during the event, is
itself an uncertain number, with estimates ranging from
about 2 to 5%o (e.g., Handley et al. 2008; Nunes and Nor-
ris 2006; Wing et al. 2005). The C input required for bio-
genic CH, is thus about 1300-3300 Gt C. If biogenic CO,
was added instead of methane, the required input would
have been about twice this amount.

Can carbon additions of this magnitude account for
the observed warming and ocean acidification? At the
lower levels of addition, probably not. While CH, is a
powerful greenhouse gas, it is rapidly oxidized, and we
therefore need to look to CO, to account for greenhouse
warming over thousands of years. In one scenario, Zeebe
et al. (2009) estimated that the addition of 3000 Gt C
would raise CO, to 1700 ppm from an assumed initial
value of 1000 ppm. If doubling CO, raises global temper-
ature by 2-3°C, this change would account for a warm-
ing of only about one-third of the observed change of
roughly 6°. Increasing the magnitude of the CO, release
to 6000 Gt helps (Higgins and Schrag 2006; Panchuk et
al. 2008). However, it may only be sufficient if Paleocene
CO, is well below 1,000 ppm (in which case doubling
CO, is easier). Alternatively, other feedbacks in the cli-
mate system may have contributed to the warming.
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OCEAN ACIDIFICATION AND CACO,
ACCUMULATION IN SEDIMENTS

Recent models also examine the quantitative effect of
CO, addition on the magnitude of sedimentary CaCO,
dissolution. To see how one approaches this problem it is
necessary to describe the cycle of CaCO, in the oceans.
Rivers carry dissolved Ca** and dissolved HCO; to the
oceans. As concentrations of these species rise in the sea,
the solubility product of CaCO, will be exceeded. CaCO,
will precipitate, and accumulate in sediments. The way
most CaCO, precipitates out of seawater is as shells
of Foraminifera and coccolithophorids. (Coccolitho-
phorids are algae with external skeletons made up of in-
tricate CaCO, plates, or liths.) When the organisms die,
their skeletons fall to the seafloor. The flux of biogenic
CaCO, to the seafloor is, today, about five times the river
flux of Ca** and CO?™ to the oceans. Consequently, in the
modern ocean, about 80% of sinking CaCO, dissolves.
This fraction is dictated by feedback mechanisms that
balance river input and sedimentation. If sediment ac-
cumulation were faster than the river input, for example,
CaCO, would become less saturated in seawater, more of
the CaCoO, falling to the seafloor would dissolve, and a
new balance would evolve.

Two effects cause deeper waters of the oceans to be
undersaturated with CaCoO,, and surface waters to be su-
persaturated. First, organic matter forms in surface water
and decomposes in deep water, according to the reaction:
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CO, + H,0 > CH,0 + O,

In deep water, respiration drives the opposing reac-
tion. Production of organic carbon removes CO, from
surface water, driving the equilibrium in this water to-
ward higher CO}™ concentrations and higher degrees of
CaCO, saturation. Respiration in the deep ocean has the
opposite effect; [CO? "] decreases as it reacts with respira-
tory CO, to form HCOj. Second, CaCO, has retrograde
solubility. That is, it is actually more soluble in colder
waters, and therefore has higher solubility in the deep
sea. Thus, the solubility product increases with depth
and the concentration product (observed [Ca®] X ob-
served [COJ]) decreases with depth. The two curves
cross at some intermediate depth. Above this depth,
CaCO, is supersaturated in seawater and preserved in
sediments; at deeper depths it is undersaturated and
dissolves. The depth at which dissolution commences is
the “lysocline” and the depth where the concentration
of sedimentary CaCO, falls to zero is the “compensation
depth” The Ca* and CO>™ concentrations of seawater
adjust themselves, via feedback mechanisms, to levels
where sedimentation of CaCO, is exactly in balance
with input (fig. 7.3).

The addition of massive amounts of CO, to the oceans
has the effect of lowering the CO; concentration of
seawater via its reaction with CO, to make HCOj. This
process then lowers the degree of CaCO, saturation, pro-
moting dissolution of sedimentary CaCO, in deep-sea
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Fig. 7.3. Illustration of the relationship between the solubility prod-
uct of CaCO, in the oceans and the concentration product. The Ca**
concentration of seawater is nearly constant so that changes in the
concentration product are due to changes in the concentration of
carbonate jon.

sediments where CaCO, had previously accumulated. As
a result CaCO, is present only at shallower depths than
before the event. In the record, the compensation depth
rises by a few hundred meters in the Pacific Ocean and
well over a thousand meters in the Atlantic (see sum-
maries in Panchuk et al. 2008; Zeebe et al. 2009). These
authors show that one can account for the changes by
invoking the addition of about 3000-6000 Gt C as CO,,
in the range of estimates from 0*C.
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POSSIBLE SOURCES OF CARBON
DIOXIDE OR METHANE

Finally, there is the question of the source of CO, that
initiated the event. Four possibilities have been sug-
gested. Dickens et al. (1995) proposed that a warming
of unknown cause initiated the release of CH, hydrates
from deep-sea sediments. These solid-phase compounds
form in sediments at moderate ocean depths when large
quantities of CH, are produced from the decomposition
of organic matter in the mud, and the temperature is cool
enough that the stable form of CH, is as solid methane
hydrates. Dickens et al. (1995) cite estimates that the mod-
ern CH, hydrate reservoir contains 8000-15,000 Gt C;
the Paleocene reservoir would have been smaller because
methane hydrates are less stable when ocean tempera-
tures are warmer. A sudden warming of the oceans at the
Paleocene-Eocene boundary could destabilize methane
hydrates and cause CH, to be released to seawater. The
observed 0"C change at the onset of the PETM limits the
resulting C flux to 1300-3300 Gt C, as estimated above.
Recently Zeebe et al. (2009) worked backward, using the
changes in carbonate compensation depth and seawater
0"C to calculate the magnitude of the CO, release and its
0"C. They calculated a magnitude of 3000 Gt C and a0"C
of —50%o. The very low 0"°C value, characteristic of meth-
ane, supports a large role for methane in the PETM event.

Higgins and Schrag (2006) suggested that the CO,
came from oxidation of organic carbon in sediments
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of shallow water seas that dried up at the end of the
Paleocene. In their hypothesis, large areas of shallow sea
floor were uplifted and became emergent in regions of
low rainfall. If the sedimentary organic carbon was con-
verted to CO, by respiration or fires, these areas could
easily supply the required amount. It is difficult to test this
hypothesis; it would require identifying candidate areas
and showing they lost large amounts of sedimentary car-
bon at the very beginning of the Eocene. Huber (2008)
suggested that warming associated with the PETM may
have essentially poisoned tropical plants by promoting
photorespiration. Photorespiration is a process in which
Rubisco, the enzyme that transforms CO, into organic
C, also oxidizes organic C to COZ. As temperatures rise,
oxidation is favored at the expense of respiration, and
when temperatures are sufficiently warm, plants cannot
grow because of the oxidative losses. Death of tropical
plants could conceivably lead to the release of ~1000 Gt
Cas CO, from both the plant and soil reservoirs. Against
this hypothesis is the fact that CO, was elevated during
the PETM. Higher CO, suppresses photorespiration and
would have partially counteracted the increase of photo-
respiration caused by higher temperatures.

Then there is the intriguing coincidence of a mas-
sive carbon release at the start of the PETM, and mas-
sive volcanism in the North Atlantic associated with
continental drift. The North Atlantic Igneous Province
includes volcanic rocks extending from Greenland and
Bafhin Island at its west, to the Faroes, Great Britain, and
northwestern Europe. It is associated with the onset of
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seafloor spreading in this region. There were extensive
volcanic flows that coincided, within the uncertainty
of a few hundred thousand years, with the onset of the
PETM (Storey et al. 2007; Svensen et al. 2010; Westerhold
et al. 2009). Some flows were injected as sills into lay-
ers of sedimentary rocks, and could have converted large
amounts of organic carbon into methane. One can make
back-of-the-envelope calculations showing that this pro-
cess is a plausible source of the PETM releases, but there
is not enough data to quantitatively estimate the associ-
ated carbon fluxes.

Finally, a recent paper offers the intriguing hypothesis
that CO, released during the PETM was derived from
the decay of organic matter in permafrost. Permafrost is
permanently frozen ground. It contains relatively high
levels of organic carbon derived from vegetation in the
“active layer” (the surface soil in permafrost regions that
defrosts in summertime). Warming leads to the deepen-
ing of the active layer, and respiration leads to the trans-
formation of organic carbon (in the active layer) to CO,
that is released to the atmosphere. DeConto et al. (2012)
suggest that, during the early Cenozoic, Antarctica and
Greenland were unglaciated, but largely covered with
permafrost. Slow warming during the Paleocene (fig.
7.1) would have warmed large regions toward the point
where permafrost would melt. Then, when changes in
Earth’s orbit around the sun favored warm summers
(box 4), significant areas of permafrost would melt and
release large amounts of CO, to the atmosphere. This
release would lead to more warming, further release of
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CO,, more warming, and so forth, until the addition of
CO, associated with the event was fully realized.
Whatever its origin, the PETM was not unique. There
were at least two events, about 2 Myr after the PETM,
that are similar in character but smaller in magnitude
(Stap et al. 2010). These observations, like so much other
data, give us a rich picture of the phenomenon, but it
remains for us to put together the pieces and come up
with the definitive picture of the origin of this event and
the quantitative link between increased greenhouse gas
concentrations and the observed warming.
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8 THE LONG COOLING
OF THE CENOZOIC

................................................................................

THE OXYGEN ISOTOPE COMPOSITION OF BENTHIC FORA-
minifera provides a critical tool for characterizing the
cooling between the Paleogene and today, because it de-
pends on temperature and ice volume. The first figure (fig.
6.1) of chapter 6 is an iconic graph of benthic foram 6O
versus age from Zachos et al. (2001). It shows the major
climate events of the last 65 Ma. The dominant feature of
the climate record is the long cooling, starting around 50
Ma, that led to the ice age cycles of the Pleistocene, and to
our place in an interglacial period. This long-term trend
was punctuated by dramatic stepwise changes. By about 3
Ma, there was massive glaciation of the Northern Hemi-
sphere continents at sea level, which will be discussed in
the next chapter.

The story here starts with the “ice-free” Earth in the
early Paleogene. In fact, the ice-free character of the
planet at this time is a matter of controversy, as dis-
cussed in chapter 6. We take the view that ice sheets
in the Paleogene were never close to being as extensive
as today. However, there may have been transient ice
sheets on Antarctica preceding the permanent glacia-
tion beginning near the Eocene-Oligocene boundary
(34 Ma).
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The 00 of benthic forams depends on ice volume and
bottom water temperature. The role of the ice volume is
to sequester isotopically light water in ice sheets, thereby
making the residual ocean (and forams that grew in it)
isotopically heavier (box 2). We can estimate the com-
position of the ice-free ocean by asking how much the
isotopic composition of the oceans would change if to-
day’s ice sheets melted. The answer is that its 0'*O would
fall by about 0.6%o. From this number, we can calculate
that the temperature of the deep Paleogene ocean ranged
from about 12°C (or perhaps slightly higher) during the
Eocene climate optimum at 50 Ma, to about 5° immedi-
ately before the cooling at the Eocene-Oligocene bound-
ary. For reference, the temperature of the modern deep
ocean is about 2°C. There was thus a large change in the
temperature of the deep ocean, and in the temperature of
the high latitudes where deep waters form.

This long cooling was accompanied by a series of cli-
mate and biotic events that came to shape many features
of the modern world. In this chapter we focus on four of
these events: (1) the major coolings at 34 and 14 Ma, (2)
the glaciation of Antarctica at 34 and 14 Ma, (3) the origin
of the monsoons, and (4) the development of so-called
C4 grasses in the later Miocene. We also examine a long
period of stasis during the Oligocene. Other important
changes transpired but are not discussed here. These in-
clude the warming from the Late Paleocene to the Eocene
climate optimum, the long Eocene cooling from about 50
to 34 Ma, and the late Oligocene warming at about 25 Ma.
We just don't know much about the nature of these events.
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The scene is set in the previous two chapters. The
Paleocene and Eocene periods were part of the long,
warm interval from about 250 Ma to 34 Ma character-
ized as equable climates. Starting at the beginning of
the Paleocene (65 Ma), the climate warmed until about
50 Ma, then cooled until a threshold was crossed, and
Antarctica became permanently glaciated 34 million
years ago.

THE COOLING AT THE
EOCENE-OLIGOCENE BOUNDARY

The transition toward glacial conditions at the Eocene-
Oligocene boundary was discovered by Kennett and
Shackleton (1976) based on analyses of the 0**O of ben-
thic Foraminifera in a deep-sea drilling project core
raised south of New Zealand (fig. 8.1). The 00 oscillates
before the Eocene-Oligocene boundary, increases to a
maximum, and then recovers toward slightly warmer
values. The 0"®0O increase reaches about +1.4%o at its
maximum. This change aggregates the effects of temper-
ature and ice volume. Adopting a nominal value of 1%o
per 100 m of sea level for the ice volume dependence,
and 0.25%o per degree for the temperature dependence,
we can explain the observed 0O change by glaciating
Antarctica to its present extent (this involved ~54 m of
sea level lowering) together with a cooling of 3-4°C. It
seems unlikely that Antarctic ice volume was larger than
present, but the cooling could have been larger and ice
growth smaller.
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Fig. 8.1. The 6**O and 0"C of benthic Foraminifera (living on the
sea floor) versus time across the Eocene-Oligocene boundary in the
equatorial Pacific (ODP Site 1218, 8°53.38" N, 135°22.0" W) (Coxall
et al. 2005). Increasing values of 6™®0O (to the right in this diagram)
indicate colder temperatures of ocean bottom waters and surface
waters at high latitudes, together with increasing ice volume

The abundance of alkenones and tetraether com-
pounds (box 3) in sediments across the Eocene-
Oligocene boundary support this possibility of a larger
temperature change and less ice growth (Z. Liu et al.
2009). The relative abundance of similar alkenones and

147
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tetraether compounds in plankton change as a func-
tion of surface water temperature. These temperature-
dependent chemical variations are preserved by
organic matter incorporated into deep-sea sediments.
The relationship between abundance and tempera-
ture is known from the analyses of these compounds
in surface sediments from the modern seafloor. From
the abundance of alkenones and tetraether compounds,
L. Liu et al. (2009) diagnosed a temperature decrease
of about 5-7°C in seven deep-sea sediment cores from
high latitudes.

The entire Eocene-Oligocene cooling and glaciation
(denoted Oi-1) lasted about 400 Kyr (Coxall et al. 2005;
Lear et al. 2008). The transition occurred in two roughly
equal steps, with a ~200 Kyr plateau in the middle. After
the second step, a warming began that erased about one-
third of the 00O increase over the next one Myr. This
warming notwithstanding, benthic foram 0%0O data
clearly record a shift from a largely unglaciated Antarctic
continent in the late Eocene to a heavily glaciated conti-
nent in the early Oligocene.

Glaciation at the Eocene-Oligocene boundary is ac-
companied by a deepening in the carbonate compensa-
tion depth, the deepest depth at which CaCO, skeletons
are preserved in the sediments. Ocean chemistry thus
changed in a way that was more favorable to CaCO,
preservation, which is to say that the ocean became more
alkaline. This change may have temporarily lowered the
CO, partial pressure of surface ocean waters and hence
the atmosphere (Coxall et al. 2005).
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The growth of ice sheets in Antarctica and the cool-
ing of the oceans, at least at high latitudes, were accom-
panied by major changes in continental temperatures,
precipitation, vegetation, and animal life. In many areas,
cool ecosystems representing open forest and grassland
gradually replaced denser, warmer temperature forests
(Bredenkamp et al. 2002; Jacobs et al. 1999). The change
in flora drove a change in the mammalian fauna so ex-
tensive that it has been named the “Mongolian Remodel-
ing” in Asia and the “Grande Coupure” in France.

In central North America, the oxygen isotope com-
position of fossil bones records a major cooling at the
Eocene-Oligocene boundary (Zanazzi et al. 2007). As an
air mass travels inland from its oceanic source, cooling
induces condensation and precipitation. The precipita-
tion is enriched in ®O. By mass balance, residual water
vapor, and subsequent precipitation, become progres-
sively more depleted in "*O along the travel path of the
air mass. The colder the temperature at a point along
the trajectory, the more water vapor will have been lost
before the air mass reached that point, and the lighter
will be the 6"%0 of the precipitation. In this way, regional
temperature is registered in the isotopic composition
of precipitation. The isotopic composition of oxygen in
bones at a fossil site reflects the isotopic composition
of precipitation. Zanazzi et al. (2007) measured a 6"*O
decrease across the Eocene-Oligocene boundary that re-
flected, according to their estimate, a cooling of about
8°C. Wolfe (1994) reported a similar cooling for western
North America by examining the shapes of fossil leaves,
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which vary in a systematic way with temperature. In the
Arctic, pollen studies indicate that wintertime tempera-
tures fell by about 5°C. Seasonality increased, but Green-
land was not heavily glaciated (Eldrett et al. 2009).

Blondel (2001) summarized evidence for a shift to more
open vegetation across the Eocene-Oligocene boundary in
western Europe. This shift indicates cooler temperatures,
drier conditions, and increased seasonality. The vertebrate
fauna changed simultaneously. Above the boundary, the
diversity of indigenous ungulates decreased, ruminants
became abundant, and dentition changed to reflect that
animals began grazing on resistant plant material. Smaller
animals became more important and larger animals de-
clined. Changes in climate, flora, and fauna were similar
in central Asia (Kraatz and Geisler 2010; Meng and Mc-
Kenna 1998; Y.-Q. Wang et al. 2007). Less information is
available about the Southern Hemisphere continents, but
the general picture appears more or less the same (Breden-
kamp et al. 2002; Jacobs et al. 1999).

As usual, there is some evidence that does not fit. For
example, oxygen isotope data from Argentina and Ger-
many show no evidence for a temperature change across
the boundary (Heran et al. 2010; Kohn et al. 2004), and
Prothero and Heaton (1996) found the North Ameri-
can fauna to be stable. Without doubt, in some areas
changes in climate and vegetation were small. However,
in most temperate and subpolar latitudes the changes
were dramatic.

About eight Myr after the cooling and growth of ice
at the Eocene-Oligocene boundary, there is a decrease
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in benthic foram 00 back toward values characteristic
of the Late Eocene. Otherwise, there are no dramatic cli-
mate changes during the Oligocene. However, the ben-
thic foram isotope record reveals persistent cyclicity in
both 60 and d"C (Palike et al. 2006). Periods of vari-
ability fall into bands associated with changes in the ec-
centricity of Earth’s orbit (100 and 400 Kyr), tilt of the
spin axis (41 Kyr), and (to a small degree) precession (21
Kyr). The 6"C varies primarily with a period of 400 Kyr,
a reflection of higher frequency variations in the carbon
cycle coupled to the long residence time of carbon in the
oceans. Higher values of 0°C probably reflect increased
burial of organic carbon. Climate (indicated by 6*O)
and carbon cycle variations are clearly coupled, and part
of the story is that climates are cooler when more carbon
is buried (and higher 0*0O coincides with higher 6*C in
benthic forams). Increased burial of organic C means
less CO, in air. However, the small magnitude of 0"C
changes shows that CO, changes due to organic carbon
burial alone would probably have been too small to affect
climate. Such orbital-duration cycles pervade the entire
Cenozoic climate record, although amplitudes, domi-
nant periods, and the nature of links between 0”C and
00 vary over time.

There was a transient cooling at the Oligocene-
Miocene boundary (23.5 Ma), and a major Miocene
cooling at about 14 Ma. In the context of the long Ce-
nozoic record, this latter event marks the point of no re-
turn, leading to further cooling and eventually, intense
glaciations of the Late Pleistocene.
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THE MIDDLE MIOCENE COOLING
(MI-1), 13.8 MA

At 13.8 Ma, the 0O of benthic forams rises by about
1%o at many sites around the world (Flower and Ken-
nett 1994; Holbourn et al. 2005; Savin et al. 1981; Zachos
et al. 2001). This increase may be observed in the Ce-
nozoic 0®0 curve of Zachos et al. (2011), (fig. 6.1), and
in the more detailed record from Hole 1146 of the Inte-
grated Ocean Drilling Program (IODP) from the South
China Sea (fig. 8.2, Holbourn et al. [2005]). The Mg/Ca
ratios of forams, which rise with temperature, show that
most of the 0"0 increase was due to ice volume, indi-
cating growth of an ice sheet on Antarctica comparable
to today’s. The sediment data is accompanied by field
evidence for an expansion of Antarctic glaciers. This
evidence is most compelling in the Dry Valleys region
(near the coast south of New Zealand). Deposits prior to
the "0 shift indicate quickly flowing mountain glaciers
with water at the bottom, while after the shift they reflect
large ice sheets frozen to the bedrock (Lewis et al. 2008).

The detailed record of 60 shows periodic variations
beginning well before the cooling (fig. 8.2). The dating
shows that, below the climate transition, individual cli-
mate cycles (0O cycles) lasted about 40 Kyr, whereas
above the transition, they lasted about 100 Kyr. These pe-
riods correspond, respectively, with periods of variations
in the tilt of Earth’s spin axis as well as variations in the
eccentricity of Earth’s orbit around the sun. Eccentric-
ity itself leads to very small changes in annual radiation
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Fig. 8.2. The 6O and 6"C in benthic Foraminifera across the Middle
Miocene cooling and growth of the East Antarctic ice sheet at 13.9 Ma;
these were collected at ODP Site 1146 (South China Sea). Plus signs
mark warm times of climate oscillations recorded in the cores. From
the “Supplementary Online Material” of Holbourn et al. (2005).

incident on the planet. However, it is important for cli-
mate change because, at periods of high eccentricity, a
hemisphere will have very warm summers when it is po-
sitioned close to the sun during that season. The nature
of changes in Earth’s orbit around the sun, and the influ-
ences of these changes on solar insolation and climate,
are outlined in box 4.
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A remarkable feature of the record is the contrast be-
tween the symmetric nature of 40 Kyr obliquity cycles
that precede the cooling, and the sawtooth nature of the
100 Kyr eccentricity cycles that follow. The warming and
cooling phases of the tilt (obliquity) cycles appear about
equal in length. Eccentricity cycles, on the other hand,
involved long, slow cooling, followed by a rapid warm-
ing. As we will see, this pattern was repeated over the
past ~1 Myr or so, and has received much attention. The
40 Kyr cycles may be explained as a direct response of
the climate system to summer insolation (Huybers and
Tziperman 2008). The 100 Kyr cycles are more complex.
Their dynamics may be similar to the 100 Kyr cycles of
the Late Pleistocene, discussed in the next chapter.

CAUSES OF OLIGOCENE
AND MIOCENE COOLINGS

Declining concentrations of atmospheric CO, are obvious
candidates as the culprits of Cenozoic glaciation. The most
complete proxy record for Cenozoic CO, comes from Pa-
gani etal. (2005), (fig. 8.3), who analyzed 6°C in alkenones
from deep-sea sediments. When the CO, concentration
of air is higher, oceanic phytoplankton produce organic
carbon more depleted in "C. Alkenones are long-chained
carbon compounds that are particularly stable, and thus
desirable for reconstructing 0°C in ancient organic mat-
ter. Converting alkenone 6”C to CO, concentrations
requires accounting for a variety of effects influencing
growth rate and the availability of CO, for photosynthesis
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Box 4
Orbital Variations and Climate

One of the main attributes of glacial-interglacial climate change
is its cyclical nature. While debate continues about the origin of
the 100 Kyr cycle observed in the ice ages of the last 500-1000 Ka,
it is clear that much periodicity in climate is caused by changes in
Earth’s orbit around the sun. There are three properties of Earth’s
orbit that vary with time. The first is the tilt (obliquity) of the
spin axis, which changes from about 21.5° to 24.5° during a pe-
riod of 41 Kyr. The second is the eccentricity, which changes with
several periods, including 100 Kyr and 400 Kyr. The third is the
wobble in the tilt axis (precession), which changes with a period
of about 21 Kyr (actually 19 and 23). The nature of precession is
such that, if at a certain point on its orbit, the spin axis points
toward the sun, then 10.5 Kyr later it will be pointing away, and
21 Kyr later it will once again point toward the sun at the same
orbital position. The properties are illustrated in figure A.

According to the eponymous theory of Milankovitch,
the great continental ice sheets will retreat when northern
hemisphere summers are warm, and advance when northern
hemisphere summers are cold. The focus is on the northern
hemisphere because this is where we find temperate and sub-
polar lands that host glaciers during ice ages, and because these
areas are ice free during interglacial times. In the southern
hemisphere, temperate and subpolar latitudes are almost en-
tirely ocean, and great ice sheets cannot develop north of Ant-
arctica. Milankovitch focused on summer, because he thought
that this was the critical season for maintaining ice sheets.
His idea was that, if summers were cool, ice sheets could be
preserved to resume their growth in the fall. If summers were
warm, however, ice sheets would melt and earth would tend
toward an interglacial climate.
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Fig. A. Properties of Earth’s orbit (a) Earth’s orbit when eccen-
tricity is low (left, top) and when it is high (left, bottom). In this
example, it is summer in the southern hemisphere, which is
tilted toward the sun. Summer is cooler under the high eccen-
tricity condition. (b) The precession of the spin axis and the
role of obliquity. Tilt is 23.5° in this diagram (as today), which
is an intermediate tilt condition. When tilt increases to 24.5°,
summers in both hemispheres will be warmer, and when it
decreases to 21.5°, summers will be cooler.

Northern hemisphere summers are cool under three con-
ditions. The first occurs when tilt is small. With a lower tilt,
high latitudes are oriented more obliquely to the sun, and sum-
mers are cooler. When tilt is large, high latitudes are more in-
clined toward the sun in summers, which will then be warmer.
The second condition for cool summers is a high eccentricity.
This is the condition under which the planet is both closest to
and furthest from the sun at different points during one year.
When eccentricity is high, northern hemisphere summers will
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Fig. B. Insolation properties as a function of time for the last
1000 Kyr (back to 1 Ma). From top to bottom, eccentricity,
precession parameter (a function of precession and eccentric-
ity indicating the distance of Earth from the sun at northern
hemisphere summer solstice), obliquity (tilt of the spin axis),
and June insolation at 65° N. Insolation is maximum when
obliquity is high and the precession parameter is low (i.e., when
Earth is close to sun at northern summer solstice).
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(Box 4 continued)

sometimes occur when Earth is furthest from the sun, a favor-
able condition for the growth of ice sheets. The third condition
for cool summers concerns the precession of Earth’s spin ac-
cess. Northern hemisphere summers will be cool when the axis
precesses to the point where summertime actually falls at that
point along the orbit where Earth is furthest from the sun.
Precession, variations in eccentricity, and variations in
obliquity lead to an irregular pattern of northern hemisphere
summer insolation with time (fig. B). Imprinted in this pat-
tern are periods of 21, 41, 100, and 400 Kyr that derive from
the periods of precession, tilt, and eccentricity. These same
frequencies are embedded in many climate records, proving
that orbital changes pace glacial-interglacial climate change
(and climate change during unglaciated periods as well). Fur-
thermore, absolute dating confirms Milankovitch’s prediction
that increasing summertime insolation melts ice sheets, and
decreasing summertime insolation enables their growth.

in phytoplankton. Consequently, derived atmospheric
CO2 concentrations have large uncertainties. However,
there seem to be three robust results in figure 8.3. First,
CO, concentrations were much higher in the Eocene than
in more recent times. Second, there was a large CO, de-
crease around the time of the Eocene-Oligocene bound-
ary. Third, CO, concentrations probably didn’t vary much
during the Miocene, although absolute values might have
been higher than shown in this reconstruction.

Falling CO, is therefore an attractive explanation for
the growth of ice on Antarctica at the Eocene-Oligocene
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Fig. 8.3. (a) Atmospheric CO, concentration over the past 50 Myr
reconstructed from the analysis of the 0°C of alkenones in deep-sea
sediments. The thin black line represents the minimum estimated
CO, concentration. (b) The 6**O of benthic Foraminifera separated
from deep-sea sediments. Higher values indicate larger continental
ice sheets and colder temperatures. From Pagani et al. 2005.
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boundary. Detailed studies of alkenone 0"C across the
Eocene-Oligocene boundary give strong evidence, from
many locations, for a CO, drop at about this time (Pagani
et al. 2011). A modeling study by DeConto and Pollard
(2003) outlines how the glaciers might have developed.
According to their simulation, mountain glaciers would
have existed in the Late Eocene when, in their model,
the CO, concentration was 840 ppm (3 times the pre-
industrial value). Then with falling CO,, glaciers would
advance to lower elevations, and their growth would
be enhanced by the ice albedo. Eventually the snowline
would descend to the elevation of the East Antarctic
Plateau, whereupon much of Antarctica would rapidly
become glaciated. According to their model, Antarctica
would be largely ice covered with 560 ppm CO, in the
atmosphere.

The alkenone 0°C proxy record does not give any evi-
dence for a decrease in CO,at ~14 Ma (Pagani et al. 2005;
Shevenell et al. 2004). On the other hand, Holbourn et
al. (2005) speculate that CO, did in fact decline, based
on two arguments. First, the 0°C of seawater reached a
maximum at this time, which may reflect the enhanced
burial of organic carbon. Organic carbon preferentially
removes “C, and burial of organic C thus leaves the
oceans enriched in the heavy isotope. Burial of organic
carbon would lower atmospheric pCO,. Second, the low-
ering of sea level would have led to less burial of CaCO,
on continental shelves and more in the deep ocean basin,
depressing the CaCO, compensation depth and making
the oceans more alkaline.
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The cooling and ice growth at 13.8 Ma was followed by
a small progressive cooling over the next 10 Ma or so. Dur-
ing this interval, and indeed throughout the Cenozoic,
vegetation was changing in response to climate and co-
evolving with herbivores. The signature change, to which
we turn next, was the spread of grasslands at the expense
of forests and the appearance of so-called C4 plants.

CHANGING CLIMATES AND THE RISE
OF C4 GRASSES DURING THE CENOZOIC

The distribution of vegetation on the planet near the
end of the Cretaceous, based on the distribution of fos-
sil plants, is shown in figure 6.3 (Upchurch et al. 1998).
Vegetation differed from that on the modern Earth in
three ways. First, high-latitude areas that are currently
covered by ice sheets or tundra were then forested, re-
flecting the equable climates discussed earlier. Second,
some arid regions where deserts prevail today were then
also forested, reflecting a wetter planet. Third, all Creta-
ceous vegetation fixed CO, into organic carbon by what
is known as the C3 pathway, whereas today about 75% of
photosynthesis is by the C3 pathway and 25% is by the
C4 pathway (these are described below). These changes
in vegetation are in turn linked to a profound change in
the nature of animals, with which plants evolved.

The history of grasslands begins with the evolution
of grasses in the Cretaceous and Paleocene. Then, in the
Oligocene and Miocene, forests in areas of Asia, Africa,
North America, and South America began thinning
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out, and grasslands became more common. By approxi-
mately 15 Ma, grasslands were extensive on Asia, Africa,
and North and South America (Jacobs et al. 1999). One
factor likely contributing to the change from woodlands
to grasslands was the development of seasonally arid cli-
mates. These allow for fires in the dry season, which de-
stroy trees and favor grasses.

The change in vegetation was accompanied by a shift
in herbivores from browsers to grazers. Groups of ani-
mals adapted to changing vegetation during the Ce-
nozoic in more specific ways. For example, horses and
plants engaged in an arms race in which horse teeth
became progressively longer with time, while grasses
evolved that were increasingly hard to chew.

In the ancient C3 metabolic pathway, the enzyme
Rubisco transforms CO, into an organic carbon com-
pound with three carbon atoms (hence the name C3).
This transformation is costly in that Rubisco also oxi-
dizes organic C to CO,, and today about 30% of fixed
carbon is lost by this process of “photorespiration.”
Plants utilizing the C4 pathway evolved during the Oli-
gocene or perhaps earlier (Edwards et al. 2010). Photo-
synthesis using the C4 pathway avoids photorespiratory
losses by loosely attaching a CO, molecule to a C3 com-
pound to make a C4 compound, and then transporting
the C4 compound to the isolated site of Rubisco. The
C4 compound then releases its CO, molecule, provid-
ing a high-CO, environment around Rubisco in which
photorespiratory losses are suppressed. Of course, this
process has its own energetic costs. Thus, whether C3 or
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C4 plants are favored depends on the relative losses due
to photorespiration and the additional effort associated
with C4 photosynthesis. Photorespiration is more rapid
at higher temperatures and lower CO, concentrations.
Falling CO, therefore favors C4 plants. On the other
hand, cooling temperatures and wet climates favor C3.
When conditions are conducive to forestation, C3 plants
dominate because there are no C4 trees.

While plant fossils are rare, we have a detailed isotopic
record of the rise of C4 plants because they discriminate
differently against the heavy carbon isotope. The 6°C of
C3 plants is about —27%o, whereas that of C4 plants is
about —12%o. The 0”C of an animal’s food is registered in
the 0"C of carbonate fluorapatite, the principle mineral in
teeth. In precipitating this mineral, plants enrich the *C
by about 14%o. Thus, the 0”C of CO? in teeth—the best
preserved skeletal component—is about —13%o for her-
bivores eating C3 plants, and about +1%o for herbivores
eating C4. By measuring 0"C in fossil teeth, one can de-
termine the food source and, inferentially, the abundance
of C3 and C4 plants on the landscape (Cerling et al. 1997).

In Asia, Africa, and North and South America, abun-
dant data show that there was a shift from C3 to C4 flora
starting at 8-9 Ma and completed, depending on loca-
tion, over the next few million years (fig. 8.4). This shift
is observed in teeth studied in the seminal work of Thure
Cerling and colleagues (Cerling et al. 1997). It is also
found in CaCO, formed in soils (Badgley et al. 2008)
that acquired most of their CO, from decaying plant
material. The shift in flora was likely associated with an
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Fig. 8.4. The "°C of tooth enamel from fossil teeth over the past 20
Myr from 4 geographic regions (Cerling et al. 1997). The shift to-
ward heavier (less negative) 0°C at about 9 Ma reflects a shift in the
nature of the metabolic pathways in grasses from C3 to C4.

extension in the area of grasslands, and was clearly con-
nected with dramatic faunal changes. For example, Bad-
gely et al. (2008) show that in Pakistan, many browsers
and fruit-eating animals died out across the transition,
at about 9 Ma.
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The cause(s) of the transition from C3 to C4 grasses
is a matter of controversy. Photosynthesis in C4 grasses
is an adaptation that evolved independently, starting at
least as long ago as the early Oligocene (34 Ma) in many
different plant species (Edwards et al. 2010). Its develop-
ment would be favored by lower CO, concentrations in
air. The 0”C history of alkenones in deep-sea sediments
do not indicate a fall of CO, at about 9 Ma (fig. 8.3) when
the big increase in tooth 6°C occurs. But Kurschner et
al. (2008), among others, argue that CO, was much more
variable during the Miocene than the carbon isotope data
indicate. Other suggestions are that C4 plants expanded
because of increasingly arid conditions (e.g., L. Liu et al.
2009), or because they developed modes of resistance to
grazers. Several of these factors probably contributed.

ORIGIN OF THE INDIAN
AND EAST ASIAN MONSOONS

Strong summer monsoons derive from heating over land
during the summer months. The oceans warm also, but
less so, because vertical mixing distributes the heat in-
crease. Heating over land leads to rising air, which in
turn leads to precipitation. Uplift also sucks in wet air
from the adjacent ocean, maintaining the moisture sup-
ply. Airflow is reversed in winter, with air sinking over
land. The land is arid, and becomes a source of dust.
The climates of India and East Asia are strongly influ-
enced by monsoons. These events have an ancient ori-
gin, extending back to at least the Eocene, according to
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Huber and Goldner (2012). The nature of precipitation
since that time has been strongly affected by the uplift of
the Himalayas and the formation of the Tibetan Plateau,
which began by at least 35 Ma (Molnar et al. 2010) as
a consequence of the collision between the northward-
drifting Indian subcontinent and Asia. Uplift increased
precipitation to the south of the Himalayas and led to a
rain shadow, thus increasing aridification to the north
and northeast (Huber and Goldner 2012; Molnar et al.
2010). By 24 Ma, dust from desert regions was trans-
ported to what is now the Chinese Loess Plateau by the
westerlies and the northwesterly winds of the winter
monsoon (Qiang et al. 2011; Sun et al. 2010). Around 8
Ma, aridification became more intense and deposition of
loess on the plateau grew more extensive (Liu et al. 2009;
Molnar et al. 2010). The Indian and East Asian monsoons
were fully active.

Thus, by the Miocene-Pliocene boundary (at 5.3 Ma),
Earth had been transformed from a wetter planet with
equable climates throughout, including extensive for-
ests and moderate climates at high latitudes, to a cooler,
drier planet with a massive permanent ice sheet on the
Antarctic continent. Large continental landmasses were
covered by desert or grasslands, and recently evolved C4
plants dominated the landscape in warmer areas. Fauna
coevolved with flora, leading to the extinction of many
browsers and the appearance of diverse assemblages of
grazing animals. The Himalayas had risen, deserts cov-
ered much of central Asia, and highly seasonal mon-
soonal climates were in place in India and East Asia.
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These aggregate changes set the stage for increasingly
intense cyclic glaciations on the Northern Hemisphere
continents, the hallmark of Pliocene and Pleistocene
climates.
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9 THE ORIGIN OF NORTHERN
HEMISPHERE GLACIATION
AND THE PLEISTOCENE

ICE AGES

................................................................................

THE ICE AGES OF THE PLEISTOCENE—THE PAST 2.6 MIL-
lion years—are among the most compelling events in the
history of Earth’s climate. These were periods in which
Earth was remarkably transformed. During the peaks of
the ice ages, glaciers covered the northern part of Eurasia
and the northern and central parts of North America. In
the eastern United States, their southern extent reached
almost to my home in central New Jersey. Away from the
ice, most continental areas were significantly colder and
much drier, and the vegetation was correspondingly im-
poverished. The oceans cooled as well, wintertime sea ice
extended further equatorward, and there were important
changes in patterns of ocean circulation. Two key fac-
tors maintained these colder climates: (1) the ice sheets
reflected more of sun’s heat back to space, and (2) green-
house gas concentrations were lower. During the Pleis-
tocene, these two factors worked in tandem (providing
positive feedback to one another); in other words, lower
CO, led to ice sheet growth, greater albedo, and colder
climates, which in turn led to changes in ocean circula-
tion that further lowered atmospheric CoO,, and so on.
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The origin of glacial climates extends back at least 34
Myr, when a large ice sheet grew on Antarctica. At about
3 Ma, Earth crossed a climate threshold as ice sheets
began to grow and decay on the Northern Hemisphere
continents. Climate has varied since that time in a man-
ner forced by changes in Earth’s tilt, precession, and ec-
centricity. While climate has responded to orbital forcing
during much or most of Earth history, the amplitude of
the responses and the detail in which they are recorded
are unique to this period. Over the past 5 Ma and be-
yond, the warmest periods of each cycle have tended to
be slightly cooler, the coldest times have become much
colder, the amplitudes of the cycles have increased, and
their period has switched from 41 Kyr to about 100 Kyr.
We are presently living in the warm phase of the current
100 Kyr glacial cycle.

We begin this chapter with a description of the planet
during the height of the last ice age (~20 Ka). We then
backtrack to the early Pliocene (~ 5 Ma), and discuss the
warmth of this period. Returning toward the present, we
discuss in turn: the origin of Northern Hemisphere gla-
ciation, at about 3 Ma; the “40K (obliquity-dominated)
world” between 2.5-1 Maj; the “100K world” of the past
million years; and orbitally driven climate changes at low
latitudes.

EARTH’S SURFACE DURING THE LAST ICE AGE

Nine continental ice sheets formed the hallmark feature
of the glacial Earth (fig. 9.1). The footprints of the West
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Fig. 9.1. Boundaries of the major ice sheets of the last glacial maxi-
mum, or LGM. EAIS, East Antarctic ice sheet; SIS, Scandinavian ice
sheet; BIIS, British Isles ice sheet; BKIS, Barents-Kara ice sheet; GIS,
Greenland ice sheet; ILS, Inuitian ice sheet; LIS, Laurentide ice sheet;
CIS, Cordilleran ice sheet; APIS, Antarctic Peninsula ice sheet; WAIS,
West Antarctic ice sheet. From Clark et al. (2009).
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Antarctic ice sheet and the East Antarctic ice sheet were
similar to today’s, but larger. The East Antarctic ice sheet
was grounded in the Ross Sea, and the West Antarctic ice
sheet extended further than present over the continental
shelf (Conway et al. 1999; Hall et al. 2000; Peltier 2004;
Peltier and Fairbanks 2006; Polyak et al. 2008). The glacial
Greenland ice sheet also extended out over the continen-
tal shelf (Dyke 1999), rather than ending at the edge of
present Greenland. Through an ice bridge crossing Baf-
fin Island, it was contiguous with the Laurentide ice sheet
(centered over Hudsons Bay) and ultimately with the
Cordilleran ice sheet, which reached to the Pacific (Peltier
2004). In Eurasia, the British Isles ice sheet covered most
of Great Britain and, to the west, extended onto the conti-
nental shelf (Ballantyne 2010). To the east, the British Isles
ice sheet was continguous with the Scandinavian and the
Barents-Kara ice sheets. The Barents-Kara sheet hugged
the northern coast of Siberia, was grounded in what is
now the Barents and Kara Seas, and extended north all
the way to Svalbard (Peltier 2004; Polyak et al. 2008).

In the tropics and midlatitudes, snowlines (lowest el-
evation extents) of mountain glaciers were much lower
than today. These “equilibrium line altitudes” (ELA’)
descended by about 1000 m, although with consider-
able variability from one location to another (Mark et al.
2005). Equilibrium line altitudes are determined largely
by summer temperatures since ice melts when summer-
time temperatures rise above the freezing point. A snow-
line descent of 1000 m corresponds to a cooling of about
6°C or more.
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The last major change in the cryosphere concerns the
extent of sea ice. In the North Atlantic, reconstructions
based on ice-sensitive microfossils indicate a band of
wintertime sea ice covered the basin north of a line ex-
tending from the west of Ireland to Iceland, and to New-
foundland (de Vernal et al. 2005; Pflaumann et al. 2003).
In the Atlantic sector of the Southern Ocean, wintertime
sea ice extent was about twice that at present, with ice
extending 5-10° north of its present position (Gersonde
et al. 2005; Wolff et al. 2006).

With CLIMAP (1976), a program to map ocean tem-
peratures during the last ice age, and later programs,
great effort has gone into mapping sea surface tempera-
tures using a variety of proxies (box 3). The most recent
synthesis of these data comes from the multiproxy ap-
proach for the reconstruction of the glacial surface ocean
(MARGO) project (MARGO 2009). There was cooling
during the last ice age of about 2-3°C in the eastern
equatorial Pacific and Atlantic Oceans (Dubois et al.
2009; Herbert et al. 2010; Lawrence et al. 2006; Lea et
al. 2000), western equatorial Pacific (Herbert et al. 2010;
Lea et al. 2000; Stott et al. 2002; Visser et al. 2003), east-
ern equatorial Atlantic (Herbert et al. 2010), and western
equatorial Indian Ocean (Herbert et al. 2010). Stronger
winds and more intense upwelling may have contributed
to this cooling.

The central gyres of the ocean appear to have cooled
very slightly. Poleward of 45° the cooling was greater:
the eastern North Atlantic cooled by 8°, and the eastern
North Pacific cooled by a similar amount. South of 60° S,
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the Southern Ocean cooled in most areas by 3-10° (Ger-
sonde et al. 2005; MARGO 2009), a possible consequence
of shifts in the positions of boundaries of the major water
masses. There is actually some evidence for warming of
Arctic waters between Greenland and the British Isles
(de Vernal et al. 2005; Pflaumann et al. 2003).

Continental temperatures have been reconstructed
primarily based on the distribution of fossil pollen,
which reflects the local vegetation. The dominant fea-
ture of these studies is that, almost the world over, veg-
etation became sparser; desert areas expanded, some
forests were replaced by grasslands, and closed forests
were replaced by open forests (Harrison and Prentice
2003; Marchant et al. 2009; Prentice et al. 2000). These
changes in the flora resulted from three environmental
shifts: temperatures grew cooler, precipitation lessened,
and the CO, concentration of air decreased (e.g., Har-
rison and Prentice 2003).

In the midlatitudes, cooling was quite significant. Es-
timates for summertime cooling in Eurasia range from
about 5 to 10°C, and estimates for wintertime cooling
range from about 12 to 20°C (Jost et al. 2005; Wu et al.
2007). There is considerable uncertainty in these esti-
mates, and considerable variability from place to place.
Temperature changes in the tropics were smaller, on the
order of 3to 5°C. Values toward the higher end of the range
are supported by studies of noble gas concentrations in
groundwater (e.g., Stute et al. 1995). The temperature sig-
nal in this proxy comes from the fact that solubilities of
dissolved gases increase at lower temperatures. One can
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therefore sample groundwater that dates back to the last
glacial maximum (LGM), measure noble gas concentra-
tions, and calculate the temperature required to produce
the observed values.

The pollen data indicate an increase in aridity nearly
worldwide. Precipitation, estimated from pollen data
by Wu et al. (2007), show decreases in Eurasia averag-
ing anywhere from 10 to 40 cm/year, depending on the
method used for the reconstruction. Forests were almost
nonexistent in Eurasian midlatitudes during the LGM.
Steppe was replaced by a similar biome but with more
drought-tolerant plants, and forests were replaced by
grasslands (Harrison and Prentice 2003; Prentice et al.
2000). Further north, climates at the edge of the gla-
ciers were very cold and dry, and tundra dominated the
surface. Forests in North America and the tropics were
more open than today (Colinveaux et al. 2000; Harrison
and Prentice 2003; Wu et al. 2007). Along the southwest-
ern part of South America, cold rainforest was displaced
by grass and shrubland (Marchant et al. 2009). This shift
may reflect a decrease in the strength of the westerly
winds (Rojas et al. 2009), illustrating the fact that some
regional changes in precipitation were induced by me-
teorological shifts rather than general alterations in the
global climate.

In some areas, meteorological conditions changed
in a way that led to increased precipitation. Perhaps the
best example is the Great Basin, in the western United
States. Here steppe was replaced by open forests at the
LGM (Prentice et al. 2000), and the region hosted lakes
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that were far larger than their modern counterparts
(Broecker and Orr 1958; Broecker and Kaufman 1965).
This change has been attributed to a southern movement
in the position of jet stream (e.g., Braconnot et al. 2007).

GLACIAL-INTERGLACIAL CHANGES
IN ATMOSPHERIC GREENHOUSE
GAS CONCENTRATIONS

Any attempt to understand the causes of the ice ages
must take into account variations in the concentra-
tions of greenhouse gases. A major breakthrough came
around 1980 when French and Swiss groups indepen-
dently published CO, records based on the analysis of
gases trapped in ice cores; these showed that glacial CO,
values were significantly lower than the preindustrial
level (Delmas et al. 1980; Neftel et al. 1982). (The nature
of ice core climate records, and the significance of the
trapped gases, is discussed in box 5.) With time, ice core
scientists learned how to best extract and analyze the
trapped gases, and the precision of CO, measurements
improved. One record of CO, and CH, changes during
the last glacial maximum and the termination of the ice
age is shown in figure 9.2. This record shows CO, rising
80ppm from its glacial value of about 185 ppm to 265
ppm at 10 Ka. The CO, concentration continued to rise
during the Holocene and reached the preindustrial value
of 280 ppm. Also shown in this figure is the CH, rise
from 350 to nearly 700 ppb with deglaciation. Given esti-
mates for climate sensitivity, these CO, and CH, changes
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Box 5
Ice Cores

Ice cores have yielded records of polar climates and allowed us
to reconstruct histories of atmospheric greenhouse gases. They
preserve a wealth of information with a variety of proxies. The
three most important climate properties gleaned from ice core
studies are polar temperature history, atmospheric greenhouse
gas history, and information about the aridity of source areas
for dust.

Glaciers form in polar areas as snow falls and accumulates.
As a glacier grows, the weight at the center begins squeezing
ice out the side, much as the pressure of your fingers squeezes
toothpaste out of the tube. If the climate is stable, a glacier will
eventually reach a steady state, in which accumulation is bal-
anced by loss. The thickness of a year’s snow accumulation at
the surface must be identical to the precipitation rate. At depth,
however, the annual layers are thinner, because a fraction of ice
has been squeezed out by lateral flow; the weight of ice push-
ing downward squeezes deeper ice out the sides. In principle,
the thickness of annual layers will decrease to the glacier bed,
but the age of ice at the bed will correspond to the time the
region first became glaciated. In practice, there is shear as one
approaches the bed, introducing folding that scrambles the ice
stratigraphically, and allows old ice to be transported out of the
system. This scrambling of ice limits the age of the oldest ice
that can be easily sampled. In polar cores drilled to date, the
oldest ice in the continuous record is 123 Ka in Greenland and
800 Ka in Antarctica. Older ice is present, but not in continu-
ous stratigraphic order.

The primary record in ice cores is the isotopic temperature
of the ice, either in terms of 6®*O or 0D, where 0D represents
that ratio of “H/'H in ice (see box 1). The proxy quality of the
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isotopes is as follows: When water evaporates from the ocean,
the light isotope evaporates faster. As a water mass travels to
colder areas, gas periodically condenses out to form rain or
snow. The condensation process involves isotopic equilibrium.
The heavy isotope is enriched in precipitation, leaving the re-
sidual water vapor depleted in the heavy isotope. As the air
mass travels to colder and colder regions, it loses more and
more precipitation, and the heavy isotope depletion in the re-
sidual water vapor becomes greater and greater. By the time
air gets to East Antarctica, water gas is depleted in the heavy
oxygen isotope by about 6% (60%o), and in the heavy isotope
of hydrogen by about 40% (400%o)! Quantitatively, the deple-
tion of the heavy isotopes depends on the fraction of water
vapor initially present that is lost to condensation when the air
reaches East Antarctica. This loss is a function of the tempera-
ture dependence of the saturation water vapor concentration
in air. Therefore, the heavy isotope depletion (0*O or 6D) de-
pends on the temperature change between the source of evap-
oration and the site of precipitation. Since polar temperatures
have changed far more than the lower latitude ocean tempera-
tures where precipitation originates, the isotopic change of the
ice gives a measure of temperature change in the polar region.

Ice cores contain salts and dust that give information about
climate change. Arguably the most important ionic impurity
for climate reconstruction is the sea salt concentration (or
sodium concentration), which gives a measure of sea surface
roughness and wind speed. Particulate impurities, including
CaCO,, originate as windblown dust from dry areas of the
continents. Changes in their abundance reflect increasing or
decreasing aridity in the continental source areas.

The most distinctive feature of the ice core record is the
inclusion of fossil air. Snow falling at the surface is actually
composed of small ice crystals with a porosity of about 65%.
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(Box 5 continued)

As a layer of snow is buried by subsequent snowfall, it recrys-
tallizes such that the individual crystals become larger and the
porosity decreases. By a depth of 50-100 m, the porosity has
decreased to about 10%, and the snow grains are packed to-
gether so closely that they completely enclose individual bub-
bles of air. Beyond this point, the ice is impermeable, and there
will be no significant separation of ice and its trapped gases.
We can now extract the trapped gases by either melting or
crushing the ice, and characterize the chemistry of the ancient
atmosphere. In this way, ice core scientists have reconstructed
the atmospheric history of CO,, CH,, and N,O, among other
gases, as well as their isotopic composition.

would lead to a global temperature increase of about 2°C.
The climate forcing from CH, is about 20% that for CO..

Understanding the ice core CO, record starts with not-
ing long-term CO, feedbacks, in which Earth’s tempera-
ture adjusts to the level where CO, uptake by weathering

Fig. 9.2. Climate records spanning the last glacial termination, from
20 to 10 Ka (from Broecker et al. 2010). (a) Isotopic temperature

in East Antarctica (EPICA Dome C core; upward on the graph
indicates warmer temperatures). (b) Atmospheric CO, concentra-
tion. (c) Isotopic temperature of Greenland (GISP2 core; upward on
the graph indicates warmer temperatures). (d) The "0 of CaCO,
from cave deposits in East Asia (lighter values are thought to reflect
stronger summer monsoons). (e) Atmospheric CH, concentration,
from GISP2. Gray bands mark times of warming in Antarctica and
relatively cold times in Greenland.
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balances the input to the oceans and atmosphere from
outgassing (chapter 4). These processes fixed the average
atmospheric CO, concentration at about 230 ppm over
the past 800 Kyr. Over shorter timescales, atmospheric
CO, can vary as CO, is transferred between Earth’s mo-
bile reservoirs (air, ocean, and plants/soils). In his classic
paper, Broecker (1982) summarized the major processes
leading to glacial-interglacial CO, variations, and out-
lined how their effects could be read in the sedimentary
record. His starting point was to determine that of all
the CO, in Earth’s mobile reservoirs, about 1-2% is in
the atmosphere, 5% in plants and soils, and ~94% in the
oceans. Since the oceans contain the lion’s share of the
CO,, explaining atmospheric variations requires looking
primarily at changes in the oceans.

We have now come to recognize at least six factors
that contribute to the glacial-interglacial difference in
atmospheric CO,;:

1. Ocean temperature. The lower temperatures of the
ice age oceans caused an increase in the solubility of CO,
in seawater, and contributed to lowering the CO, con-
centration of air.

2. Ocean salinity. Salinity increased during the ice
ages, as water was removed from the oceans to make
continental ice sheets. With less water in the oceans, the
concentration of dissolved inorganic carbon rose, lead-
ing to an increase in the atmospheric CO, concentration.

3. Mass of carbon in the land biosphere and soil carbon
reservoirs. During the ice ages, glaciers covered areas cur-
rently occupied by forests and taiga. The biomass carbon
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and soil carbon were oxidized to CO,, raising the CO,
inventory of the atmosphere and ocean, and increasing
the CO, concentration of air.

4. Strength of the biological pump. The “biological
pump” is the term used to describe the fixation of or-
ganic matter in the sunlit surface ocean, its sinking, and
its oxidation at depth (chapter 1). This process does not
change the total inventory of biologically active elements
(C, N, P, etc.) in the oceans, but it influences the distri-
bution. The biological pump causes the concentrations
of bioactive elements to be low in the surface ocean and
high in the deep ocean. By lowering the concentration of
DIC in the surface ocean, it also lowers the partial pres-
sure of CO, in the surface ocean and the concentration
of CO, in air. Evidence for a stronger biological pump
during the ice ages suggests that this change contributed
to decreasing CO, in the glacial atmosphere.

5. Residence time of water in the deep ocean. As a con-
sequence of the biological pump, bioactive elements are
stripped from surface water and added to deep water. The
fluxes are reversed by ocean mixing; deep water coming
to the surface has high concentrations of dissolved inor-
ganic carbon and nutrients, while surface waters mixing
to depth have low concentrations. Evidence suggests that
mixing was more sluggish during glacial times. As a con-
sequence, more DIC would have been sequestered in the
deep sea. The surface water pCO,, and consequently the
atmospheric CO, concentration, would have dropped.

6. Changes in deep-sea calcium carbonate satura-
tion. During glacial times, the deep ocean had a higher
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burden of metabolic CO,, and was more acidic. This in-
crease in acidity led to the dissolution of forams and coc-
coliths that make up the bulk of deep sea sediments over
much of the ocean. Dissolution of CaCO, raises the con-
centration of CO,*, which reacts with dissolved CO, to
make bicarbonate. The concentration of dissolved CO,
decreases in the process. This decreased CO, concentra-
tion is transmitted to the surface by mixing, and lowers
the CO, concentration of surface waters.

The challenge, then, is to understand how these fac-
tors acted during the ice age, and combined to suppress
the atmospheric CO, concentration by about 80 ppm
compared to its typical interglacial value. According to
recent estimates of Kohler et al. (2005) and Sigman and
Boyle (2000), the glacial temperature decrease (factor 1,
above) lowers pCO, by ~30 ppm, the salinity increase
(factor 2) raises CO, by 7 to 12 ppm, and the glacial dimi-
nution of forests and soil carbon (factor 3) raises glacial
CO, by 15 to 34 ppm. The CO, changes from these three
processes nearly cancel, and we need to look to factors
4, 5, and 6 (above) in order to explain the glacial CO,
lowering of ~80 ppm.

In fact there is evidence that each of these three pro-
cesses has played a significant role. We start with the
idea that a stronger biological pump contributed to
lower glacial CO,. Broecker (1982) originally invoked a
higher oceanic phosphate concentration to increase the
strength of the biological pump during glacial times. This
increase in phosphorus, along with a nitrate increase due
to nitrogen fixation, would lead to enhanced growth of
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phytoplankton during the ice age and the transfer of CO,
from surface to deep waters by the biological pump. Sub-
sequently, several authors pointed out that the Southern
Ocean is the region where changes in the biological
pump would have the greatest impact on atmospheric
CO, (e.g., Sarmiento and Toggweiler 1984). The basis for
this idea is that much of nitrate and phosphate in South-
ern Ocean surface waters goes unused. Rather than
being taken up by organisms that will eventually sink,
thereby depleting DIC in surface waters, these nutrients
simply remain as dissolved species, descending to depth
in the dissolved form as new deep waters form. These
“unutilized nutrients” thus make no contribution to DIC
drawdown and the associated lowering of surface water
pCO,. This situation contrasts with the other region of
deep water formation, the North Atlantic, where nutri-
ents are almost completely drawn down, thus already
making the maximum possible contribution to atmo-
spheric CO, decreases.

In this context, one can imagine two ways of enhanc-
ing the strength of the biological pump and lowering
oceanic and atmospheric pCO, during the ice age in the
process. One is to increase the export of organic car-
bon to depth in the Southern Ocean. Martin (1990) pro-
posed that this happened as a result of increased ice age
aridity and stronger winds, which would increase the
transport of iron-bearing dust to the Southern Ocean.
Here, phytoplankton have plenty of nitrate and phos-
phate but are starved for iron, which they require for
photosynthesis. More iron would relieve this limitation,
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increasing the strength of the biological pump and low-
ering atmospheric CO,. A second means of enhancing
the biological pump is to increase stratification (Sigman
et al. 2010). The fertility of ecosystems depends, in part,
on the availability of light in the wind-mixed surface
layer, which extends to tens of meters depth in summer.
For a given flux of solar radiation to the ocean surface,
the average flux of light in the mixed layer will decrease
as the mixed layer becomes deeper. Sigman et al. pro-
posed that mixed layers were shallower during the ice
ages, leading to higher productivity within that layer, a
greater drawdown of DIC and nutrients, and lower CO,
both in the surface waters of the Southern Ocean and
the atmosphere.

Slowing the exchange between CO,-rich deep waters
of the ocean interior and the surface waters of the South-
ern Ocean (factor 5) also likely contributed to lower ice
age atmospheric CO, concentrations. Slowing the ex-
change would cause the deep ocean to retain more CO,,
and would suppress the release to the atmosphere of
metabolic CO, that had accumulated in the deep ocean
(Sigman et al. 2010). Sigman et al. (2010) also proposed a
single explanation to account for both increased stratifi-
cation and the slower mixing of Southern Ocean surface
waters during glacial times. They suggested that, during
the ice ages, westerly winds that are today centered over
the Southern Ocean shifted to the north. Weaker winds
over the Southern Ocean would lead to both shallower
mixed layers and a slower rate of exchange between re-
gional surface waters and the ocean interior.
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In summary, colder glacial ocean temperatures lead to
a sizable decrease in atmospheric CO, (factor 1), but this
decrease is roughly balanced by the effect of higher ocean
salinity (factor 2) and the transfer of carbon from the
land biosphere and soils to the oceans (factor 3). A large
part of the CO, decrease is associated with a strengthen-
ing of the biological pump (factor 4) and a slowing of
ocean circulation, such that the deep ocean retains more
CO, (factor 5). Factors 4 and 5 together lead to dissolu-
tion of CaCO, on the seafloor, and increased deep ocean
alkalinity. Mixing imprints thus decreased alkalinity on
the surface waters, further lowering the CO, concentra-
tion of air.

WHY WAS EARTH COLDER
DURING THE ICE AGES?

Earth’s temperature is controlled by the radiative balance
as outlined in chapter 1. Our planet’s orbit around the sun
is changing continuously, and these changes influence
times at which different latitudes receive their sunlight.
However, the total amount of sunlight Earth receives
in one trip around the sun is nearly constant. Instead,
three other factors accounted for the cooling of the ice
age Earth (e.g., Henrot et al. 2009; Jahn et al. 2005). First,
the presence of large ice sheets increased the planetary
albedo (reflectance), accounting for a cooling of about
3°C. Second, the switch to less abundant vegetation also
increased the planetary albedo (deserts reflect more sun-
light than forests), contributing a cooling of about 1°C.
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Finally, the lower concentration of greenhouse gases, no-
tably CO,, led to a further 2° cooling. These three factors
together account for the cooling of about 6°C during the
ice ages relative to interglacial times.

EVOLUTION OF EARTH'S CLIMATE SYSTEM
OVER THE PAST FIVE MILLION YEARS

We now turn back the clock and discuss the transitions
to cooler climates over the past 5 Ma, leading to the gla-
cial periods described above. The plot of 0'*O of benthic
Foraminifera versus time (fig. 9.3) represents much of
the variability in Earth’s climate system over the past 5.4
Ma. As discussed in box 2 and chapter 8, changes in the
00 of benthic forams record changes in bottom watter
temperature and global ice volume. For reference, a 1%o
increase in 0®*0 indicates growth of ice sheets that lower
sea level by about 100 m, cooling of about 4°C, or some
combination of the two. The plot in figure 9.3 is con-
structed by averaging, or “stacking,” individual records
of the benthic foram 0"0 from 57 deep-sea sediment
cores. It represents global climate change during the past
5.4 Ma, with higher 0O values indicating colder tem-
peratures and more ice.

The data in this figure record four distinct climate pe-
riods separated by three major transitions. The warmest
interval of the past 5 Ma comes at the beginning, in the
early Pliocene. At this time, Earth was about 3°C warmer
than today, the amplitude of glacial-interglacial cycles
was modest, and ice volume may have been about half
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Fig. 9.3. The 0O of benthic Foraminifera versus time, 0-5.4 Ma.
This curve was derived by “stacking;” or averaging, records from 57
deep-sea sediment cores (Lisiecki and Raymo 2005).

that at present. There is no evidence for large ice sheets in
the Northern Hemisphere, except for Greenland. Then,
beginning at about 3.5 Ma, extreme 0O values of the
cycles became greater (colder) than in the Early Plio-
cene and the amplitude of the cycles began to increase,
recording a transition period ending in periodic ice ages
with large glaciers in the Northern Hemisphere. The
first of the large cycles began at about 2.8 Ma. From this
time until about 1.0 Ma, there were large climate cycles
of about 40 Kyr duration. This era is known as the “40 K
world” Around 1 Ma, there was another transition, lead-
ing to climate cycles that lasted about 100 Kyr, which
doubled the amplitude of the 40 Kyr cycles. Earlier, we




CHAPTER 9

discussed the coldest part of the most recent cycle, the
last glacial maximum. The termination of this ice age
led to the Holocene (see the next chapter), a relatively
long period of warm climate that hosted the evolution
of civilization.

These observations raise the following five questions,
which we will discuss in turn:

1. Why was the Early Pliocene world warmer than
today’s?

2. What caused the initiation of glaciation on North
America and Eurasia about three million years ago?

3. Why was climate cycling during the 40 K world
controlled by Earth’s obliquity (axial tilt) to the ex-
clusion of precession?

4. What caused the transition, about 1 Ma, from the
40 K world to the longer and larger climate cycles
of the 100 K world?

5. What dynamics explain the 100 Kyr duration of cli-
mate cycles over the past 1 Myr?

The Warmer World of the Early Pliocene

Evidence for warmer conditions in the Pliocene comes
from coastal deposits indicating a higher contemporane-
ous sea level (and consequently smaller ice volumes than
today), pollen studies indicating more equable climates
on land, and proxy data from deep-sea sediments record-
ing higher water temperatures both in the surface and on
the seafloor. The most extensive summaries, which form
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the basis of the following discussion, pertain to a time
interval centered at around 3 Ma, and hence may already
capture a small amount of the Pliocene cooling associ-
ated with the beginning of glaciation in North America
and Eurasia.

Evidence for a higher sea level comes from Pliocene
shorelines found well above modern sea level in tectoni-
cally stable coastal areas, in the sequence of deposition
and erosion of coral reef atolls, and in the lower 6'*O of
benthic foraminifera in deep-sea sediment cores (Dow-
sett, Robinson, Stoll, and Foley 2010). These results in-
dicated that sea level was higher by about 25 m, with
an uncertainty of perhaps = 10 m. This sea level change
would correspond, for example, with much smaller ice
sheets in Greenland and West Antarctica, and an East
Antarctic ice sheet about 70% of the present size.

Ocean temperatures were, on average, 2-3° C warmer
than today. Changes in two regions were particularly sig-
nificant. First, the eastern equatorial Pacific was nearly as
warm as the west (Dowsett, Robinson, Haywood, et al.
2010; Wara et al. 2005), leading to the suggestion that the
region was in a “permanent El Nifio” mode. While this
view is controversial, clearly the mean state was closer to
El Nifio conditions than it is today. Second, high-latitude
warming relative to the modern climate was somewhat
greater than low-latitude warming (Dowsett, Robin-
son, Haywood, et al. 2010). High-latitude warming was
particularly strong in the North Atlantic, where tem-
peratures between Greenland and Europe rose by 5°C or
more (Dowsett, Robinson, Haywood et al. 2010).
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Conditions on land are known from extensive map-
ping of pollen deposits. The reconstruction by Salzmann
et al. (2008) is based on extrapolating pollen observa-
tions as guided by modeling. In general climates were
warmer and wetter than today. Subtropical deserts of Af-
rica, Australia, and Asia were more restricted, and were
partly replaced by dry shrub biomes. Southern Africa
was somewhat wetter and more heavily vegetated than
today. In northern latitudes, temperate forests displaced
taiga, and taiga displaced tundra.

There are two leading explanations for the warmer
conditions of the early- to mid-Pliocene. The first is that
the atmospheric CO, concentration was higher than
today. The second is that warmer conditions in the trop-
ics led to warmer climates in temperate and polar re-
gions. Both explanations find considerable support.

Evidence for higher CO, in the Pliocene comes from
two proxy approaches. The first, as for earlier times in
the Cenozoic, is the 0”°C of selected long-chain hydro-
carbons (alkenones). As discussed above, phytoplankton
prefer to assimilate “C; the extent to which they actually
exclude "C depends on the availability of dissolved CO,
in ocean surface water and hence in the atmosphere. The
second proxy is the isotopic composition of boron (B)
in biogenic CaCO,. The isotopic composition of boron
in CaCO, registers the pH of the parent seawater. Given
an estimate of the dissolved inorganic carbon concentra-
tion, one can then estimate the partial pressure of CO, in
seawater, and hence the CO, concentration of air.
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Two recent papers use these approaches to reconstruct
atmospheric pCO, back to the Pliocene and beyond (Pa-
gani et al. 2009; Seki et al. 2010). Both present proxy data
supporting higher CO, concentrations in the Pliocene,
amounting to about 400 ppm compared to preindus-
trial values of 280 ppm. Modeling studies show that CO,
at this level could be responsible for the difference be-
tween modern and Pliocene climates (e.g., Vizcaino et al.
2010). Thus, higher CO, is a strong candidate for causing
a warm Pliocene, but we should remain cautious. While
most records indicate a higher CO, concentration, the
records are not coherent (changes in different locations
occur at different times), there is a high uncertainty and
a lot of scatter in reconstructed CO, concentrations, and
CO, levels reverse in some cases as one goes further back
into the still warmer climates of the Miocene. The 0*C
of alkenones is a good proxy for identifying large CO,
changes, such as those between the Eocene and the pres-
ent, but 6°C and boron isotopes are more challenging to
apply to the characterization of smaller changes of the
past 5 Ma.

The second hypothesis for a warmer Pliocene—that
warmer tropics led to warmer climates in the high
latitudes—may seem unlikely. However, a role for the
tropics in ice age climate has long been advocated by
tropical climatologists, because most of Earth’s heat is
captured within 30° of the equator. The analysis of mod-
ern temperature variability shows that boreal regions of
North America and Eurasia are warmer during times
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of El Nifo events. In fact, modern trends indicate that
these boreal regions would be ice free in the presence
of a permanent Pliocene El Nifio (Huybers and Molnar
2007; Vizcaino et al. 2010). Fedorov et al. 2006 outlined
one mechanism linking boreal climates to the tropical
Pacific; they suggested that clear skies with high water
vapor concentrations would replace highly reflective
stratus clouds currently overlying cool surface waters in
the eastern equatorial Pacific. Albedo would decrease
and the greenhouse effect would increase, thereby warm-
ing the planet.

The attribution of Plio-Pleistocene cooling to the
onset of colder conditions in the tropics begs the ques-
tion of why the tropics cooled during the Pliocene. One
idea is that high-latitude cooling caused the thermocline
in tropical waters to rise to shallower and shallower
depths. The thermocline is the depth interval in which
the temperature of subsurface waters cools from the
warm surface value to lower temperatures characteris-
tic of the intermediate and deep ocean. At first, surface
waters would have continued to be warm, with cooler
subsurface waters found closer and closer to the surface.
Eventually, cooler waters would have come all the way to
the surface when winds were favorable (i.e., during non
El Nifio times), as they do today (Fedorov et al. 2006).
Alternatively, seafloor spreading and continental drift
has changed the exact position of islands in the west-
ern equatorial Pacific. New Guinea and Australia have
drifted to the north, and the island of Halmahera has
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grown. These changes may have redirected cool North
Pacific waters into the Indian Ocean, cooling that basin
(Cane and Molnar 2001; Karas et al. 2009). Again this
cooling would have contributed to the growth of ice
sheets in boreal regions.

Origin of Northern Hemisphere Glaciation

The onset of glaciation in different Northern Hemi-
sphere regions generally cannot be documented from
field deposits (moraines, glacial outwash, etc.), because
these “near field” deposits would have been eroded by
subsequent glaciers. However, early glaciers that reached
the coast, and calved into the ocean, did leave permanent
records in the form of ice-rafted detritus accumulating
in deep-sea sediments. “Ice-rafted detritus” consists of
grains of continental rocks that are entrained into gla-
cial ice, enter the sea in calving icebergs, and are released
to fall to the seafloor when the icebergs melt. They are
functionally similar to dropstones, but are much more
widely distributed because of their small size, and can
be sampled in seafloor sediments collected by coring.
Their composition may be diagnostic of specific source
regions.

According to evidence from ice-rafted detritus, gla-
ciers were sometimes present on Greenland as far back
as the Late Miocene. Greenland glaciation then became
more extensive at about 3.3 Ma (Kleiven et al. 2002; St.
John and Krissek 2002). At about 2.74 Ma, the abundance
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and footprint of ice-rafted detritus expanded, with Scan-
dinavian and North American sources leaving their
mark in the North Atlantic and North Pacific Oceans,
respectively (Haug et al. 2005; Jansen et al. 2000; Shack-
leton et al. 1984; St. John and Krissek 2002).

As in other contexts, the benthic foram oxygen iso-
tope record (fig. 9.3) provides an integrated index of the
extent of glaciation. Clearly, an increase in the intensity
of glacial conditions occurred sometime after 3.5 Ma.
A detailed analysis of the individual records suggests a
gradual intensification between 3.6 and 2.4 Ma (Mudel-
see and Raymo 2005). This intensification was followed
by a stationary period about 300 Kyr in duration, after
which cooling resumed. At 2.74 Ma, the first of a series
of large 0"*0 cycles began. These repeated, every 40 Kyr,
until about 1 Ma. The 60 data thus seem to record the
expansion of ice sheets on Antarctica, Greenland, Eur-
asia, and North America, culminating with the develop-
ment of ice sheets on Eurasia that reached the shoreline
and calved into the sea by 2.74 Ma.

We are not lacking for explanations of the origin of
Northern Hemisphere glaciation, although none pro-
vides a fully satisfying answer. Explanations fall into four
groups. First, tectonic changes led to changes in ocean
circulation and meteorology that in turn led to glaciation.
Second, the shoaling of the equatorial Pacific thermo-
cline, and the end of the permanent El Nifo, cooled the
Northern Hemisphere continents and in turn induced
glaciation. Third, the CO, concentration fell to the point
where glaciation was possible. Fourth, the hydrography
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of the North Pacific Ocean changed in a way that led to
elevated rates of snowfall over North America.

Consider the first hypothesis—tectonic changes. A
number of Pliocene tectonic events have been invoked
to help explain the onset of Northern Hemisphere gla-
ciation. Perhaps the most robust is the northward drift
of New Guinea that was mentioned earlier. By ~3-4
Ma, this motion would have lead to the flow of cooler
North Pacific water into the Indian Ocean (Cane and
Molnar 2001), and perhaps a shallower thermocline
(cool waters closer to the surface) in the equatorial Pa-
cific as well (Karas et al. 2009). Other possible tectonic
influences on ocean circulation and climate include the
uplift of Central America, which cut off a seaway con-
necting the Caribbean to the eastern equatorial Pacific;
the final uplift of the Himalayas and mountains in the
American West; and changes in the bathymetry of the
Greenland-Iceland-Norwegian Seas (Maslin et al. 1998;
Molnar 2008). It is unclear whether these events would
have led to significant cooling, and even the direction of
their influence on climate is uncertain.

The second hypothesis for the origin of Northern
Hemisphere glaciation involves the end of “permanent El
Nifo” conditions in the eastern equatorial Pacific. Earlier,
we discussed evidence that this change is partly respon-
sible for the difference between Pliocene and Pleistocene
climates. However, the divergence in temperatures be-
tween the eastern and western equatorial Pacific occurs
at different times in different records, depending on what
season and water depth are recorded by the proxies. The
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times do not necessarily correspond to major climate
events in the benthic foram record. For example, eastern
and western Pacific temperature trends in some records
diverge at about 2.2 Ma, well after the onset of Northern
Hemisphere glaciation (Etourneau et al. 2010; Ravelo
2010; Wara et al. 2005). We thus need to look elsewhere
to understand the origin of northern glaciation, or the in-
creased amplitude of glacial cycles at 2.7 Ma.

The third hypothesis for the onset of Northern Hemi-
sphere glaciation is a decrease in the atmospheric CO,
concentration to a low level that would enable the
growth of ice sheets. As discussed earlier, proxy data that
is based on both boron isotopes and the §°C of CO,, sug-
gest such a change during the past 5 Ma. However, the
various records do not yet provide the coherent picture
of timing that one would need to assess the role of CO,
in specific climate events.

The fourth hypothesis involves the paradoxical ob-
servation, involving proxy studies, that late summertime
temperatures rose in the North Pacific at 2.7 Ma, even
while wintertime temperatures cooled (Haug et al. 2005).
The late summertime warming is attributed to enhanced
stratification, which slowed mixing and kept summer-
time heat in the shallow mixed layer. Haug et al. sug-
gest that the summertime warming would have extended
into autumn. Warm autumns would increase North Pa-
cific evaporation and hence snowfall over North Amer-
ica, accelerating the growth of ice sheets.

Finally, the question arises as to why the amplitude
of sustained glacial-interglacial cycles increased at 2.74
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Ma, rather than somewhat earlier or later. Maslin et al.
(1998) noted that the onset of glaciation approximately
corresponds to an increase in the amplitude of insolation
changes associated with tilt, eccentricity, and precession.
Until about 1 Ma, glacial-interglacial cycles correspond
to the period of tilt (41 Kyr), making this parameter the
key to understanding the timing of Pliocene glaciation.
The amplitude of tilt cycles changes from about 1.4° at
~2.75 Ma, to 1.8° at ~2.6 Ma, to 2.5° at ~2.5 Ma. The
amplitude of precession cycles increases markedly from
2.8 to 2.7 Ma. The argument follows that changes in the
position of landmasses and ocean gateways, decreases
in CO,, and cooling in the eastern equatorial Pacific all
combined in some way to enable the ice ages. Large am-
plitude glacial-interglacial cycles would subsequently
commence as soon as orbital conditions were favorable,
with alternating periods of especially cool summers in
which Northern Hemisphere ice sheets would grow, and
warm summers in which they would melt. (The nature
of changes in Earth’s orbit around the sun, and its role in
glacial-interglacial climate change, are outlined in box 4.)
This argument remains highly speculative but finds some
support in recent modeling studies (Vizcaino et al. 2010).

The "40K World,” 2.7-1 Ma

Between 2.5 and 1 Ma, climate cycles appear to have had
a duration of ~40 kyr, based on both simple visual anal-
ysis (fig. 9.3) and statistical studies (Martinez-Garcia et
al. 2010). The period of 41 Kyr is identical to the period
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of variations in Earth’s tilt, and strongly suggests that
glacial-interglacial cycles were simple responses to this
orbital property. What is surprising, however, is that in
the benthic foram 6"O record of this time interval there
is very little signature of changes in eccentricity and pre-
cession, which also lead to large insolation changes. Two
hypotheses address this conundrum.

Raymo et al. (2006) noted the phase differences as-
sociated with tilt and precession. Increased tilt leads to
warmer summers in both hemispheres. High precession
forcing, on the other hand, leads to warmer summers in
the hemisphere that enjoys summer close to the sun, and
cooler summers in the hemisphere that endures sum-
mers far from the sun. Raymo et al. (2006) proposed
that, when tilt is low (cool summers), ice sheets grow
simultaneously in the Northern and Southern Hemi-
spheres, producing a 41 Kyr signature in the 0*O record.
When precession forcing is strong, however, growth of
ice sheets in one hemisphere accompanies melting in the
other. The authors suggested that such a scenario was
possible during the 40K world because Antarctic gla-
ciers may have melted inland instead of extending to the
shoreline and calving into the oceans. Today, ice extends
to the coastline all around Antarctica, and the size of the
ice sheet is more or less fixed by what the footprint of
the continent can bear. If the ice sheet does not reach the
ocean, however, it can vary in size from zero to nearly
today’s magnitude. In Raymo et al’s scenario (2006), the
amplitude of glacial precession cycles would be much
smaller in Antarctica than in the Northern Hemisphere.
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However, southern glaciers are colder and more depleted
in B0, and hence have a disproportionate influence on
the 0O of seawater. At the frequency of precession,
north and south thus have similar but opposite impacts
on 00 of seawater (and benthic forams), their effects
cancel, and one does not observe precession periodicity
in the "0 data. On the other hand, northern and south-
ern changes are in phase at the frequency of tilt (warm
northern summers coincide with warm southern sum-
mers). Their added effects give the record its characteris-
tic 40 Kyr periodicity.

Huybers (2006) proposed a competing hypothesis; he
argued that poleward of 60°, the effects of precession are
self-cancelling because seasons spent closer to the sun
are shorter. When the Northern Hemisphere, for ex-
ample, is close to the sun, it receives more insolation at
summer solstice, which would accelerate the melting of
ice sheets. However, summers are shorter in accord with
Kepler’s second law. One can have short, hot summers
or long, cool summers, but total summertime warmth is
roughly constant. Thus, Huybers (2006) proposed that
precession did not drive growth and decay of Antarc-
tic ice sheets. On the other hand, between 60-45° (the
major domain of Northern Hemisphere glaciers during
the 100K world), the total amount of heat received dur-
ing summer is greater when summer solstice is close to
the sun. Thus, when Earth cools enough that large North
American and Eurasian glaciers extend equatorward
of 60° latitude, precession forcing would become more
important. This effect may thus explain why precession
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forcing is more prominent in the '*0 record of large gla-
cial cycles of the past million years, but absent during
the 40K world when glaciers may have been present at
higher latitudes.

The Transition to the 100K World, ~1 Ma

Atabout 1 Ma, the dominant period of glacial-interglacial
cycles increased from 40 Kyr to about 100 Kyr. Statisti-
cal analysis of the benthic foram 0O record shows that
variability at the 41 Kyr period of tilt has been important
throughout the past 3 Myr. Variability at the frequencies
of precession (19 and 23 Ka) and at the 100 Kyr period be-
came important between about 1.4-1.2 Ma. Starting with
the interglacial at 1.2 Ma, one can sometimes observe
longer climate cycles encompassing 2 or 3 individual tilt
cycles (fig. 9.3). Then by 800 Ka, the dominant variance
is in climate cycles lasting about 100 Kyr.

Three general paradigms are offered to explain the
change from the 40K world to the 100K world. The first
is that, around 1 Ma, the Pliocene (or Cenozoic) cooling
became intense enough that glaciers could no longer be
melted by a single period of high insolation due to tilt. The
ultimate cause of the cooling could have been a decrease
in CO, (Raymo et al. 2006), which might have caused the
planet to cool enough to activate another agent in the cli-
mate system. For example, lower CO, concentrations and
modest cooling might have triggered increased sea ice or
a cooling of the eastern equatorial Pacific, both of which
could have led to more extensive glaciers.
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The second paradigm is that the ice ages of the 40K
world changed Earth’s surface such that deglaciation
became more difficult. According to Clark and Pollard
(1998) and Clark et al. (2006), this change was the strip-
ping of soil from the Canadian Shield. They envision
that the glaciated region of North America started out,
around 2.7 Ma, with a soil layer (or “regolith”) about
50 m thick. The soft nature of the soil would have served
to lubricate the flow of glaciers even though the bottom
of the ice sheet would have been frozen. Gradually, how-
ever, the flowing ice would entrain and erode the soil.
Eventually, the soil would be gone and glaciers would
be frozen onto bedrock. They would then have moved
much more slowly, they would build to greater heights
and volumes, and they would be harder to melt. Upon
crossing a threshold where glaciers growing at the start
of a 40 Kyr cycle were unable to melt by its end, we had
entered the 100K world.

The largest of the glacial ice sheets, the Laurentide,
covered the northern latitudes of central and eastern
North America (fig. 9.1). There is some evidence that the
footprint of this ice sheet during the 40K world was as
large as during the 100K world (Clark and Pollard 1998;
Clark et al. 2006). Evidence comes from glacial moraines
around the southern boundary of the Late Pleistocene
ice sheets that have been radiometrically dated to about
2.4 Ma (Balco and Rovey 2010). Also, sediment cores
from the Gulf of Mexico contain an isotopic signature
of glacial meltwater, originating from ice sheets south of
the St. Lawrence River, dating to before 1 Ma. According
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to benthic foram 0®0 data, ice volumes were clearly far
greater in the 100K world, and therefore the ice sheets
must have been far thicker. As outlined above, the ero-
sion of soil would explain the change.

A third paradigm for the transition from 40 to 100 Kyr
periodicity starts with a premise to which we will return
shortly: the 100 Kyr cycles are really cycles paced by tilt,
with deglaciations occurring every second or third tilt
cycle (i.e., after 80 Kyr or 120 Kyr). The paradigm is that
the shift in period is a consequence of chaotic variability
in the climate system (Huybers 2009). Chaos is at least
partially a response to rapid melting of ice during a ter-
mination, as well as the fact that the melting rate reflects
recent as well as current conditions. At least in a model,
the chaotic response to obliquity variations can cause the
duration of a single glacial cycle to vary between 1 and 3
tilt cycles (resulting in periods of 40, 80, and 120 Kyr).
With the auspicious choice of parameters, a very simple
model of the response of the ice sheet to forcing simu-
lates a long string of 40 Kyr cycles followed by a string of
80 or 120 Kyr cycles.

THE NATURE AND DYNAMICS OF THE
100 KYR WORLD, 0.9 MA TO PRESENT

Sawtooth climate cycles recorded
by 0'®0 of Foraminifera

We start this discussion, as for the earlier topics, with a
focus on the 0O of Foraminifera. The first measurements
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of foram 00 were made on Caribbean planktonic
forams and presented in the classic papers of Cesare
Emiliani (Emiliani 1955, 1958, 1964). Broecker and Van
Donk (1970) summarized this work, adding a detailed
record for another Caribbean core. They emphasized
the assymetric nature of the 100 Kyr cycles, with long
intervals of increasing 0O (indicating cooling and ice
sheet growth), followed by short intervals of decreasing
00 (indicating warming and deglaciation). Following
this early work, a great deal of data have been collected.
Much of our data and modern understanding of foram
00 variations comes from the distinguished late Cam-
bridge scientist Sir Nicolas Shackleton. His work, along
with many other studies, has confirmed the sawtooth na-
ture of the late Pleistocene climate record. This pattern
is clearly evident in the benthic foram curve of Lisiecki
and Raymo (2005) (fig. 9.3). It is understood to reflect
the fact that ice sheets can melt a lot faster than they can
grow (growth requires extensive snow accumulation in a
cold and dry climate).

There are some interesting differences between the
same phases of different glacial cycles (fig. 9.4). For ex-
ample, Interglacial Stage 11 (which is incompletely repre-
sented in this figure) at ~400 Ka, was much longer than
the other interglacials, and the present interglacial has
maintained peak temperatures longer than most. Inter-
glacial Stage 7 (245 Ka) appears to have been short and
relatively cool. The last interglacial (at about 125 Ka) was
considerably warmer than the present interglacial (fig.
9.5), and sea level was about 7 m higher due to a further
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Fig. 9.4. Ice core and related records of climate change, 410 Ka to
the present. Top graph, average June insolation at 65° N; next, the
00 of benthic Foraminifera according to the stack of Lisiecki
and Raymo (2005); next, hydrogen isotopic temperature of ice,
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CH,; all plotted versus time. Lower benthic "0 values (upward
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Fig. 9.5. History of sea level and ice volume during the past 50 Ka.
The inverted circular and triangular lollipops give the depth below
current sea level of fossil corals as a function of age. The solid parts
of each symbol give collection depth with respect to modern sea
level (corrected for tectonic uplift); the handles go from these depths
to the maximum possible contemporaneous sea level, thereby allow-
ing for the fact that corals can live below the sea surface. From the
summary in Clark et al. (2009).

retreat of the ice sheets on Greenland and West Antarc-
tica (Kopp et al. 2009).

Globally significant records of climate change over the
past 400 Kyr are summarized in figure 9.4 (Blunier et
al. 2012). The record of benthic foram 6O in this plot
represents the latest part of the record in figure. 9.3. Over
the past 420 Ka there have been four complete 100 Kyr
cycles, with climate shifting from interglacial to glacial
conditions and back.
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Greenhouse gas concentration
changes during the ice ages

Greenhouse gas concentration changes are closely aligned
with changes in global glacial conditions as recorded by
00 of benthic Foraminifera. Carbon dioxide concentra-
tions are low during glacials, high during interglacials,
and intermediate during periods of intermediate climate.
They correlate with 3O of benthic Foraminifera during
excursions lasting tens of thousands of years; for example,
the foram 0O minima at 290, 218, 205, and 82 Ka are all
accompanied by maxima in CO,. Concentrations of CH,,
an important secondary greenhouse gas, also track the 100
Kyr and 20-40 Kyr variability in temperature even more
faithfully than CO,. Methane (CH,) is produced by fer-
mentation. Prokaryotes, which lack oxidants, make en-
ergy by splitting organic matter into CO, and CH,. Under
natural conditions, CH, is mostly produced in continen-
tal bogs and swamps, where O, cannot penetrate through
waterlogged soils. These conditions are more prominent
in warm times than cold, explaining why CH, concen-
trations are higher in interglacial times. High frequency
“noise” in the CH, record reflects climate changes over
periods of order 1000 years, a topic for the next chapter.

Regional temperature histories recorded in
the isotopic composition of ice from ice cores

Just as the oxygen isotope composition of Foraminifera
is an important indicator of climate in deep-sea sediment
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records, the oxygen and hydrogen isotope compositions
of ice are important climate indicators in ice core re-
cords. Their proxy quality comes from the fact that both
O and H isotopes are fractionated when water or ice are
in equilibrium with water vapor. In this equilibrium,
the heavy isotopes enter preferentially into the con-
densed phase (i.e., water or ice). As an airmass transits
from warm to cold regions, it progressively loses water
(or ice) because the saturation vapor pressure decreases
with temperature. At each point along the transit, the
condensed phase is enriched in the heavy isotope with
respect to water gas. As a result, water remaining in the
airmass becomes more and more depleted in the heavy
isotopes of H and O. The magnitude of the depletion is a
measure of the cooling experienced by the airmass at the
location of precipitation.

For the Vostok ice core (see fig. 9.4) raised in East
Antarctica by a Russian and French team, the best re-
cord of ice isotopes comes from hydrogen studies rather
than oxygen studies. The relevant heavy isotope is *H,
hydrogen with a proton and a neutron in the nucleus.
For historical reasons, this isotope is called deuterium
(written “D”). By convention, 'H is simply written as “H.”
The H/'H ratio is 0D (see box 1), defined by analogy
with 00 as:

oD = {(D/H)___/(D/H) — 1}*1000

sample reference

The 0D of Vostok ice also covaries closely with the
00 of Foraminifera (fig. 9.4). Lower values of 0D in ice
signify colder temperatures over East Antarctica. The
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similarity between the ice D curve and the foram 6O
curve indicates that Antarctic climates were cold when
the high-latitude oceans were cold and when the North-
ern Hemisphere continents were heavily glaciated. These
results thus show that climate changes occurring over
tens of thousands of years were globally synchronous be-
tween the hemispheres.

Finally, the dust concentration (increasing downward
in fig. 9.4) also covaries with climate. The dust flux to
East Antarctica depends on two factors: aridity in the
source areas (Southern Hemisphere continental areas,
particularly Patagonia), and winds to transport the dust
to Antarctica. Modeling studies show that the first is
more important than the second, so that high dust ac-
cumulation in East Antarctica signifies extensive aridity
around Patagonia during glacial times. This condition
reflects the fact that glacials were drier than interglacials
in most continental areas.

The general pattern of ice age climate change suggests
that Earth’s climate generally drifts toward the glacial
condition. Upon achieving it, however, some threshold is
crossed and conditions become unstable, leading to de-
glaciation (Paillard 1998; Raymo 1997). In the next sec-
tion, we describe the process of deglaciation, and then
examine the climate forcing that led the to 100 Kyr cycles.

Ice age terminations

The greatest extent of the ice sheets during the last gla-
cial maximum, based on both the distribution of glacial



THE PLEISTOCENE ICE AGES

deposits and direct evidence for sea level lowering,
lasted from approximately 26 to 19 Ka. Figure 9.5 sum-
marizes critical evidence. Of particular importance is
the coral record of sea level, from the landmark work of
by Bard et al. (1996) and Fairbanks (1989). Much effort
was involved recovering fossil corals by drilling offshore
of Barbados and other tropical islands, and then pre-
cisely dating the corals by uranium series methods. For
a given coral age, sea level is approximately equal to the
depth from which the coral was collected. It is necessary
to make corrections for the fact that corals can live in
waters below sea level, and for tectonic uplift of islands
like Barbados. The result is a detailed history of sea level
and ice volume going back tens of thousands of years
(fig. 9.5).

Maximum glaciation and its termination was a com-
plex phenomenon that occurred at different times in dif-
ferent regions Clark et al. (2009). Nevertheless, all the
major continental ice sheets reached their greatest extent
around 25 Ka, and most were retreating by 22-20 Ka.
Lowest sea level coincided with maximum ice extent, as
it must. There is a close connection between sea level and
solar insolation. June insolation at 65° N was a minimum
at 23 Ka, when ice sheets were at or very close to their
greatest extent. Melting began as insolation started to
rise, was about halfway complete by the time insolation
reached its maximum (~11.5 Ka), and continued into
the early Holocene as summertime insolation slowly de-
creased. At the glacial maximum, sea level was about 125
m below the modern level; it rose to within about 10 m
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of the modern level by 8 Ka. The lag in sea level with
respect to insolation reflects the response time of the ice
sheets to changing insolation, greenhouse forcing, and
other influences on climate. Sea level, as deduced from
the 0"O of benthic Foraminifera, agrees closely with sea
level as inferred from corals (Peltier and Fairbanks 2006;
Waelbroeck et al. 2002).

Three important factors drove the transition from a
glacial to interglacial climate. First, rising summertime
insolation at 65° N promoted melting of the ice sheets.
Second, melting of the ice sheets lowered albedo, in-
troducing a positive feedback in which more warming
caused more melting, leading to more warming, and
so forth. Third, concentrations of CO, and CH , Tose,
promoting additional warming. Thus a series of posi-
tive feedback loops sustained deglaciation until large
ice sheets remained only on Greenland and Antarctica.
At that point, a stable climate was reached that has now
lasted about 7 Kyr.

The warming with deglaciation was itself a complex
event that was punctuated by acceleration in some do-
mains and stasis or even climate reversals in others. Ac-
cording to the isotopic composition of ice cores, some
polar regions began warming well after sea level began
to rise. East Antarctica began warming at about 17.5 Ka,
and Greenland about 3 Kyr later (see curves A and C in
fig. 9.2). The dramatic Greenland warming at 14.6 Ka
was followed by the climate deterioration of the Younger
Dryas, a cold period from 12.8 to 11.6 Ka. The Younger
Dryas was followed by another episode of rapid warming.
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Meanwhile, warming with deglaciation in Antarc-
tica was, to some extent, opposite to that of Greenland;
East Antarctica warmed precisely during those intervals
when Greenland was cold. These episodes represent de-
glaciation punctuated by rapid climate change events, in
which sudden variations in ocean circulation influenced
regional climates in different ways (as discussed in the
following chapter). One manifestation of these climate
changes is the variation in the 0"*O of CaCO; of speleo-
thems from East Asian caves (Hulu and Donge records,
plot D in fig. 9.2; see also box 3). These observations re-
flect changes in East Asian hydrology associated with
high latitude climate oscillations discussed above.

It is interesting to compare the sequence of climate
changes during the last glacial termination with those of
the second, third, and fourth glacial terminations, going
back in time. Based on the benthic foram 6O record, at
each termination, sea level began to rise, and the high
latitudes and deep oceans began to warm, within a few
thousand years of the minimum in insolation. The CO,
rise with deglaciation, and the warming of East Antarc-
tica , closely track the 00 decrease. Dust accumulation
in Vostok decreased from glacial to interglacial time as
temperate regions of the Southern Hemisphere became
wetter. Higher CH, concentrations indicate warmer and
wetter climates in the Northern Hemisphere. Methane
rose during the early stages of deglaciation and jumped
when CO, concentrations and East Antarctic tempera-
tures reached maxima. Based on results from the past
100 Kyr (see next chapter), the CH, jump accompanied
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warming in the North Atlantic and surrounding regions.
During terminations, this warming generally put an end
to the discharge of tidewater glaciers and icebergs into
the North Atlantic as marked by the sharp decrease of
rock grains carried by icebergs (“ice-rafted detritus”). Fi-
nally, the rise in CO, with deglaciation closely tracked
Antarctic warming

While glacial terminations differ in detail, they fol-
low a basic sequence of events. Glacial terminations
begin when summertime boreal insolation begins rising.
Melting of ice sheets and warming of the deep ocean are
roughly synchronous with the warming of Antarctica
and the rise of atmospheric CO,. Northern Hemisphere
climates warm and become wetter toward the end of
a glacial termination, when CO, has reached its maxi-
mum value. The link between Antarctic temperature,
deep ocean temperature/ice volume, and CO, suggests
that the Southern Ocean plays a large role in the CO,
rise during deglaciation. The late and rapid warming of
Greenland, and of the Northern Hemisphere more gen-
erally, indicate that the ice sheets themselves can main-
tain cold climates in the north until they shrink below
a threshold value. The connection between insolation
change and deglaciation strongly supports a big role for
Milankovitch (orbital) forcing in the pacing of glacial-
interglacial climate change (CLIMAP 1976).

Interglacial climates are impermanent. Eventually, or-
bital changes will induce cooling, and the opposite feed-
back loops will push the planet toward a glacial mode.
Whether Earth is heading toward warmer or cooler
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climates, the feedbacks run out of steam at some point,
limiting the extremes to something like today’s world on
the warm end, or at the other end, the world of the last
glacial maximum described above.

ORBITALLY DRIVEN CLIMATE CHANGE
INDEPENDENT OF THE ICE SHEETS

Superimposed on the 100 Kyr cycles are two other modes
of climate change. The first consists of events lasting
hundreds or thousands of years that are global in extent
but are most strongly manifested in the North Atlantic
region. These events involve very rapid climate change,
are prominent during glacial times, but may also have
muted expressions during interglacials. They are the sub-
ject of the next chapter (chapter 10); interglacial rapid
change events are discussed briefly in the chapter on the
Holocene (chapter 11).

The second climate mode is paced primarily by pre-
cession and occurs mainly in the lower latitudes. The
most dramatic example of this mode is in hydrologic
changes associated with the East Asian monsoon. Varia-
tions in the 0™*0 of CaCO, making up south China spe-
leothems (cave deposits) vary strongly with precession
and with Northern Hemisphere summer insolation
(Y. J. Wang 2008; fig. 9.6). These 00 changes originate
from changes in isotope fractionation associated with
the evaporation and condensation that lead to the rain-
fall from which CaCO, precipitates. Speleothem §*O
changes thus record regional variations in amounts,
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Fig. 9.6. Black curve: July 21 insolation at 65° N. Gray curve: 6**O of
CaCO, in two East Asian caves. Isotopically lighter (more negative)
values correspond to more summer monsoon rainfall.

From Y. J. Wang (2008).

sources, and pathways of precipitation (e.g., Dayem et al.
2010). Most workers attribute 0O variations to changes
in the amount of summertime precipitation associated
with the East Asian monsoon; low 0O values signify
more intense monsoon and more rainfall (e.g., Y. ]. Wang
2008). We follow this interpretation but note that it was
challenged by Dayem et al. (2010), who argued that other
aspects of the hydrologic cycle could have a major influ-
ence on the relation between precipitation and 6*O.

The tight correlation between 0®0 in Chinese spe-
leothems and Northern Hemisphere summer insolation,
or precession (fig. 9.6), thus suggests that the summer
monsoon in East Asia was stronger when summertime
insolation was more intense (Y. J. Wang 2008). This con-
nection has two causes. First, more insolation means
hotter continental temperatures during summertime,

NHSI (65°N, W m~2)
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leading to stronger monsoons. Second, more insolation
means stronger steering of the Intertropical Conver-
gence Zone (ITCZ) to the north during boreal summer.
The ITCZ is the band in the tropics where equatorward-
flowing air in both hemispheres collides and rises, lead-
ing to high rainfall. In the present context, the northward
shift of the ITCZ leads to greater summer precipitation.

Atlow latitudes, precession introduces more variabil-
ity than tilt to summertime insolation. Since insolation
variations due to precession are out of phase between
the hemispheres, we might conjecture that monsoonal
precipitation changes in the Southern Hemisphere will
be out of phase with respect to changes in the North-
ern Hemisphere. There is evidence to support this view.
For example, X. F. Wang et al. (2006) studied a cave
in southeastern Brazil that falls in the domain of the
South American monsoon. Over the past 36 Ka, 6*0 of
speleothems from this cave closely follows local sum-
mer insolation, which changed mainly due to preces-
sion. However, like precession warming, 6**O is out of
phase between Northern and Southern Hemispheres.
In both China and Brazil, the speleothems are isoto-
pically light when local summer insolation is highest,
signifying a stronger monsoon and increased precipita-
tion at these times.

Another example of orbitally paced changes, dis-
cussed in the next chapter, is precession-paced varia-
tions of temperature and precipitation changes observed
in the Holocene.
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WHAT DRIVES THE 100 KYR ICE AGE CYCLES?

Our emerging understanding of the dynamics of the
100 Kyr climate cycle rests on four concepts. First, ice
sheets respond to Milankovitch climate forcing. When
summers are warm, ice sheets tend to retreat, and when
summers are cool, ice sheets tend to advance. Second,
Earth’s favored climate mode is toward the colder end
of the spectrum. The main evidence for this comes from
the benthic foram 00 curves, showing that Earth has
most often been in the cold mode while trending toward
glacial maximum conditions. Third, ice volume has a
high-volume threshold that, when crossed, leads to in-
stability and rapid deglaciation (Paillard 1998; Raymo
1997). Fourth, changes in the physical climate system
cause the atmospheric CO, concentration to rise when
Earth is warming and fall when Earth is cooling. This
CO, response provides a positive feedback that leads to
the full observed amplitude of glacial-interglacial cycles.

Consider the curve of benthic foram 00 versus age in
figure 9.4. As explained in box 2, increasing 0'*0 signifies
cooler temperatures and larger continental ice sheets. As
insolation fell from 129 through 116 Ka, there was a sig-
nificant trend toward glacial climates. By ~112 Ka, 00
reached half of that at glacial maximum. The 0"%O then
oscillated, anticorrelated with Northern Hemisphere
June insolation. June insolation was at a maximum at 106
Ka and 84 Ka; these times corresponded to 0*O minima.
The 00 increased from 83 to 54 Ka, flattened, and began
increasing again as June insolation started falling at 34
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Ka. The 0®*0 then began to diminish rapidly at ~20 Ka, as
insolation increased. We do not see cooling and growth
of ice corresponding to the insolation decrease during the
Holocene. Nevertheless, the record clearly establishes the
close link between ice volume or sea level change, and
summer insolation. This link is also supported by cli-
mate models (Huybers and Tziperman 2008; Jackson and
Broccoli 2003), although these models may not simulate
the full magnitude of the glacial cooling.

The benthic 0®0 record is also consistent with the idea
that complete deglaciation of temperate and subpolar
continents requires the crossing of a threshold in ice vol-
ume. For example, summer insolation was higher at 106
Ka and 84 Ka than at 21 Ka. However, the earlier insola-
tion maxima do not lead to complete deglaciation. That
happens only once the ice sheets have reached their criti-
cal extent. The situation was similar for previous glacial
cycles. The response of ice volume to summertime insola-
tion is intuitively reasonable. The main challenge, then, is
to understand the factors leading CO, to change (approx-
imately) in phase with global climate, and to understand
the nature of the ice volume threshold for deglaciation.

Near the beginning of this chapter, we discussed
glacial-interglacial fluctuations in the CO, concentration
of air. In glacial times, slower overturning of the South-
ern Ocean, greater windblown dust supply of fertilizing
iron, colder ocean temperatures, and deep-sea CaCoO,
compensation all tend to lower pCO,. Higher ocean sa-
linity and the retreat of the land biosphere during ice
ages tend to increase pCO,. The processes lowering pCO,
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win, pCO, is lower during the ice ages, and there is a pos-
itive feedback involving increased ice volume, increased
albedo, lower atmospheric CO,, and colder climates.

Arguably, the key event linking CO, to climate is the
one that initiates changes in the rate at which waters of
the ocean interior come to the surface in the Southern
Ocean, thereby releasing to the atmosphere CO, that
accumulated from the decay of sinking organic matter.
This rate seems to be affected by the status of deep water
formation in the North Atlantic. During terminations,
there may be intervals in which North Atlantic Deep
Water does not form, because meltwater runoff lowers
the salinity. At these times, Southern Ocean mixing is
enhanced; one possible mechanism is wind belts shift-
ing south with westerly winds becoming stronger over
the Southern Ocean (Anderson et al. 2009; Cheng et al.
2009; Sigman et al. 2010; Toggweiler and Lea 2010). The
higher flux of CO,-rich waters to the surface leads to the
rise in atmospheric CO, that promotes deglaciation.

The remaining question concerns the nature of the
ice volume threshold for deglaciation. There seem to be
two candidates influencing this threshold. First, growth
of an ice sheet depresses the underlying basement rocks
(“isostatic adjustment”), because the weight causes the
underlying crust to flow laterally away from the ice. The
margins of the ice sheet then tend to sink with respect
to sea level, making it easier for the oceans to erode gla-
ciers on the borders of the continents. Second, the bed
of the glacier paradoxically warms as the thickness of ice
increases. The reason is that the ice sheet has the effect of
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insulating the bed from cold air at the surface of the gla-
cier. When the ice is thick, geothermal heating can warm
the bed and melt basal ice, greatly facilitating destruction
of the glacier. Modeling studies have demonstrated the
plausibility of this mechanism (Marshall and Clark 2002).

From this discussion we can create a simple, provisional
model of the 100 Kyr cycle. An interglacial period will
end, and ice sheets will start to grow, when a minimum
in Northern Hemisphere summer insolation is sufficiently
intense. Ice sheets will wax and wane in concert with sum-
mer insolation changes, but tend to get larger over time.
At the same time, the atmospheric CO, concentration
will fall as progressive Northern Hemisphere cooling
causes increased stratification and slower upwelling in the
Southern Ocean. Lower CO, further cools the planet and
provides a positive feedback to the growth of ice sheets.
Eventually ice volume crosses a threshold leading to insta-
bility. The next strong maximum in Northern Hemisphere
summer insolation will lead to the melting of ice sheets
and warming of the planet (Raymo, 1977). Events associ-
ated with deglaciation can cause increased mixing of deep
waters back to the surface of the Southern Ocean, leading
to increased atmospheric CO, burdens, rapid deglacia-
tion, and the return to interglacial conditions.
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10 RAPID CLIMATE CHANGE
DURING THE LAST
GLACIAL PERIOD

................................................................................

THE LAST ICE AGE WAS MARKED BY A SERIES OF CLI-
mate cycles that, while most intense in the North At-
lantic, had manifestations throughout the world. These
events have been broadly characterized, and their dy-
namics have been studied extensively with climate
models. Much is known about the sequence of events
associated with the cycles. However, basic causes re-
main to be understood.

Many aspects of the rapid climate changes are illus-
trated in figure 10.1, which shows five climate records
dating from 10 to 60 Ka. Moving forward in time, this
interval begins shortly after the start of the last ice age,
when the Northern Hemisphere ice sheets grew to
more than half of their maximum extent. It ends after
Greenland warmed to its postglacial value. The upper
three curves are proxy records of Antarctic temperature,
based on the isotopic composition of the ice in the Byrd,
EDML (EPICA Dronning Maud Land, Antarctica), and
EDC (EPICA Dome C, Antarctica) ice cores. The fourth
plot is the isotopic temperature of the NGRIP (northern
Greenland) ice core. The bottom curve is the atmospheric
methane concentration as registered in Greenland and
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Fig. 10.1. Climate records covering the period from 10 to 60 Ka
(Clement and Peterson 2008). In descending order: the "0 or
0D of ice (both indicating paleotemperature) from the Antarctic
ice cores Byrd, EDML (EPICA Dronning Maud Land), and EDC
(EPICA Dome C); the 0'*0 of the NGRIP (North Greenland) ice
core; and the CH, concentration as inferred from Greenland ice
cores. In the EDML plot, “AIM” indicates Antarctic Isotope Maxi-
mum.” In the NGRIP plot, unlabeled numbers, or numbers labeled
“DQ” are the “Interstadial number;” and H numbers are the numbers
of the respective Heinrich events.
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Antarctic ice cores. The interval ends at 10 Ka, when de-
glaciation was largely complete.

Without any more information, one can make re-
markable statements about ice age climates based on
this plot. There were more than 12 times when Green-
land temperature (represented by NGRIP) warmed very
rapidly—on the order of decades or less—followed by a
slow cooling back to baseline glacial temperatures, fol-
lowed shortly by another warming. Five intervals, labeled
HI1-H5 in the NGRIP record, were particularly cold and
long. Each warm event in Greenland had a counterpart
in the Antarctic record. This connection is clearest when
comparing the Antarctic EDC ice core with the Green-
land curves. However, Antarctica and Greenland did not
precisely track. Instead, Antarctica warmed first. For a
time during each event, Greenland remained cold while
Antarctica warmed, then Greenland warmed abruptly
as both regions attained their maximum temperature.
The two regions then cooled more or less synchronously.
Figure 10.1 also shows that the atmospheric CH, con-
centration rose each time Greenland warmed abruptly,
and remained high for the duration of the Greenland
warming.

From these observations we can draw a number of
conclusions. First, the rapid climate change events sum-
marized by these data affected polar regions in both
hemispheres. Second, rapid climate change events were
fast, although more so in the north. Third, continental
areas were affected because continental wetlands are the
major source of atmospheric CH,. The close tracking of
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CH, with Greenland temperature signifies that, in gen-
eral, wetlands were more extensive and precipitation was
greater when Greenland was warm. Finally, climate con-
tinually changed rapidly over most of the time between
10-60 Ka (fig. 10.1) and beyond.

We can systematize the information in figure 10.1 by
invoking three tightly linked sets of occurrences. Inter-
stadial events are the warm events that repeatedly punc-
tuate the ice core records (numbered DO-1 to DO-12 in
the plot of NGRIP 0%0). In extrapolar regions, waters
were warmer in the North Atlantic and Indian Oceans
during interstadial events, East Asian monsoons were
stronger, ocean circulation off the coast of California
was less vigorous, and precipitation was greater along
the north coast of South America. Interstadial events
were called Dansgaard-Oeschger (DO) events by W. S.
Broecker in honor of the Swiss and Danish scientists
who discovered the evidence for rapid climate change in
Greenland ice cores.

The second set of occurrences is the Heinrich events,
named again by Broecker after the scientist who first
documented their nature. They are labeled H-1to H-5 on
the NGRIP curve in figure 10.1. Heinrich events are pe-
riods of about 1-2 Kyr during which Greenland climates
were at their coldest levels, sea ice extent dramatically
increased in the North Atlantic, and precipitation was el-
evated in the western United States and southern Brazil.
Paradoxically, sea ice increased and sea level rose during
Heinrich events as continental ice sheets melted. Massive
icebergs were discharged; they carried glacial debris out
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to the middle of the Atlantic Ocean, where it is found
today in the sediments. Glacial runoft and melting ice-
bergs lowered the salinity of North Atlantic surface wa-
ters, leading to important changes in ocean circulation.

Since both interstadial events and cold periods (in-
cluding Heinrich events) are registered in the 'O of the
ice, it is obvious that the climate must have switched be-
tween these two modes. Thus, interstadial events were
the warm temperature excursions, and the Heinrich
events were the periods when Greenland temperatures
were at their lowest baseline values. Not all interstadial
events were separated by Heinrich events. Only the lon-
gest and coldest periods between interstadial events were
Heinrich events. With the exception of H2, Heinrich
events were immediately followed by interstadial events
that were especially warm and long.

Finally, the Antarctic Isotope Maxima, labeled AIM-1
to AIM-12 in figure 10.1, are expressed as positive (warm)
00 excursions of the Byrd, EDML, and EDC ice cores.
Antarctic Isotope Maxima were, as their name implies,
warm periods in Antarctica that are clearly linked to both
interstadial events and Heinrich events. Antarctic Iso-
tope Maxima began during the cold periods, including
Heinrich events, in Greenland. Antarctic temperatures
rose to maxima around the time Greenland tempera-
tures (or 0®*0) rapidly increased at the beginning of in-
terstadial events. Then, going forward in time, the 60O
in Greenland and Antarctica decreased back to baseline
values. Atmospheric CO, concentrations rose by about
20 ppm during the long AIM’s (fig. 10.1). The simplest
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explanation, given the discussion of atmospheric CO,
changes in chapter 9, is that increased mixing and ven-
tilation in the Southern Ocean promoted the transfer
of CO, from the subsurface ocean to the atmosphere.
While CO, followed Antarctic temperature, as pointed
out earlier, CH . tracked Greenland temperature.

In this chapter, we will start by discussing, in more de-
tail, the ice core record of climate change in Greenland,
and its significance. We will then look at links between
Greenland climate and that of extratropical regions.
Next, we will consider climate connections between
Greenland and Antarctica. In each case, we'll discuss dy-
namics of climate leading to the observed variations.

CLIMATE CHANGES RECORDED
IN THE GREENLAND ICE CORES

The Greenland ice core record of climate is remarkable
both for the rapidity of the changes and their magni-
tude. During the last ice age, rapid climate change events
began with warmings that were largely complete within
a few decades. Temperature changes were big—glacial-
interglacial differences were over 20°C, and rapid warm-
ings encompassed about half this range. What caused
these rapid temperature changes in Greenland? As the
following discussion shows, the cause seems to have
been the extent of wintertime sea ice in the surrounding
seas. Climate change around Greenland and the ocean
to its south then influenced conditions elsewhere in the
Northern Hemisphere and perhaps beyond.
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The best-studied rapid warming occurred at 11.6 Ka.
This warming ended a cold period in the northern At-
lantic region, known as the Younger Dryas, which had
interrupted the overall warming associated with the last
glacial termination. The warming reached its full mag-
nitude in a couple of decades or less. How can we know
this? Two sources of evidence, among others, stand out.
First, the warming was associated with an increase in
snowfall, marked in the ice cores by a thickening of an-
nual layers. This thickening occurred over only a couple
of years (Alley et al. 2003). Second, warming left a re-
markable imprint in the isotopic composition of trapped
gases. Since heat diffuses slowly, it takes about one hun-
dred years for the warming to infiltrate through the
firn—the upper layer of incompletely compacted ice. It is
at the base of the firn, lying about 70 m below the surface
in Greenland, that gases are trapped as ice grains are sin-
tered together. For a century after a rapid warming, the
base of the firn is therefore colder than the surface of the
ice sheet. By a process known as thermal diffusion, the
heavy isotopes of gases are enriched at the cold end of the
temperature gradient, which is to say at the base of the
firn. Here, the heavy isotope enrichment is recorded as
gases are trapped in isolated bubbles of air. Eventually, the
base of the firn warms and the heavy isotope enrichment
disappears. Rapid warmings are thus recorded by sharp
increases, going forward in time, of the ratio of heavy to
light Ar (argon) and N, isotopes in the trapped gases, fol-
lowed by a slower return to background levels (Severing-
haus et al., 1998, Grachev and Severinghaus 2005).



CHAPTER 10

Knowing how much temperature rose at the end of
the Younger Dryas, we can now estimate the full glacial-
interglacial temperature change in Greenland. During
this 10°C warming, the 6O of ice increased from about
—40%o to —36 %o. Thus, each 1%o increase in 'O of ice
reflects a warming of about 2.5°C. The 00 increase at
the end of the Younger Dryas was only about half of the
8%o range in 0'*0 values that spanned the warming from
the height of the last ice age to the Holocene (fig. 10.1).
Therefore we infer that, during the height of the last ice
age, Greenland was about 20°C colder than at present.
This huge temperature change had been independently
documented by measuring the temperature of ice in the
hole of the GISP2 ice core (central Greenland), down to
the bedrock. The current temperature in the deeper part
of the ice sheet still “remembers” some of the cold from
the last glacial maximum (Cuffey et al. 1995).

The substantial, rapid warmings at the end of the
Younger Dryas, and at the start of earlier interstadial
events, raise two questions. First, how did Greenland
get so cold in the first place? Second, what mechanism
is responsible for the warming? The key clue about the
origin of these drastic temperature variations comes
from data on the lowering of the snowlines of moun-
tain glaciers in Greenland during the last glacial and the
Younger Dryas. Snowlines lie approximately at the alti-
tude where summer temperatures are around the freez-
ing point. Denton et al. (2005) observed that the glacial
snowlines were about 500-700 m lower than at present.
Thus, during the LGM summertime temperatures in
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Greenland were only about 5°C colder than today. The
question then becomes how annual average tempera-
tures could have been 20°C colder when summertime
temperatures were lower by just 5°C. The obvious an-
swer is that wintertime cooling was very large, perhaps
35°C. What could cause Greenland to be so cold in
winter? The likely answer is that wintertime sea ice ex-
tended across much of the North Atlantic, surrounding
Greenland and thermally isolating it from the ocean’s
heat. Modeling studies support the link between winter
sea ice and the very large decreases in Greenland mean
annual temperature (e. g., Li et al. 2010).

MILLENNIAL CLIMATE CHANGE IN THE NORTH
ATLANTIC DURING THE ICE AGES

The most dramatic imprint of North Atlantic climate
change during the last ice age is the presence of discrete
sedimentary layers rich in ice-rafted detritus (IRD), each
representing a Heinrich event. As described above, these
sedimentary layers correspond to the cold periods in
Greenland labeled H-1 to H-5 in figure 10.1. The solid
black lines in figure 10.2 show the region of maximum
IRD accumulation between 13-25 Ka according to Rud-
diman (1977) who first discovered the presence of exten-
sive IRD in North Atlantic sediments. Figure 10.2 also
shows all the cores in which Heinrich events have been
identified, according to Hemming (2004).

Ice-rafted detritus in northeast Atlantic sediments
was concentrated in discrete layers that are equivalent
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Fig. 10.2. Location of cores in which Heinrich layers have been
discovered, according to the review of Hemming (2004). The black
lines mark the region of maximum ice-rafted detritus according to
Ruddiman (1977). Patterns show ages of rocks for IRD source areas.

in age to the H-events marked in figure 10.1, above the
NGRIP 0"0 curve (Heinrich 1988). Most of these layers
were composed almost entirely of IRD. The late Gerard
Bond, working with colleagues, made detailed studies of
the distribution and nature of the IRD. Bond and Lotti
(1995) showed that, in addition to layers rich in IRD as-
sociated with Heinrich events, there were smaller IRD
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accumulations associated with the shorter cold events
between each of the interstadial events.

Chemical and mineral properties can be characteris-
tic of an IRD source, allowing us to assess its provenance
(Hemming 2004). A key indicator of provenance is the
abundance of radiogenic isotopes in a rock or mineral.
Radiogenic isotopes are stable isotopes produced by the
radioactive decay of a “parent” isotope. For example,
¥Rb (rubidium) decays to ¥Sr, increasing the ratio of
87Sr/%6Sr in a rock or mineral (**Sr is one of three stable
isotopes of strontium that, unlike ¥Sr, has no radioac-
tive source). The older a mineral, and the higher its ru-
bidium concentration relative to strontium, the higher
will be its ¥Sr/*¢Sr. In addition to strontium, the isotopic
composition of argon, neodymium, and lead varies in
minerals for analogous reasons. The isotopic composi-
tion of these elements changes in characteristic ways in
rocks around the North Atlantic. There are other dis-
tinctive features of the composition of ice-rafted de-
tritus: it can contain detrital CaCO, and MgCO, mud
(from ground-up limestone and dolomite in the source
regions), volcanic glasses from Iceland, and quartz
grains stained red by Fe O, that probably come from
Greenland. These distinguishing properties allow us to
trace minerals making up IRD in North Atlantic sedi-
ments back to their source.

Studies of these properties show that the main source
of IRD in the Heinrich layers is from the area around
the Hudson Straits (fig. 10.2), which drained the region
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of the Laurentide Ice Sheet centered on Hudson’s Bay.
This source accounts for much of the coarse-grained
material as well as the carbonate mud. When exam-
ined in detail, however, there is a rich record of material
deriving sequentially from different regions. Heinrich
events 3 and 6 are represented by much less accumula-
tion than the other events, and the eastern margin of the
Atlantic was an important source. There are differences
in the other Heinrich events, as different source regions
contribute material at different times. The sediments
thus record a complex sequence of iceberg inputs from
different areas around the North Atlantic, and show that
the sequence of delivery may have changed from one
event to the next.

Meltwater from icebergs lowered the salinity of the
surface ocean. The clearest evidence comes from data on
the 0O of planktonic Foraminifera. During Heinrich 4,
for example, summertime surface water temperatures
(inferred from the species abundances of planktonic
forams) cooled by about 3°C, which by itself would have
caused the 00O of planktonic Foraminifera to increase
by about 0.7%o. However, 00 actually fell by approxi-
mately 1.5%o in the band of maximum IRD deposition at
about 50° N. This decrease, due to the addition of glacial
meltwater, corresponds to a salinity drop of about 2-3
units out of 35, which is the average oceanic value. The
lowered salinity during Heinrich events caused a drop in
the density of surface water in the North Atlantic. This
density change had important consequences for ocean
circulation and global climate, as we will see below.
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CLIMATE CHANGE IN THE TROPICS
AND MIDLATITUDES

Climate variations linked to the interstadial events,
Heinrich events, and Antarctic isotope maxima have
been observed in many extrapolar regions. We focus on
four: southeastern China, the currently arid areas of the
American West, the tropical Atlantic north of Venezuela,
and southeastern Brazil. We start with China, where high
resolution speleothem records reveal details of climate
change linked to Dansgaard-Oeschger (DO) events.

We discussed records of 00 in Chinese caves in the
last chapter (see also fig. 9.6). There is variability in 6O
that is tightly linked to Northern Hemisphere insolation.
At times of high insolation, 6O of speleothem CaCoO, is
low, signaling a change in the hydrologic cycle that most
likely involves increased rainfall during the summer
monsoon. Inspection of the record shows that there is
also millennial variability, reflected in the very noisy re-
cords between ~30 and 70 Ka, for example (fig. 9.6). The
records for Hulu Cave, southeastern China, are shown
on an expanded scale in the top of figure 10.3, with 6'*O
decreasing upward (Y. ]. Wang et al. 2001). The bottom
curve is the GISP2 isotopic temperature record, plotted
from 0 to 77 Ka with warmer temperatures toward the
top. There is a minimum in speleothem 6O for each DO
event recorded in the GISP2 ice core. Caves recording
precipitation from the Indian monsoon (not shown) fol-
low the same pattern: 0'*O was lower during Dansgaard-
Oeschger events in Greenland.
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Fig. 10.3. Top: The 6"*0 of CaCO, from speleothems in Hulu Cave,
eastern China. Lighter values (trending upward) are thought to
indicate a stronger summer monsoon. Numbers on the top plot
correspond to the numbers of Heinrich events. Dashed black line:
Northern hemisphere summer insolation. Bottom: Isotopic tempera-
ture curve for the GISP2 ice core. Vertical gray bars indicate periods
of Heinrich events. From Y. J. Wang et al. (2001).

The 6"%0 values of these speleothems were originally
thought to indicate the strength of monsoon precipita-
tion. The idea was that rains from the summer monsoon
had low 0%0 values. Therefore speleothems with low
00 values would indicate a strong summer monsoon,
while speleothems with high 6'*O values would indicate
a weak monsoon (e.g., Y. ]. Wang et al. 2001). However,
this view is controversial, in part because there are other
processes that could cause the ~1%o variations in 0*O

Insolation (W/m?)
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observed during millennial duration events (Dayem et
al. 2010; Pausata et al. 2011). We provisionally follow most
recent authors in regarding these changes as evidence for
variations in the strength of the East Asian monsoon. In
this view, strong Asian monsoons are linked to warm in-
terstadial events in Greenland.

Wallace Broecker has studied climate history in the
Great Basin (centered in Nevada but extending into
Utah, Idaho, Oregon, and California) for over half a cen-
tury. The essential method is to use ancient shorelines
as a measure of precipitation—higher shorelines mean
larger lakes and more rainfall. Dating these shorelines
provides a chronology and information about relative
precipitation versus time. His recent collaborative work
(Broecker et al. 2009) details lake level history during
the first half of the last glacial termination with a focus
on Heinrich event 1, which dates from about 17.5 to 15.5
Ka. The salient result is that there is a dramatic increase
in lake level at 16.4 Ka, coinciding with the second half
of Heinrich event 1. At this one time, at least, precipi-
tation was enhanced in the western United States while
Greenland was cold, the northern tropics were dry (see
below), and wetlands elsewhere were reduced in extent
(as judged from the methane concentration).

Millennial scale climate changes are also recorded
in the Cariaco Trench, a “hole” in the tropical Atlan-
tic seafloor at 10° N, just north of Venezuela (Peterson
et al. 2000). In sediments deposited during the last ice
age, bands of light- and dark-colored sediments alter-
nate. The dark bands correspond to times of rapid mud
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Fig. 10.4. Top: Darkness of sediments (lower reflectance) versus time
in a Cariaco Trench core north of Venezuela. Darker layers indicate
higher concentrations of mud, corresponding to periods of greater
precipitation and a higher flux of mud to the study site. Bottom:
Isotopic temperature curve of GISP2. Tie points connect maxima

or minima in the two records. The two curves demonstrate a link
between warm temperatures in Greenland and higher precipitation
in the tropical Atlantic (Peterson et al. 2000).

accumulation, signifying higher precipitation on the
nearby continent. Accumulation of dark bands coin-
cided with Dansgaard-Oeschger events in Greenland
(Peterson et al. 2000; fig. 10.4). Thus, precipitation in the
northern tropical North Atlantic was elevated during in-
terstadial events, and suppressed during Heinrich events
and other cold periods in Greenland.

In several areas of tropical South America, precipi-
tation changes appear to be out of phase with respect

880, (per mil SMOW)
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to those in the northern tropics, such as the Cariaco
Trench. An example comes from northeastern Brazil
(10° S), where speleothems grew during wet times and
did not grow during dry times. At a particular age, the
presence or absence of speleothems provides some indi-
cation of relative precipitation. It turns out that, between
10 and 60 Ka, speleothems grew at the times of H1, H4,
H5, and H6, and were otherwise dormant. Between 60—
90 Ka, the record indicates that speleothems sometimes
failed to grow during cold periods in Greenland and
dry periods (low reflectance) in the Cariaco Trench (fig.
10.4). This difference in precipitation in the northern and
southern tropics is recorded elsewhere and appears to be
a robust feature of tropical and subtropical climates dur-
ing the ice ages.

CLIMATE CHANGE IN ANTARCTICA

We emphasize four salient features of the Antarctic
ice core record during the last ice age (fig. 10.1). First,
millennial-duration warm events in Antarctica cooccur
with interstadial events in Greenland. Second, particu-
larly long and warm Antarctic Isotope Maxima (AIM’s)
coincide with Heinrich events and the long Greenland
interstadials that follow. Third, AIM’s begin before the
rapid warming in Greenland associated with DO events.
Fourth, CO, rises by about 20 ppm at the time of H3, H4,
H5, and H6. The higher CO, concentrations may have
been associated with increased winds over the Southern
Ocean and more rapid mixing.
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CAUSES OF RAPID CLIMATE CHANGE
EVENTS DURING THE ICE AGES

Inspection of figure 10.1 shows that it is very difficult
to define a millennial-duration climate cycle as a se-
quence of events initiated by some identifiable process.
For example, an obvious starting point is the Greenland
rapid warming, but these are always preceded by warm-
ings in Antarctica. It seems more useful to think about
millennial-duration climate change as a repeating chain
of events in which the completion of one phase leads to
the start of the next. There are many competing ideas
about the causes of rapid glacial climate change, but a
leading theory is emerging that seems likely to be sus-
tained and expanded. The roots of the hypothesis go
back to work of Broecker and collaborators in the mid-
1980’s and later (e.g., Broecker 1994).

We start with Heinrich events in the North Atlantic.
A basic observation is that these events were linked to
the presence of large ice sheets in the surrounding land
areas, now absent except in Greenland. Source finger-
printing, discussed above, indicates that most of the ice-
rafted detritus found in the Heinrich layers came from
the Hudson Straits. There are four hypotheses about their
origin (Hemming 2004): as either (1) surges of glaciers in
Hudson’s Bay, (2) surges of ice streams flowing through
the Hudson Straits, (3) rapid discharge of large subglacial
lakes formed by melting at the bed, or (4) the breaking off
of floating ice shelves originating from glaciers that had
discharged through the Hudson Straits. In each case, we
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can think of the system by analogy to a capacitor: ice or
basal meltwater reservoirs fill, and then discharge. All four
proposals have in common the idea that most ice carrying
IRD drained into the North Atlantic through the Hud-
son Straits, with the accompanying implication that large
amounts of freshwater would have been discharged into
the North Atlantic in the form of the resulting meltwater.

Accumulation of large amounts of meltwater in the
North Atlantic surface, recorded by isotopically light
oxygen in planktonic forams (among other measures),
will lower the density of surface waters. Many numerical
modeling studies have examined the effects of meltwater
on ocean circulation and climate (e.g., see the pioneer-
ing work of Manabe and Stouffer [1997] and the review
by Clement and Peterson [2008]). If the freshwater input
is sufficiently great, it will oppose the density increase
due to cooling and diminish or stop the sinking of sur-
face waters to depth. Hemming (2004) summarized esti-
mates of the rate of freshwater addition. Some estimates
are high enough to cause significant climate and circula-
tion changes, according to modeling studies.

North Atlantic Deep Water (NADW) forms when
dense surface waters sink to depth and flow southward,
as happens today. In this state, waters lost to sinking must
be replaced by tropical waters flowing north. According
to modeling studies, in the Heinrich state, introduction
of sufficient meltwater cuts off this flow and the warmth
it brings to high latitudes. The northern Atlantic region
thus cools, to the point where wintertime sea ice can ex-
tend south of Greenland, and isolate that landmass.
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The cooling and growth of sea ice in the North At-
lantic leads to climate changes in the regions beyond.
When the tropical Atlantic cools, the Intertropical Con-
vergence Zone (ITCZ) shifts southward, along with the
belt of tropical precipitation (e.g., Chiang and Bitz 2005;
Chiang et al. 2003; Zhang and Delworth 2005). This shift
explains both drier conditions recorded on the northern
rim of South America (in the Cariaco Trench, about 10°
N), and wetter conditions in caves located at about 10° S
in northeastern Brazil (X. Wang et al. 2004). In warmer
periods, the ITCZ and the locus of precipitation is over
the northern coast of South America, leading to wet cli-
mates there. During Heinrich events, the ITCZ shifts
south, and the northern coast of South America is drier.
Further south, there is more precipitation resulting in
wetter conditions in northeastern Brazil, for example.

Heinrich events in the North Atlantic induce changes
in the Southern Ocean and Antarctica with important
consequences. Perhaps most significant is an accel-
eration in the rate of upwelling and formation of deep
water in the Southern Ocean. Two mechanisms lead to
this effect. First, the presence of ice in the North Atlan-
tic during Heinrich events drives climate belts to the
south, including westerlies blowing over the Southern
Ocean. Shifted to the south, they blow over the center
of the Southern Ocean and induce upwelling and deep
water formation. A symptom of this change is the in-
crease in CO, during Heinrich events (e.g., Anderson
et al. 2009; Lee et al. 2011). Another aspect is the shift of
deep water formation to the south due to the shutdown
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of NADW. The idea is that deep waters will always form
somewhere; warm, shallow waters are mixed down via
turbulence into the ocean interior, and the resulting
less dense waters will eventually be replaced by denser
waters forming in one of the high-latitude regions. If
NADW formation is cut off, the locus of deep water pro-
duction shifts to the Southern Ocean. Ventilation asso-
ciated with this deep water formation will release CO, to
the atmosphere (Sigman et al. 2007).

Antarctica warms during Heinrich events (fig. 10.1).
The nature of Atlantic Ocean circulation provides an
explanation for this surprising discovery. During warm
times in Greenland, deep water forms from sinking sur-
face water in the North Atlantic to form NADW. This deep
water flows into the South Atlantic and on to the South-
ern Ocean and the Pacific. The ultimate source of NADW
is South Atlantic surface water, which crosses the equator
and flows toward the North Atlantic where it is cooled
and densified. During the formation of NADW, the North
Atlantic thus steals heat from the South Atlantic as the
warm water flows north. When NADW formation stops,
warm waters remain in the South Atlantic, causing that
hemisphere to warm. Related circulation changes in the
Southern Ocean concentrate the warming on the conti-
nent of Antarctica (e.g., Kageyama et al. 2010).

Heinrich events end because, eventually, fresh meltwa-
ter is flushed out of the North Atlantic. NADW produc-
tion resumes, the North Atlantic warms, and the changes
in the tropics and the Southern Hemisphere associated
with Heinrich events are reversed. Subsequently, there is
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a new episode of iceberg or meltwater discharge into the
North Atlantic, and the cycle repeats.

What happens during the more frequent climate cy-
cles, involving interstadial events and the intervening
cold “stadial” events that occur between the Heinrich
events? Our best understanding is that these are muted
Heinrich cycles. The interstadial events in Greenland are
all associated with interstadial events in Antarctica, and
vice versa (fig. 10.1; Wolff et al. 2010). Antarctica warms
during cold periods in Greenland, whether or not these
cold periods represent Heinrich events. During each
event, Greenland warms rapidly when the Antarctic
warming reaches its maximum, and then Antarctic and
Greenland temperatures fall in concert. Greenland stadi-
als that are not Heinrich events still show elevated levels
of ice-rafted detritus, albeit in lower abundances than
during Heinrich events (Bond and Lotti 1995).

When it was first understood that rapid 6**O changes
in Greenland ice cores recorded dramatic and fast cli-
mate changes in many regions of the globe, there was
concern that the modern climate might also change
rapidly once a tipping point was crossed. However in
studies of the climates of the Holocene and the preced-
ing interglacial (at about 125 Ka), the only evidence for
an episode similar to rapid ice age climate change comes
from an event dated to 8.2 Ka in which meltwater from
the decaying Laurentide ice sheet led to a brief shutdown
of NADW formation with attendant consequences to
climate. In general, it seems that massive ice sheets are
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required to produce the rapid climate changes that fre-
quently occurred during the last ice age and beyond.

WHAT CONTROLS THE TEMPO
OF DANSGAARD-OESCHGER EVENTS?

One of the most enigmatic observations about interstadial
events is their pacing. These events occur with remarkable
fidelity on a 1500 year beat, although occasional beats are
missed (Alley et al. 2001; Mayewski et al. 1997; Rahmstorf
2002). The question is, what is the cause of this timing?
An obvious possibility is that there is a 1500 year cycle in
solar intensity. Such a cycle would be imprinted in varia-
tions of the Be (beryllium) abundance of ice cores and
deep-sea sediments. The connection comes from the fact
that when the sun shines more brightly, it strengthens the
solar magnetic field around the Earth. The stronger field
deflects incoming cosmic rays (high energy protons and
other nuclei) which undergo nuclear reactions with nitro-
gen in the atmosphere to produce “cosmogenic” “Be. This
type of "Be is a radioactive isotope with a half-life of 1.39
Myr and no other significant source. It is removed from
air to accumulate in soils, sediments, and polar ice. The
absence of a 1500 year cycle in “Be accumulation (Alda-
han and Possnert 1998; Usoskin et al. 2009) suggests that
the 1500 year cycles are not driven by changes in solar
activity (Bard and Frank 2006). Another alternative is pe-
riodicity in glacial discharge stopping the NADW forma-
tion, but this process is unlikely to be so highly periodic.
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Alley et al. (2001) suggested that the strong periodic-
ity in interstadial events is due to stochastic resonance.
In this phenomenon, a system switches between two
stable states (or modes) due to the combined effects of
a push (“weak directed forcing”) and noise, neither of
which is strong enough to drive the switch on its own.
Friedrich et al. (2010) suggested that the forcing was
associated with cooling that would weaken the strati-
fication of the North Atlantic, making circulation in
that basin more sensitive to the freshwater balance.
Other authors have suggested mechanisms that involve
changes in ocean circulation (summarized by Friedrich
et al. 2010). We do not yet have a robust understanding
of the 1500 year cycles.

In summary, rapid climate change events were persis-
tent features of ice age Earth. These events encompassed
a pattern of climate changes stretching from the Arctic
to Antarctica, and encompassing temperate latitudes,
including monsoonal regions and the tropics as well.
Changes in the high latitudes were most strongly mani-
fested in terms of temperature, whereas changes in the
middle and low latitudes were manifested largely by vari-
ations in precipitation. In general, climate change in the
Northern Hemisphere was somewhat out of phase with
climate change in the south. Changes in Southern Ocean
circulation caused CO, to rise when Antarctica warmed,
and changes in precipitation intensity caused CH, to rise
when Greenland was warm. The ultimate causes of rapid
climate change events remain uncertain.
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11 THE HOLOCENE

................................................................................

THE HOLOCENE BEGAN, BY DEFINITION, 11,700 YEARS
ago, at the end of the Younger Dryas cold excursion.
It extends to the present, although the era beginning
around 1850, when man first undertook activities that
would have a significant impact on global climate, is
sometimes called the Anthropocene. Local and regional
climate changes during the Holocene are documented in
a very extensive literature. Most regional changes are at-
tributed to variations in Earth’s internal climate system
(i. e, changes in regional temperature, precipitation, and
other climate properties that are not driven by changes
in Earth’s orbit or solar activity). In this chapter, we focus
instead on two modes of climate change that are dis-
tinguished by their hemispheric or global imprint. The
first group involves climate changes driven by the major
insolation changes of the Holocene, the precession-
driven shift leading from warmer Northern Hemisphere
summers at the start of the epoch to warmer Southern
Hemisphere summers today. The second group involves
changes linked in some way to variations in the North
Atlantic Ocean. This second group has sometimes been
attributed to variations in solar luminosity, and we dis-
cuss this attribution. Finally, we end with three examples
of regional climate change on the continents attributed
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to internal instabilities, associated in this case with varia-
tions in sea surface temperature.

HOLOCENE CLIMATE CHANGE
ASSOCIATED WITH PRECESSION

The orientation of Earth’s spin axis (box 4) has changed
over the past 10 Kyr so that northern summers now
occur when Earth is farthest from the sun, whereas at
10 Ka they occurred when Earth was closest to the sun.
Northern summertime insolation reached a maximum
at about 10 Ka and has declined to the present, when it is
near the minimum. This feature is visible on the plot of
June insolation versus time before present in figure B, box
4. Wintertime insolation in the Northern Hemisphere,
and summertime insolation in the Southern Hemisphere
both increase from 10 Ka to today. This change has had
two important effects on climate, which is hardly sur-
prising given what we've learned about insolation and
climate from Pleistocene studies. First, Northern Hemi-
sphere summers have grown cooler over time, a change
recorded mainly by vegetation in the relatively ice-free
world of the Holocene. Second, precipitation in the sub-
tropics and tropics has changed progressively during the
Holocene. Monsoonal precipitation has grown weaker
in the Northern Hemisphere, and the Intertropical Con-
vergence Zone (ITCZ), with its belt of high rainfall, has
moved progressively to the south. Of course, climate
change may be more complex than suggested by the in-
solation curves, because two confounding factors come
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into play. First, a remnant of the Laurentide Ice Sheet
survived until about 7 Ka (Carlson et al. 2008), and its
high elevation and albedo contributed to cooling me-
teorologically proximal northern regions (Renssen et al.
2009). Thus, in areas such as western Europe, which are
meteorologically tied to eastern Canada, the response
to high-latitude insolation was muted at the beginning
of the Holocene. In these regions, the Holocene climate
optimum occurs between 4-7 Ka rather than earlier.
Second, many regions were influenced by more than one
mode of climate change, and all relevant modes are con-
flated in the record.

Summertime temperatures in northern latitudes were
higher in the ocean as well as on land. Diatom species
abundances and the alkenone temperature index shows
that, in the region around Iceland, summer sea surface
temperatures were warmer early in the Holocene (Moros
et al. 2004; Rasmussen and Thomsen 2010). A record at
60° N, southwest of Iceland, shows the warmest temper-
atures between about 4-7 ka, followed by a slight cooling
(Came et al. 2007).

Most information about high-latitude Holocene land
temperatures comes from pollen data, whose proxy qual-
ity is based on the fact that plants have optimal tempera-
ture ranges. Prentice et al. (2000) summarized a massive
amount of pollen data for Europe and North America on
three “time slices™ today, 6 Ka, and the last glacial maxi-
mum. They showed that higher latitudes were warmer in
the mid-Holocene. The contrast is strongest in Scandi-
navia, where mid-Holocene forests are found in regions
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that host taiga (polar scrub forests) today. The bound-
ary between forest and taiga was also further north in
North America during the mid-Holocene. We can get
somewhat more information about European climate
change by “stacking” pollen records for many different
locations (essentially averaging the climate anomalies
in all the records), and taking advantage of the fact that
pollen gives independent information about summer-
time temperatures and annual averages. In Scandinavia
and northern Germany, July temperatures were warm-
est around 7-8 Ka and mean annual temperatures were
warmest around 6-7 Ka. Mean annual temperatures fell
by about 2.5°C after 6 Ka (Seppa et al. 2009). In Europe
south of 50°N latitude, there was considerable warm-
ing from the beginning of the Holocene to about 8 Ka,
after which temperatures were stable. The exception was
southeastern Europe (Spain, Portugal, and Italy), which
has warmed over the past 8 Kyr (Davis et al. 2003).

In the tropics, Holocene climate change driven by
insolation was manifested as variations in the strength
of the monsoons, and the migration of the Intertropical
Convergence Zone (ITCZ). In some cases, the ITCZ may
have aligned with regions affected by monsoon dynam-
ics, with both factors playing a role.

The Intertropical Convergence Zone tends to follow
the sun. Intuitively this makes sense, as air will rise where
the surface is heated most strongly. During the early Holo-
cene, Earth was closest to the sun in the northern summer;
during the later Holocene, Earth was closest to the sun
in the southern summer. Accordingly, the summertime
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position of the ITCZ, and the associated band of rising
air and high precipitation, has moved to the south during
the Holocene. Areas in the northern tropics that get their
precipitation from the ITCZ have become drier, and areas
in the southern tropics have become wetter. For exam-
ple, just north of Venezuela, changes in the composition
of sediments in the Cariaco Trench (11°N) indicate that
precipitation was greatest between 6-10 Ka and dimin-
ished progressively toward the present (Haug et al. 2001).
In the western tropical Pacific, deep-sea sediment cores
centered on the equator indicate that the water has be-
come substantially less salty over the Holocene (Stott et al.
2004). The authors suggested that the changing position
of the ITCZ directed water first into the Atlantic, making
the Pacific salty earlier in the Holocene, and then later to
the Pacific, where the water was freshened.

Insolation also acts on tropical precipitation by influ-
encing the strength of the monsoon. The summer mon-
soon develops as land is heated more in summertime
than the adjacent ocean. Wet air from the ocean flows
onto land where it rises, cools, and releases precipitation.
When the summer sun shines more brightly, uplift and
precipitation are more intense, as discussed earlier. Thus,
one expects the monsoon to have been stronger in the
Northern Hemisphere at the beginning of the Holocene,
and to be stronger in the Southern Hemisphere today.
The argument is identical to that in chapter 9 (“The
Pleistocene”) regarding the relationship between preces-
sion and the intensity of Asian summer monsoons as re-
corded in speleothems.
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Not surprisingly, Holocene precipitation responded
strongly to precession changes in various monsoon
regions. First, consider regions north of the equator.
Around the Indian Ocean, there is evidence from both
marine and terrestrial deposits for a stronger monsoon
earlier in the Holocene. In marine deposits, the evi-
dence comes from the abundance of forams acclimated
to upwelling systems (which are more prevalent when
monsoons and winds are stronger), from proxy recon-
structions of salinity (lower salinity means more rain
and river runoff), and from vegetation on nearby lands
as recorded by pollen (Anderson and Prell 1993; Gupta et
al. 2003; Gupta et al. 2011; Overpeck et al. 1996). On land,
evidence for a wet period from about 5 to 10 Ka comes
from pollen, lake levels, and other sources (as summa-
rized by Overpeck et al. [1996]). Further support comes
from a study of a speleothem in Oman, where 6O re-
cords the amount of summer monsoon precipitation
(Fleitmann et al. 2003). As for other speleothem data,
the record is of particular interest because the timescale
is very accurate and the record is continuous.

In China, there is also evidence for an intensified East
Asian monsoon during the early Holocene. This evidence
includes pollen data from southeastern China, data from
deposits of loess (windblown dust) showing that there was
more intense weathering (hence wetter soils), and proxy
salinity data from the South China Sea indicating more
runoff (Maher and Thompson 1995; Porter 2001; Zhou et
al. 2004). In speleothems from East Asia, 0®O increases
throughout the Holocene toward the present, indicating



CHAPTER 11

that the summer monsoon has become progressively
weaker (L. Wang et al. 1999; Y. Wang et al. 2005).

South of the equator, in Flores, Indonesia (8°S lati-
tude), summer monsoon intensity increased toward the
present (Griffiths et al. 2010). An intriguing example of
the influence of precession comes from Lake Challa, at
3°S in Tanzania, where properties of organic chemi-
cals in soils provide an archive of precipitation changes.
Lake Challa is close enough to the equator that it will
have strong monsoons at times when Earth is close to
the sun in northern as well as southern summers. One
or the other hemispheres spends summer closest to the
sun every 10 Kyr. Consequently, there is an approximate
10 Kyr cycle of precipitation intensity (Verschuren et al.
2009) at this location, as opposed to other monsoon sites
where the period of variability is the same as the period
of precession (about 20 Kyr).

A particularly interesting example of the influence of
insolation on monsoon comes from North Africa. This
region is the site of a summer monsoon, with the Atlan-
tic Ocean supplying moisture. The monsoon was much
stronger between about 14-5 Ka when summer insola-
tion was of course greater. The consequent increase in
precipitation during this interval left its mark on lakes
that were higher, more widespread, and fresher than
today’s; on grasslands and trees in areas that are barren
today; on decreases of windblown dust; and on greater
river runoff than at present (see summaries, for example,
in Liu et al. 2007; Patricola and Cook 2007). Gobero, in
central Niger, is extremely arid today. However, from



THE HOLOCENE

about 9 to 4.5 ka, it hosted a lake that was often up to 5
m deep, and the surrounding lands were arboreal savan-
nah. Local fauna included hartebeest, hippos, and croco-
diles. Gobero was occupied for most of the Holocene, as
recorded most dramatically by many human skulls and
skeletons, but also by tools and implements, jewelry, and
(needless to say) garbage (Sereno et al. 2008). Occupa-
tion was sparse by 4.5 Ka, and ended by 2.4 Ka.

Another example of wetter early Holocene conditions
comes from studies on the distribution of settlements in
eastern North Africa (fig. 11.1; Kuper and Kropelin 2006).
Prior to 10.5 Ka, known settlements were limited to the
Nile River valley. Between that time and 7.4 Ka, people
were occupying all of northeast Africa west of the Nile.
Between 7.4 and 5.6 Ka, settlements became much more
restricted in the region, and of course far more so in the
time since 5.6 Ka. These archeological obsevations are
just two examples of ways in which orbitally driven cli-
mate changes during the Holocene have had a profound
impact on human civilization.

MILLENNIAL-DURATION RAPID CLIMATE
CHANGE DURING THE HOLOCENE

Studies of ice-rafted detritus in Holocene sediments
from the main IRD belt in the North Atlantic suggest
that climate changes lasting about a millennium con-
tinue to the present, and that these changes may be
driven by variability in the brightness of the sun (Bond
et al. 2001). There is evidence that these climate changes
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Before 10.5 ka 9-10.5 ka

[£1 > 50 mm/yr
> 150 mm/yr
> 300 mm/yr
[ > 450 mm/yr

7.3-9ka 5.5-7.3 ka

Fig. 11.1. Estimated rainfall in North Africa, and the distribution of
human habitation during four time periods of the Holocene (Kuper
and Kropelin 2006). Solid dots indicate sites of human settlement,
and darker grays reflect more vegetation and higher precipitation.
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Fig. 11.2. Comparison of Holocene accumulation rates of ice-rafted
detritus in North Atlantic sediments, and solar brightness as inferred
from past changes in the production rate of *C by cosmic rays. Black
curve: Relative accumulation rate of ice-rafted detritus (higher rates to-
ward the top). Gray curve: Production rates of *C versus time (higher
rates, toward the top, imply a dimmer sun). From Bond et al. (2001).

in the North Atlantic were synchronous with changes in
other regions. We first discuss data for linked millennial-
duration climate changes in different regions, and then
examine the evidence for solar forcing.

Perhaps the critical data are measurements of the ac-
cumulation rates in North Atlantic deep-sea sediments
of ice-rafted detritus, with sources in Hudson’s Bay,
Greenland, and Iceland (fig. 11.2). There are IRD abun-
dance maxima at millennial intervals throughout the
Holocene. The maxima are coherent between different
IRD minerals in the same core, and they are coherent
between cores spanning a wide area (Bond et al. 2001).
What is remarkable about this record, however, is that
the IRD variations coincide with variations of solar
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intensity as inferred from the abundance of cosmogenic
isotopes. The proxy quality of cosmogenic isotopes was
discussed in the last chapter; the bottom line is that, as
the sun shines brighter, less radioactive “Be and "C are
produced in the atmosphere and contemporaneous sedi-
ments. As one example of Bond’s results, we compare IRD
abundance and cosmogenic isotope production rates in
figure 11.2. The left axis is a measure of the average rela-
tive abundance of IRD in four North Atlantic sediment
cores; the right axis is a measure of ’Be production rates
with respect to the long-term mean. This comparison
provides visual evidence, supported by statistics, that ice
rafting in the North Atlantic was more rapid when the
sun was shining less brightly (Bond et al. 2001).

For two reasons, the Bond curves have become a tem-
plate against which to compare other high-resolution
Holocene records. First, they suggest that solar variabil-
ity leads to detectable variability in climate that may be
manifested elsewhere on the planet. Second, as we saw
in chapter 10, ice age climate changes originating in the
North Atlantic may be linked to climate change in the
tropics and elsewhere. The same links between high-
and low-latitude climate would exist in the Holocene, al-
though changes would be smaller and harder to detect. In
their extensive review of Holocene climate records from
around the globe, Mayewski et al. (2004) identified six
periods of anomalous climate in different regions, which
they referred to as periods of “rapid climate change”
Dates of these periods (9-8 Ka, 6-5 Ka, 3.5-2.5 Ka, 4.2-
3.8 Ka, 1.2-1 Ka, and 0.15-0.6 Ka) roughly coincide with
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cold times in Greenland. On the other hand, correlations
between records of Holocene climate changes in other
areas are, generally, modest. This is to be expected be-
cause Holocene temperature changes were small, and
solar forcing was clearly weak and had to compete with
other modes of climate variability. These other modes
contaminate the record by adding features not originat-
ing with the sun, and by sometimes even canceling solar
signals. Even in the North Atlantic, Holocene tempera-
ture records may look very different from the Bond IRD
histories (for example, see Came et al. [2007]).

Solar forcing may have contributed to the two major
climate excursions of the last millennium, the Medi-
eval Warm Period and the Little Ice Age (Bard and
Frank 2006). The Medieval Warm Period was an inter-
val around 1000 BP when the global climate was some-
what warmer than during the previous millenium. The
Little Ice Age was an interval from about 1300 to 1850
when global climate was somewhat cooler. Evidence for
these temperature changes comes primarily from tree
ring records, data on advances and retreats of moun-
tain glaciers, borehole temperature studies (described
in chapter 10), studies of ocean temperatures, and stud-
ies of ice-rafted detritus in the North Atlantic (Bond et
al. 2001; Bradley 2000; Broecker 2001; Cook et al. 2004;
Mayewski et al. 2004; Wanner et al. 2008). In the Bond
cosmology, the Medieval Warm Period and the Little Ice
Age are the latest warm and cold periods of the current
solar cycle, and since about 1850 Earth has been recover-
ing from the Little Ice Age.
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WAS SOLAR VARIABILITY AN IMPORTANT
CAUSE OF HOLOCENE CLIMATE CHANGE?

The great puzzle of solar forcing is how very small
changes in solar output can lead to significant changes in
climate. The total variation in solar output estimated for
the past millennium, according to one study;, is slightly
less than 1 Wm™ out of 342 Wm™, or about 0.3% (fig.
11.3). Using the Stefan-Boltzmann equation (chapter 1),
we can calculate that such a change will lead to a glob-
ally averaged temperature change of about 0.2°C. Such a
small warming can lead to discernable climate change if
climate feedbacks focus the warming in a small area of
the planet.

To give some idea about why the North Atlantic re-
gion responds so strongly, we briefly summarize results
of two atmospheric modeling studies. In the model of
Shindell et al. (2001), changes in solar irradiance lead
to a series of interactions between the stratosphere and
troposphere, and between the high northern latitudes
and the tropics. Changes in the UV flux from the sun
are about 10 times larger than changes in total solar lu-
minosity. The changing UV flux leads to variations in
stratospheric ozone abundance, and UV absorption in
the stratosphere then changes. When solar luminosity
increases, the tropospheric circulation comes to resem-
ble that of the positive mode of the North Atlantic Os-
cillation, a measure of the meridional pressure gradient
in the North Atlantic. The positive mode is character-
ized in part by stronger westerly winds. In wintertime,
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Fig. 11.3. Radiative forcing from the (a) sun and (b) greenhouse gases
(black) and aerosols (gray), estimated for the last millennium (Swinge-
douw et al. 2011). Variations in solar forcing should be compared with
the background value of 342 W m™=

these winds transport heat from the warm ocean to the
cold land, causing warmer continental winters; this is a
key process leading to sun-induced climate change. In
the model of Swingedouw et al. (2011), the initial conse-
quence of increased solar irradiance comes in the tropics
(particularly the tropical Pacific), where solar heating is
most intense. Interactions between the atmosphere and
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the oceans lead to atmospheric pressure changes in high
North Pacific latitudes that are then transmitted to the
North Atlantic by the jet stream. Changes in sea level
pressure are manifested as changes in the North Atlan-
tic Oscillation that then cause temperature changes over
land as in the model of Shindell. In addition, changes in
ocean temperatures lead to changes in sea ice that act
as a positive feedback; warming, for example, melts sea
ice, decreasing albedo and increasing heat transfer from
ocean to land.

Was solar variability an important cause of Holocene
climate variability? We can look at the evidence, but at
the present time we just don't know. A number of issues
contribute to our uncertainty. First, of course, forcing
from the small changes in solar variability is weak, and it
is difficult to identify climate records that are dominated
by this particular forcing. Second, solar variability is in-
ferred from changes in the abundance of cosmogenic
isotopes, but there is controversy about the relation be-
tween cosmogenic isotope production rates and solar
luminosity. Third, modeling can give guidance about the
footprint of climate change that would be caused by the
sun, but there is not yet a consensus of modelers as to
what this footprint would look like.

OTHER HOLOCENE CLIMATE EVENTS

Many other noteworthy changes in climate occurred
during the Holocene, some having profound impacts for
civilizations. We focus on three of these events. The first,



THE HOLOCENE

occuring at 8.2 Ka, was a kind of baby Heinrich event
that was a last gasp of the dying glacial world. The other
two are representative of a class of events in which im-
portant regional precipitation changes on land can be
traced back to anomalies in ocean temperature.

The 8.2 Ka event originated with Lake Agassiz, a
massive ice-dammed lake in Canada south of Hudson’s
Bay, which was filled with water from the melting rem-
nants of the Laurentide ice sheet. Ice dams are unstable.
When this one gave way, the total volume of the lake—
160,000 km® according to one estimate—emptied into
the Atlantic within a year or so (Clarke et al. 2003). A
low-salinity surface layer formed in the North Atlantic,
suppressing formation of North Atlantic Deep Water and
causing a regional cooling, as during Heinrich events.
The 8.2 Ka event is best recorded by a minimum in the
temperatures logged in ice cores from central Greenland
(Alley and Agustsdottir 2005). This event is manifested
in other areas by climate excursions similar to those
characterizing millennial climate change. Glaciers ad-
vanced in northern Europe, temperatures fell in ice-free
areas to the south, areas affected by the Asian monsoons
become drier, and the ITCZ shifted to the south, dimin-
ishing precipitation in the low latitudes of the Americas.
North American land areas became cooler and drier.
A decrease in the atmospheric methane concentration
is further evidence for a reduction in Northern Hemi-
sphere precipitation.

Sea surface temperature can influence rainfall in
several ways. Sea surface temperatures influence air
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temperatures, and therefore winds and atmospheric
transport. They influence cloudiness and the fluxes of la-
tent heat from low latitudes to high latitudes, and from
the sea surface to higher elevations. They also influence
the sea-land temperature gradient that drives the sum-
mer monsoon. Locally, for example, warmer ocean tem-
peratures will lead to weaker monsoons. The influence
of sea surface temperatures on regional precipitation
can be assessed based on correlations of data and model
properties, but it is not always possible to understand the
dynamics underlying a certain relationship. With these
complications in mind, two examples illustrate the influ-
ence of sea surface temperature on precipitation in the
Sahel.

The Sahel is the region, centered around 12° N, stretch-
ing across North Africa from the Atlantic to the Indian
Ocean, and from the Sahara desert in the north to grass-
lands and tropical forests in the south. The period from
about 1960 to 1980 included very dry intervals, which
led to serious famines. In both data and models, drought
has been connected to anomalously warm temperatures
in the tropical Indian and Pacific Oceans (Biasutti et al.
2008; Giannini et al. 2003). Giannini et al. suggested that
warm Indian and Pacific sea surface temperatures would
have introduced patterns of atmospheric circulation that
intefered with the summer monsoon. Biasutti et al. de-
termined that the meridional sea surface temperature
gradient in the Atlantic was also an important influence
on precipitation.
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“Dust Bowl” refers to a period between 1932 and 1938
when there was a widespread drought in the Great Plains
region of the United States, accompanied by intense dust
storms. The period was chronicled in John SteinbecK’s
novel Grapes of Wrath, in Walkers Evans’ photographs,
and in Woody Guthrie’s songs (“So long, it’s been good
to know you/This dusty old dust is a gettin’ my home/
and I got to be movin’ along”). With an approach in-
volving both data analysis and modeling, Schubert et
al. (2004) showed that low rainfall was due to a com-
bination of anomalously cool sea surface temperatures
in the equatorial Pacific, and warm temperatures in the
equatorial Atlantic. Both anomalies influenced upper air
circulation in a way that diminished precipitation. The
Atlantic effects, which are easier to understand, served
to block wet air originating in the Gulf of Mexico from
passing onto North America and supplying moisture to
the Great Plains. The effects of low precipitation were ex-
acerbated by the drought itself: dry conditions led to low
soil moisture and the absence of evaporation that could
drive more precipitation.

Many other Holocene droughts have been discovered
by paleoclimate studies, including several very severe
droughts in the Great Basin over the past millennium. In
most cases we don't have a sophisticated understanding
of their origin. However, it is likely that many periods
of unusually dry (and wet) climates were caused by sea
surface temperature anomalies, with dynamics similar to
those involved in the Sahel drought and the dust bowl.
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12 ANTHROPOGENIC
GLOBAL WARMING

IN THE CONTEXT

OF PALEOCLIMATE

................................................................................

OUR CURRENT UNDERSTANDING IS THAT, DURING AL-
most all of Earth’s history, interactions between Earth’s
interior, surface processes, and global climate feedbacks
regulated atmospheric greenhouse gas concentrations so
that temperatures were in the habitable range over most
of the planet. Certainly this statement is true for the last
600 Myr, while Earth was inhabited by animals; uncer-
tainty exists for most earlier times because we can't ac-
curately characterize surface temperatures.

Evidence of ice in the tropics suggests that the climate
went haywire at about 2.4 Ga (2.4 billion years ago),
when atmospheric O, levels rose, and again about 710
and 630 Ma during Snowball Earth. Otherwise there is
little evidence for great ice ages except for the Late Pa-
leozoic (about 360-270 Ma) and the last half of the Ce-
nozoic (34 Ma to the present). Like so many statements
about past climate, some qualification is necessary; there
were isolated glacial events earlier in the Paleozoic, and
nearshore successions of sediment facies reflecting dif-
ferent water depths suggests that, at times in the Precam-
brian, sea levels changed as ice sheets waxed and waned.
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The Late Paleozoic ice ages were followed by a long,
ice-free period culminating in the equable climates of the
Cretaceous and early Cenozoic. After a period of maxi-
mum warmth at around 50 Ma, the planet progressively
cooled. Seminal events in this cooling occurred at 34
Ma (development of large ice sheets around Antarctica),
3 Ma (development of large ice sheets on the Northern
Hemisphere continents and the origin of 40 Kyr ice age
cycles), around 1 Ma (origin of the 100 Kyr ice age cycles),
and 10 Ka (the end of the last glacial termination and the
rise of atmospheric CO, to “preindustrial” levels).

An interesting feature of the Cenozoic climate is that
the amplitude of climate change became larger as the
mean climate became cooler. This pattern has two main
causes. First, when the climate cooled below a certain
threshold, large ice sheets developed that led to addi-
tional cooling from the ice albedo. Second, there were
positive feedbacks between the physical climate system
and the atmospheric CO, concentration that enhanced
the magnitude of glacial-interglacial cycles; cooling cli-
mates led to changes in ocean circulation that caused the
CO, concentration to fall. One could imagine a world
with different continental positions where cooling would
cause changes in ocean circulation leading to a higher
CO, concentration. In this case, CO, would provide a
negative feedback on glacial-interglacial climate change,
and climate would be locked into some (presumably
cool) intermediate state. Such locking probably occurred
at times in the deep past but this phenomenon would be
difficult to recognize in the sedimentary record.
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Our ancestors gradually evolved in a world of chang-
ing climate. Human ancestors split from chimpanzees,
our closest relatives, at around 7 Ma. Over the following
millions of years, the bodies and brains of our ancestors
became larger, bipedality developed, and they gradu-
ally evolved into us. The details are controversial. Many
anthropologists would say that Neandertals appeared
around 250 Ka, and anatomically modern humans de-
veloped sometime after 200 Ka. In deposits dating back
to about 30 Ka, beautifully sculpted tools and spectacular
carvings and cave paintings indicate that Homo sapiens
had faculties fully equivalent to our own. By about 25 Ka
anatomically modern man had interbred with Neander-
tals, or replaced them in their last European redoubts.

Climate change had a profound influence on human
migrations. For example, around 14 Ka, the region of
the Bering Straits became habitable enough that Asians
could cross over into North America before sea level rose
enough to cover the land bridge. The peopling of the
Americas was soon followed by the extinction of most
large American mammals. The cause(s) of this megafau-
nal extinction is contentiously debated. One contingent
invokes human hunting to extinction. A second view
is that the megafauna died because of disease linked to
human habitation. Common to these hypotheses is the
view that climate change in some way played a large role
in the chain of events leading to the mass extinction, as
well as the migration to the Americas.

Humans and human ancestors, like all other animals,
evolved physically and culturally in a way that was shaped
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by climate. Our present physiognomy must reflect the
long Cenozoic climate deterioration and the evolutionary
pressures of the large glacial-interglacial cycles. There is
a considerable literature dealing with human origins and
climate, but it is difficult to attribute specific biological
characteristics to specific climate phenomena.

Around 10 Ka, our ancestors discovered farming, set-
ting the stage for large communities, division of labor,
tyranny, and the development of powerful political enti-
ties. There seem to have been two requirements for the
development of agriculture. The first was the develop-
ment of the necessary level of intelligence. It seems rea-
sonable to speculate that, by about 30 Ka, anatomically
modern humans had evolved the capabilities for the
task. The second was the rise of atmospheric CO, to the
preindustrial level; this occurred by about 10 Ka. This
change may have been essential for agriculture to be-
come sustainable. The growth of plants can be limited by
the availability of CO, in the atmosphere. The crop yield
might have allowed farming to compete with hunting
and gathering only when CO, had risen to preindustrial
levels. Subsequently, advances in agriculture allowed
larger and larger political entities to develop, leading to
the modern world.

Climate has shaped civilization in many ways. Here is
one obvious example: fertile areas of the planet are more
heavily populated than deserts and ice-covered regions.
However, there are many more subtle examples.

Civilization has developed to the point where hu-
mankind is now interacting with climate rather than
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merely responding. The primary way we are doing this
is by adding CO,, the leading agent for natural climate
change over the Phanerozoic and beyond. We can assess
the effects of this action using models that predict future
climate, and by intelligently judging the implications of
the paleoclimate record. Our best understanding is that
fossil fuel emissions will lead to global warming, sea
level rise, and large regional changes in rainfall during
the coming centuries. With a high probability, we are al-
ready experiencing these effects in our climate. Already
the planet has warmed by nearly 1°C. Sea level is rising at
the rate of about 30 cm/century, and this rate is likely to
increase as the planet warms.

How should we view the prospect of anthropogenic
climate change? From the perspective of paleoclimate,
it might not be particularly troubling, or even seem un-
welcome. The present world is good enough for human
habitation. However, it would improve if Greenland and
Antarctica were unglaciated and habitable, and if there
was more rainfall in areas that are currently deserts. For
humans, in other words, the world might be more habit-
able if conditions resembled the high CO, equable cli-
mates of the Cretaceous, Paleocene, and Eocene.

The problem of anthropogenic global change, then, is
not necessarily that we are heading for a less habitable
planet. The problem is that both natural ecosystems and
civilizations are aligned to the historic pattern of climate
and water resources. Global warming will destroy this
alignment is some regions. The most obvious example
is sea level rise, which will render regions uninhabitable
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that are now occupied by tens or hundreds of millions
of people. Shifting temperatures and rainfall belts will
open some northern areas to agriculture while making
agriculture impossible in some currently farmed regions.
The disappearance of mountain glaciers will make water
unavailable for agriculture in the seasons it is needed,
and will supply water at other times when it may not be
used efficiently.

The continued burning of fossil fuels will cause the at-
mospheric CO, concentration to rise. If we burn all read-
ily available fossil fuels in the next few hundred years, we
are likely to drive the atmospheric CO, concentration up
to 1500 ppm or so, over five times the preindustrial level.
This estimate takes into account that over hundreds of
years, a large fraction of CO, is taken up rather quickly
by the growth of forests and by dissolution in the oceans.

This high atmospheric CO, level would be unsustain-
able. The warm temperature and high CO, burden mean
that once fossil fuels were exhausted, weathering would
consume CO, faster than it is added by natural sources.
The excess CO, would thus be slowly consumed and
dissipated by weathering, exactly as for the Paleocene-
Eocene Thermal Maximum. Carbon dioxide concentra-
tions would fall, over a period of about 100,000 years,
back toward their natural equilibrium level. With such
a long horizon, two other factors would come into play.
The first is orbital change and the natural climate cycle,
which would push Earth back toward a glacial mode at
some point. The second is additional transformations of
the environment by humans. These tranformations are



ANTHROPOGENIC WARMING AND PALEOCLIMATE

likely to be severe but cannot now be predicted. As for
the past 4.5 Ga, Earth’s climate in the near geologic fu-
ture will be determined by changes in greenhouse gases,
albedo, Milankovitch forcing, and perhaps solar vari-
ability. However, we cannot now know the forcings that
will dominate climate change hundreds of thousands of
years or more in the future, and hence cannot judge how
climate will respond. Stay tuned.
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Albedo—Planetary reflectance; the fraction of sunlight inci-
dent on Earth that is reflected directly back to space.

Alkenones—See Uk, index.

Antarctic isotope maxima—Relatively warm periods in Ant-
arctica, recognized from the isotopic composition of ice in ice
cores, which occurred during the recent ice ages. Antarctic
isotope maxima are associated with increasing atmospheric
CO, concentrations and very cold periods in Greenland and
surrounding areas.

Aragonite seas—The state of the oceans at those times dur-
ing the last 543 Myr when the Mg?**/Ca?* ratio of seawater was
high, causing the inorganic CaCO, precipitating from seawa-
ter to crystallize as the mineral aragonite.

Biological pump—The transfer of carbon from the surface
ocean to the deep sea by the formation and sinking of organ-
isms and biological debris.

C3 and C4 grasses—Plants distinguished by the manner in
which they acquire CO, for transformation into tissue. C3
plants transform atmospheric CO, directly into a 3-carbon
compound. C4 plants add atmospheric CO, to a 3-carbon
compound to make a 4-carbon compound and then release
the CO, molecule in the proximity of the enzyme Rubisco for
photosynthesis. Some grasses are C4; all other plants are C3.

Compensation depth—The depth below the sea surface at
which all accumulating CaCO, dissolves.
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Coriolis force—An apparent force associated with Earth’s spin
that influences the motion of fluids.

Banded iron formation—A sedimentary sequence consisting
of alternating layers of iron oxide and chert.

Brine inclusion—A sample of evaporating seawater trapped
by precipitating salts.

Calcite seas—The state of the oceans at those times during
the last 543 Myr when the Mg?*/Ca?* ratio of seawater was low,
allowing inorganic CaCO, precipitating from seawater to crys-
tallize as the mineral calcite.

Climate sensitivity—The rise in average global temperature
associated with a doubling of the atmospheric carbon dioxide
concentration.

Coccolithophorids—Single-celled photosynthesizing organ-
isms with external skeletons made up of plates, or liths, of
CaCo.,.

Cyclothems—Repetitive sedimentary sequences formed from
rising and falling sea levels resulting from the melting and re-
growth of ice sheets.

0 notation—The notation used to report the relative abun-
dances of the stable isotopes of an element. A  value of 1 per mil
signifies a difference in abundance ratios of 1 part per thousand.

Degassing—In a global geochemical context, the transfer of
volatile elements and compounds (CO,, water, noble gases,
etc.) from the hot solid Earth to the oceans and atmosphere.

Diagenesis—Chemical alteration of fossils or inorganic sedi-
ment after their initial deposition.

Diamictites—Piles of unsorted rocks and dirt. Some diamic-
tites have a glacial origin.
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Dissolved inorganic carbon—Carbon dioxide, carbonic acid,
bicarbonate, and carbonate. The concentration of dissolved
inorganic carbon is the sum of the concentration of these four
species.

Dropstones—Rocks released by melting icebergs.

Eccentricity—A measure of the “unevenness” or noncircular-
ity in the path of Earth’s orbit around the sun.

El Nifio—A condition in the equatorial Pacific Ocean in
which surface waters are unusually warm in the eastern side.
During El Nifio events, upwelling is suppressed and pat-
terns of precipitation and winds are altered in the tropics and
beyond.

Equable climates—The term describing periods of climate
much warmer than the present, particularly in high latitudes.

Forcing or climate forcing—An influence leading to a change
in Earth’s climate. Examples include changes in greenhouse
gas concentrations or changes in solar luminosity.

40K world—The period extending from about 2.5 Ma to 1 Ma,
when Earth’s climate was characterized by glacial-interglacial
cycles of 40 Kyr duration, driven by changes in obliquity.

Foraminifera—A phylum of amoeboid protists with CaCO,
skeletons that is ubiquitous in the ocean surface and sea floor.
Foraminifera are common in ocean sediments and extensively
studied for the information they contain about past climates.
Planktonic foraminifera live near the sea surface and benthic
foraminifera live on the sea floor.

Geocarb model —A mathematical model advanced by R. A.
Berner and colleagues to account for major geological and
biological processes that influence the atmospheric CO, con-
centration and to reconstruct its value during the last 543 Ma.



GLOSSARY

Gigaton (Gt)—As used here, a measure of the mass of carbon
in a reservoir, corresponding to 10° tons or 10* grams.

Glacioeustacy—Changing sea levels resulting from the
growth and decay of continental ice sheets.

Heinrich events—Intervals of massive iceberg discharge into
the North Atlantic. Melting of these icebergs led to major
changes in ocean circulation and regional climates.

Ice cores—Cores of ice obtained by drilling through glaciers,
and analyzed for various chemical and isotopic properties that
reflect past climates.

Ice-rafted detritus (IRD)—Small rock fragments that are en-
trained by glaciers, transported to distant areas of the ocean in
icebergs, and released upon melting.

Interplanetary dust particles—Fine solar system debris
slowly raining down on Earth.

Interstadial events—Warm periods in the North Atlantic,
with correlative climate changes elsewhere, and associated
with rapid climate changes during glacial times. Interstadial
events are also known as “Dansgaard-Oeschger events”

Isostacy—The depression or emergence of bedrock in re-
sponse to the change in a load, such as the growth or decay of
a large ice sheet.

Isotope fractionation—The partial separation of isotopes in
chemical reactions or physical processes.

Isotopes—Forms of an element distinguished by the number
of neutrons in the nucleus. Stable isotopes maintain their in-
tegrity indefinitely. Radioactive isotopes transform at a char-
acteristic rate into other elements.

Lapse rate—The rate at which temperature decreases with el-
evation above Earth’s surface.



GLOSSARY

Lysocline—The depth below the sea surface at which CaCO,
in surface sediments first starts to dissolve.

Meridional heat transport—The transfer of heat from low
latitudes to high latitudes by the movement of air or seawater.

Methane hydrates—Solid compounds, formed under high
pressure in sediments, composed of water and methane.

Methanogenesis—The biological process in which organic
carbon is decomposed to methane and carbon dioxide to pro-
duce energy.

Milankovitch theory—A theory that attributes glacial cycles to
changes in seasonality associated with variations in obliquity,
eccentricity, and precession of Earth’s orbit around the sun.

Mobile reservoirs—Surficial reservoirs in which carbon is
exchanged over relatively short time scales. They include the
land biosphere, soil, atmosphere (CO,), and seawater (con-
taining dissolved inorganic carbon).

Monsoon—The period of heavy summer rainfall in certain
continental regions induced by heating of the land, and lead-
ing to rising air and precipitation.

North Atlantic Deep Water (NADW)—A major oceanic
water mass that forms when surface water cools in the North
Atlantic, becomes dense, sinks, and flows southward; it ac-
counts for a significant amount of the interior waters in the
Atlantic

Northern Hemisphere glaciation—An imprecise term gen-
erally used to describe the appearance of large ice sheets in
North America and Eurasia.

Obliquity—The inclination of Earth’s spin axis with respect
to a line perpendicular to the plane of planets’ orbits around
the sun.
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100K world—The last ~1 Mya of Earth history, characterized
by large glacial-interglacial cycles of 100 Kyr duration.

Paleosol—A fossil soil.

PDB—The arbitrarily selected CaCO, standard against which
the "0 and 0"C of CaCO; are measured and reported. If a
sample has a 0 value of zero, its isotopic ratio is identical to
PDB; if its 0 value is greater than zero, the heavier isotope is
more abundant in the sample than in PDB.

Phytoplankton—Single-celled photosynthesizing organisms
responsible for most organic matter production in the open
ocean.

Polymorph—Forms of a single chemical compound distin-
guished by the arrangement of atoms in the crystal.

Precession—The very slow wobble of Earth’s spin axis as it or-
bits the sun.

Preindustrial time—The period before industrial activities
began affecting the atmospheric CO, concentration, generally
taken as preceding 1800 or 1850.

Radiative equilibrium—The condition in which any body in
a vacuum (including Earth) is gaining and losing heat at the
same rate.

Recrystallization—The process by which crystals dissolve
and reprecipitate. The primary chemical signal is generally lost
in the process.

Rapid climate change events—A descriptive term that is also
used to specifically represent events during glacial periods,
lasting hundreds or thousands of years, in which Greenland
and surrounding areas warmed very quickly, and climates
changed simultaneously over many regions of the planet.
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Rhythmites—Cyclic sediments formed by repeating events.

Snowball Earth events—Periods when Earth is believed to
have been completely covered by ice.

Snowline—The elevation above which the ground is covered
by a glacier during the entire year.

Solar luminosity—The rate of energy generation by the sun.

Speleothems—Deposits of CaCO, formed from cave waters,
including stalagmites, stalactites, and flowstones.

Stratosphere—The region of the atmosphere immediately
above the troposphere, extending from about 15 to 50 km in
elevation, and characterized by increasing temperature with
elevation.

TEX,, index—An index that reflects the relative abundance
of specific, similar, organic compounds (membrane lipids).
These compounds are produced by microorganisms, and their
relative abundance is sensitive to the temperatures at which
the organisms grow. Measuring the index in organic debris of
ancient sediments allows us to reconstruct growth tempera-
tures, and hence water temperatures, at a time in the past.

Thermocline—A depth interval in the oceans in which sea-
water temperature decreases rapidly with depth, and density
increases rapidly.

Tropopause—The boundary between the troposphere and the
stratosphere, lying about 15 km above Earth’s surface.

Troposphere—The lower 15 km or so of Earth’s atmosphere,
characterized by a decrease in temperature with elevation.

Uk37 index—An index analogous to TEX,  that reflects the
relative abundance of specific, similar, organic compounds (al-
kenones). These compounds are produced by microorganisms,
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and their relative abundance is sensitive to the temperatures at
which the organisms grow. Measuring the index in organic de-
bris of ancient sediments allows us to reconstruct growth tem-
peratures, and hence water temperatures, at a time in the past.

Weathering—The chemical process in which igneous and
metamorphic rocks on Earth’s surface react with CO,. The
rocks are partly dissolved and clay minerals are left as residues,
comprising soils.
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